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Abstract 
 
Stable water isotopes represent a powerful tracer of the thermodynamic history of water 
in an air parcel, and are also thought to be preserved in a wide array of geologic proxy materials. 
As a result, the isotopic compositions of proxy materials in continental environments are 
commonly used to estimate past climates, elevations, or environments. However, the modern 
controls on the spatiotemporal distribution of stable water isotopes are poorly understood in 
many environments. 
This dissertation addresses uncertainties in modern water cycling in high elevation 
regions and in forest canopies, with an eye toward understanding how these processes may 
impact our interpretation of proxy material isotopic compositions. Chapters 2 and 3 present 
multiyear records of the isotopic composition of precipitation and surface waters in the central 
Andes, respectively. Chapter 2 elucidates a strong connection between the isotopic composition 
of precipitation and continental-scale climate dynamics. These measurements affirm elevation as 
a primary control on isotopic composition, but this relationship varies substantially in space and 
time. Chapter 3 demonstrates that surface water isotopes reflect precipitation isotopes along the 
eastern Andean flank, but are evaporatively modified on the high elevation plateau, where the 
majority of paleoelevation proxies have been recovered. Coupled with paleoclimate simulations 
that indicate the Andes were likely more evaporative when they were lower, these results suggest 
that prior estimates of Neogene elevation change from stable isotope proxies are likely too high. 
Chapter 4 presents seasonal and interannual records of the isotopic composition of near-surface 
water vapor in a deep mountain valley, and demonstrates the influences that local and remote 
processes have on near-surface vapor. Chapter 5 investigates how an intermediate canopy 
disturbance influences water cycling in a northern Michigan forest by analyzing the vertical 
structure of the isotopic composition of near-surface vapor. These observations highlight the 
utility of stable water isotopes to constrain a wide array of process-level information unavailable 
from measurements of water mass fluxes alone. Further, they illustrate the potential for long-
term isotope monitoring to detect local-to-regional changes in atmospheric moisture transport 
 xiii 
and ecohydrology and validate predictions of land-atmosphere water exchange fluxes in land 
surface and Earth system models.  
 
 
1 
Chapter 1. Introduction and Context 
 
Water is a critical component of the Earth’s energy and carbon cycles. The terrestrial 
hydrological cycle represents a balance between precipitation, surface runoff, and 
evapotranspiration (ET). Perhaps as much as 50% of the total solar energy absorbed at the land 
surface is consumed by the ET flux as latent heat from evaporating water [Trenberth et al., 
2009]. Once in the atmosphere, water vapor exerts the strongest radiative effect of any 
atmospheric greenhouse gas [Held and Soden, 2000] and is essential to Earth’s habitability. 
Atmospheric water vapor is also acutely responsive to changes in global temperature. Changes in 
the radiative influence of water vapor with temperature represents the single largest amplifying 
feedback in the modern climate [Held and Soden, 2000; Bony et al., 2006; Soden and Held, 
2006]. In terrestrial environments, transpiration flux (T in ET) couples the water cycle to the 
carbon cycle, as plants release water in order to assimilate carbon. Therefore, addressing 
uncertainties in the modern hydrologic cycle also informs our understanding of how energy and 
carbon move through the environment. 
In addition to its influence on modern climate, past changes in the hydrological cycle 
have direct impacts on how we understand and reconstruct past environments [Barron et al., 
1989; Pierrehumbert, 2002]. Many paleoenvironmental proxies in continental settings either 
directly preserve paleowaters (e.g., ice cores and fossil groundwater), or form in contact with 
water (e.g., pedogenic carbonates, hydrated clays, and volcanic glass). Many of these materials 
preserve a proxy record of the stable isotope composition of past waters. The modern distribution 
of water isotopes is broadly dependent on climatology and elevation [e.g., Dansgaard, 1964; 
Siegenthaler and Oeschger, 1980; Bowen and Wilkinson, 2002], and therefore, past water 
isotopic compositions are thought to provide a record of past climates and/or past elevations. 
This thesis seeks to address uncertainties in modern water cycling processes using stable 
water isotopes, with an eye toward using improved understanding of modern processes to inform 
the interpretation of proxy material isotopic compositions. The first half of this thesis explores 
isotopic compositions of precipitation and surface waters in the high central Andes, and relates 
them to proxy records of paleoclimate and paleoelevation. The second half of this thesis focuses 
 
 
2 
on the isotopic composition of atmospheric water vapor in two different environments: a deep, 
high elevation mountain valley and two forest canopies thought to represent different forest 
successional states. 
1.1 Stable isotope introduction 
Stable water isotopes are a useful recorder of environmental processes that transport 
water and water vapor. Their utility arises from an unequal partitioning of heavy and light stable 
isotopes during phase changes. In any phase change, the more condensed phase (e.g., liquid or 
ice) retains or gains more of the heavy stable isotope than the less condensed phase (e.g., vapor 
or liquid) [Gat, 1996]. The partitioning is small, and therefore, isotopic compositions (δ) are 
typically expressed as part-per-thousand deviations from an international standard:  𝛿 = 1000 𝑅!"#$%&𝑅!"# − 1  
where R is the heavy-to-light isotope ratio of the element of interest. Water compositions are 
typically expressed relative to Vienna Standard Mean Ocean Water, VSMOW [Coplen, 1996]. 
Partitioning between phases can occur due to both equilibrium and kinetic fractionations. 
Equilibrium fractionation between two phases of water depends solely on temperature [Majoube, 
1971; Horita and Wesolowski, 1994]. Kinetic fractionation occurs when phases are unable to 
reach equilibrium, and is most commonly associated with evaporation. During evaporation, 
isotopes of hydrogen and oxygen are partitioned unequally due to differences in molecular 
diffusivity [Merlivat and Jouzel, 1979; Cappa et al., 2003; Barkan and Luz, 2007]. Due to the 
changes in isotopic composition induced by these fractionations, the isotopic composition of 
water in an air parcel represents an integrated history of evaporation, condensation, advection, 
and atmospheric mixing [e.g., Gat, 2000; Galewsky and Hurley, 2010; Noone, 2012]. 
Stable water isotopes have been applied to many disparate areas of the modern and paleo 
hydrological cycle. Precipitation isotopes, for example, have been used as tracers of moisture 
transport pathways [Dansgaard, 1964; Rozanski et al., 1993]. Water isotopes in plant xylem 
record the water pools used within different ecosystems, and have shown that not all 
environmental water pools near the surface are accessible to plants [Brooks et al., 2009; Good et 
al., 2015]. Water vapor isotope compositions have also been used to understand microphysical 
processes within clouds [Galewsky et al., 2011; Bailey et al., 2015]. Stable water isotopes have 
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also been an invaluable tool to reconstruct the paleohydrologic cycle, as many proxies of past 
environments rely on stable water isotopes. Proxy materials such as ice cores [Jouzel et al., 1982; 
Grootes et al., 1989; Petit et al., 1999; Schoenemann et al., 2014] and fossil groundwaters [e.g., 
Rozanski, 1985; Dutton et al., 2005] directly preserve the isotopic composition of paleowaters. 
An even wider array of geological and biological proxy materials are thought to form in 
equilibrium with environmental waters and thus indirectly preserve paleowater compositions. 
The stable isotopic compositions of pedogenic carbonates [e.g., Cerling and Quade, 1993], 
meteoric calcite cements [e.g., Fan et al., 2014], speleothems [e.g., Novello et al., 2012], 
hydrated volcanic glass [e.g., Cassel et al., 2014; Saylor and Horton, 2014], authigenic clays 
[e.g., Mulch and Chamberlain, 2007], mollusk shells [e.g., Dettman and Lohmann, 2000], and 
fossil enamel [e.g., Clementz and Sewall, 2011], among other materials, have all been used as 
paleoenvironmental proxy materials. Their use as proxy materials requires an understanding of 
the mechanism of how proxy materials acquire their isotopic composition from the water they 
are in contact with, as well as the environmental controls on environmental water compositions 
today as well as in the past. This thesis focuses primarily on the latter of these issues.  
1.2  Overview of this dissertation 
 In addition to this introduction (Chapter 1) and concluding remarks (Chapter 6), this 
dissertation contains four studies that use stable water isotopes to better understand modern and 
past hydrologic cycling. Chapters 2 and 3 explore stable isotopes in natural waters of the high 
central Andes and their implications for paleoproxy interpretations. Chapter 2 investigates the 
relationship between precipitation isotopes and continental-scale atmospheric circulation 
[Fiorella et al., 2015b]. These results were the first observational dataset of the isotopic 
composition of precipitation on the high central Andean plateau (the Altiplano), and validate 
predictions of South American climate controls on high Andean precipitation isotopes [Insel et 
al., 2013]. Chapter 3 builds on the study of central Andean precipitation isotopes by 
incorporating surface water isotopes from the Altiplano and from along its eastern flank 
[Fiorella et al., 2015a].  Surface waters on the Altiplano, where the bulk of paleoproxy materials 
have been sampled, exhibit evidence of evaporation not observed along the eastern flank 
transects. Using a regional climate model, we show that uplift of the Andes through the Cenozoic 
has decreased regional aridity. Together, these observational and modeling results suggest that 
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proxy values taken to represent baseline elevations in central Andes paleoaltimetry studies have 
likely been evaporatively altered, and interpretations from these values would be prone to 
underestimate baseline elevations. A revised paleoaltimetric history using only the most negative 
carbonate compositions recorded, based on the assumption that they are the least influenced by 
evaporation, suggest an uplift history more concordant with inferred crustal deformation [e.g., 
Oncken et al., 2006] than previous interpretations that used mean isotopic compositions [e.g., 
Garzione et al., 2006; 2014]. Chapters 4 and 5 investigate water cycling through modern 
terrestrial environments using the isotopic composition of near surface water vapor. Chapter 4 
examines hydrologic cycling in a deep, continental mountain valley in northwestern Wyoming 
across seasonal and diurnal timescales. This work demonstrates that both large-scale and local 
processes leave distinctive, seasonally-dependent fingerprints on near surface humidity. Chapter 
5 explores how forest canopy disturbance can influence transpiration and atmospheric mixing. 
Forest canopy structure and species composition can influence the magnitude and variability of 
environmental fluxes of carbon and water. The University of Michigan Biological Station has 
two forest plots located ~2 km apart, where an accelerated ecological succession experiment was 
initiated in 2008. In this treatment, mortality was induced in all individuals of the early 
successional species. Vertical profiles of isotopic composition show stark differences in diurnal 
cycles between the two sites, indicating that forest canopy structure and species composition 
strongly influences water vapor cycling within the canopy. Together, chapters 4 and 5 
demonstrate the potential role for atmospheric water vapor isotopes to examine changes in 
regional hydrological budgets, such as changes in the amount of atmospheric advection relative 
to evapotranspiration, and provide additional constraints to improved parameterizations of land 
surface processes in Earth system models.  
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Fiorella, R.P., Poulsen, C.J., Pillco Zolá, R.S., Barnes, J.B., Tabor, C.R., and Ehlers, T.A. (2015). 
Spatiotemporal variability of modern precipitation δ18O in the central Andes and 
implications for paleoclimate and paleoaltimetry estimates. Journal of Geophysical 
Research - Atmospheres, vol. 120(10), p. 4630-4656. doi: 10.1002/2014JD022893. 
(Chapter 2) 
Fiorella, R.P., Poulsen, C.J., Pillco Zolá, R.S., Jeffery, M.L., and Ehlers, T.A. (2015). Modern 
and long-term evaporation of central Andes surface waters suggests paleo archives 
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study: Geological Society of America Abstracts with Programs, vol. 46, no. 6, p. 806. 
Vancouver, British Columbia, Canada, 19-22 October. 
Fiorella, R.P., Poulsen, C.J., Pillco Zolá, R.S., Jeffery, M.L., and Ehlers, T.A. (2012). 
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Chapter 2. Spatiotemporal Variability of Modern Precipitation δ18O 
in the Central Andes and Implications for Paleoclimate and 
Paleoaltimetry Estimates1 
2.1 Abstract 
Understanding the patterns of rainfall isotopic composition in the central Andes is hindered by 
sparse observations. Despite limited observational data, stable isotope tracers have been 
commonly used to constrain modern-to-ancient Andean atmospheric processes, as well as to 
reconstruct paleoclimate and paleoaltimetry histories. Here, we present isotopic compositions of 
precipitation (δ18Op and δDp) from 11 micrometeorological stations located throughout the 
Bolivian Altiplano and along its eastern flank at ~21.5°S. We collected and isotopically analyzed 
293 monthly bulk precipitation samples (August 2008 - April 2013). δ18Op values ranged from -
28.0‰ to 9.6‰, with prominent seasonal cycles expressed at all stations. We observed a strong 
relationship between the δ18Op and elevation, though it varies widely in time and space. 
Constraints on air sourcing estimated from atmospheric back-trajectory calculations indicate that 
continental-scale climate dynamics control the interannual variability in δ18Op with upwind 
precipitation anomalies having the largest effect. The impact of precipitation anomalies in distant 
air source regions to the central Andes is in turn modulated the Bolivian High. The importance of 
the Bolivian High is most clearly observed on the southern Bolivian Altiplano. However, 
monthly variability among Altiplano stations can exceed 10‰ in δ18Op on the plateau and cannot 
be explained by elevation or source variability, indicating a nontrivial role for local scale effects 
on short timescales. The strong influence of atmospheric circulation on central Andean δ18Op 
requires that paleoclimate and paleoaltimetry studies consider the role of South American 
atmospheric paleocirculation in their interpretation of stable isotopic values as proxies.  
                                                
1 Official citation: Fiorella, R.P.; C.J. Poulsen; R.S. Pillco-Zolá; J.B. Barnes; C.R. Tabor; and T.A. Ehlers (2015). Spatiotemporal Variability of 
Modern Precipitation δ18O in the central Andes and Implications for Paleoclimate and Paleoaltimetry Estimates. Journal of Geophysical Research 
– Atmospheres. doi: 10.1002/2014JD022893 
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2.2 Introduction 
Stable isotopes in precipitation serve as tracers of modern and past environmental 
processes. Phase changes through processes including evaporation and condensation unequally 
partition the stable isotopes of water with the heavier isotopes (18O, 2H or D) favoring the more 
condensed phase [Dansgaard, 1964; Gat, 1996]. Progressive condensation from an air parcel 
leaves the residual vapor and subsequent precipitation along a trajectory more depleted in heavy 
isotopes. The isotopic composition of precipitation (δp) is expressed as the per mil (‰) deviation 
of the heavy-to-light isotope ratio (R) from the Vienna Standard Mean Ocean Water standard 
(VSMOW) (δp = 1000(Rp/RVSMOW-1)) [Coplen, 1996; Gat, 1996]. A predictable spatial 
distribution of δp emerges when the factors controlling condensation are well known [Bowen and 
Wilkinson, 2002; Bowen and Revenaugh, 2003]. Because δp preserves information about 
hydrologic cycling, it is widely applied to understand modern hydrologic processes [Rozanski et 
al., 1993; Vuille and Werner, 2005; Liu et al., 2010]. Paleoenvironmental reconstructions also 
use δp because several geologic proxy materials preserve δp directly [e.g., ice cores, Grootes et 
al., 1989; Thompson et al., 1998] or form in equilibrium with δp [e.g., pedogenic carbonates, 
Cerling and Quade, 1993; Quade et al., 2007]. Unfortunately, interpretations of δp patterns 
remain hindered in many regions because local measurements of the spatiotemporal variability of 
modern δp are scarce [e.g., Lechler and Niemi, 2012]. One robust trend that is observed on a 
global scale, however, is a general decrease in δp with increased elevation [e.g., Dansgaard, 
1964; Siegenthaler and Oeschger, 1980; Rozanski et al., 1993]. This pattern results from the 
topographically initiated adiabatic lifting of and rainout from air parcels [Rowley and Garzione, 
2007]. The rate of isotopic change with elevation is commonly referred to the isotopic lapse rate. 
Observed isotopic lapse rates at local-to-regional scales are highly variable in space and time 
[Blisniuk and Stern, 2005].  
Despite limited data, stable isotope compositions of natural waters have been widely used 
to infer (paleo)environmental conditions in the central Andes. Existing observations of 
precipitation [Aravena et al., 1999; Gonfiantini et al., 2001; Vimeux et al., 2005; 2011] and 
surface waters [Hoke et al., 2009; Bershaw et al., 2010; Giovanni et al., 2010; Rohrmann et al., 
2014] along the flanks of the central Andean plateau (the Altiplano) form the basis of our 
knowledge of regional water isotopologue distributions (Figure 2.1a). These observations reveal 
that the central Andean isotopic distribution and lapse rate varies considerably in space and time. 
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For example, the δ18Op lapse rate was -1.9 ‰/km on the eastern Andean flank from July 1984-
June 1985 [Gonfiantini et al., 2001] compared to ~ -3.3 ‰/km on the western Andean flank in 
1986 [Aravena et al., 1999]. Estimates of the isotopic lapse rate derived from stream waters also 
vary substantially and range from -1.9 ‰/km [2004-05, ~16°S, Bershaw et al., 2010] to -0.2 
‰/km [2010-13, ~26°S, Rohrmann et al., 2014]. The high observed variability in the δp is 
thought to be related to continental-scale climate variability; precipitation anomalies in upwind 
vapor source regions have been shown to influence eastern Andean flank δp values [Vimeux et 
al., 2005; 2009; 2011; Vuille et al., 2012].  
 
Figure 2.1. Topography and climatology of the central Andes region: (a) Elevation [m; HydroSHEDS; Lehner et al., 
2008] and relevant climate stations, (b) 1998-2013 mean annual precipitation (MAP; mm/yr) from TRMM 3B43 
[Liu et al., 2012]. Prominent topographic features are the broad, flat Altiplano centered between higher peaks to 
the east and west. Elevation and rainfall gradients are strong in the northeastern flanks of the Altiplano 
transitioning to lower gradients east of the southern Altiplano. Precipitation is more seasonal on the Altiplano than 
in the lowlands. 
 
Key uncertainties about controls on central Andean δp remain for several reasons. First, 
observations are neither broadly distributed, particularly within the Altiplano, nor 
contemporaneous. Second, existing modern δp records are short in duration (< 2 years), despite 
known high interannual variability in central Andean climate [Garreaud et al., 2003; 2009]. 
Finally, the δp data lack a consistent sampling method. Some studies measured δp of monthly 
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precipitation [Gonfiantini et al., 2001; Vimeux et al., 2005], while others measured δp from 
individual precipitation events [Aravena et al., 1999; Vimeux et al., 2011]. Thus, it has proven 
difficult to determine if these limited records represent modern climatological mean conditions, 
much less how applicable they may be over geologic time [e.g., Barnes and Ehlers, 2009].  
Climate simulations using isotope-tracking general circulation models have sought to fill 
the gap of limited δp observations and explore how δp changes in response to surface uplift, 
climate change, and different moisture sources [Vuille et al., 2003a; 2003b; Sturm et al., 2007; 
Ehlers and Poulsen, 2009; Lee et al., 2009a; Insel et al., 2010; Lewis et al., 2010; Poulsen and 
Jeffery, 2011; Insel et al., 2012; Jeffery et al., 2012; Insel et al., 2013]. Simulations of modern δp 
confirm a distinct decrease with elevation on the Altiplano margin, yet also predict high 
interannual variability of δp across the entire central Andean region that equals or even exceeds 
the observed flank δp variability [Sturm et al., 2007; Insel et al., 2013]. The simulations 
demonstrate that salient features of South American atmospheric circulation, such as the upper-
level (200 hPa) Bolivian High and the South American Low-Level Jet (SALLJ, 850 hPa), govern 
the patterns of δp, including the steering of air parcels towards the central Andes [Insel et al., 
2013]. Upstream precipitation amounts along the parcel trajectories also contributes to δp 
variability [Vuille et al., 2003a; 2003b; Vuille and Werner, 2005; Sturm et al., 2007; Insel et al., 
2013]. However, observations to validate these simulated large spatiotemporal variations in δp 
remain inadequate. 
We present a long (~5 yrs) observational record of δp in Andes precipitation to augment 
our knowledge of central Andes δp. We next integrate the isotopic data with climate reanalysis 
and air parcel back-trajectory modeling to evaluate whether previously identified controls on δp 
along the eastern Andean flank extend to the high plateau region. Specifically, we test the 
hypotheses that: (a) elevation is a dominant control on Altiplano δp and (b) Altiplano δp inherits 
variability from precipitation anomalies in distant air source regions, as it does along the flanks. 
In addition, we measure δp along a previously unsampled eastern flank transect at ~21.5°S and 
compare it to existing studies to investigate the spatial variability in the δp-elevation relationship. 
Finally, we suggest that prior observational records of modern precipitation may be too short in 
duration to fully sample the natural variability. We then use these insights to discuss how 
improved knowledge of the spatiotemporal patterns of central Andean δp may progress 
interpretation of regional proxies for paleoclimate and paleoelevation. 
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2.3 Background 
2.3.1 Central Andes Climate and Topography 
Strong elevation and annual precipitation gradients in the central Andes likely influence 
δp. In the central Andes, the range splits into two distinct cordilleras each with ~5 km of relief 
that bound the interior, low-relief Altiplano (at ~3800 m elevation) (Figure 2.1). To the west, the 
Atacama Desert in northern Chile receives less than 20 mm/yr precipitation on average, while in 
the Amazon Basin to the northeast, mean annual precipitation (MAP) amounts can exceed 5000 
mm/yr [Garreaud et al., 2009]. On the Bolivian Altiplano, precipitation amounts range from 
~1000 mm/yr in the north (16-18°S) to < 200 mm/yr in the south (20-22°S; Figure 2.1b). Across 
the Atacama Desert located on the western flank, hyperarid conditions arise from strong 
atmospheric subsidence collocated with the cold, coastal Humboldt current [Rodwell and 
Hoskins, 2001; Takahashi and Battisti, 2007; Garreaud et al., 2010]. 
Central Andean climate exhibits a strong seasonal cycle as well. The majority of 
precipitation occurs during austral summer (compare Figure 2.2a,c to 2.2b,d) [Garreaud and 
Aceituno, 2001; Garreaud et al., 2003]. On the Bolivian Altiplano, the proportion of MAP 
falling during December-January-February (DJF) often exceeds 60% [Garreaud et al., 2003]. 
DJF rainfall is typically convective and results from increased moisture convergence that occurs 
with the development of the Bolivian High [Lenters and Cook, 1999] and an increase in SALLJ 
moisture transport [Campetella and Vera, 2002; Insel et al., 2013]. In contrast, arid conditions 
prevail in the absence of the Bolivian High during June-July-August (JJA) (Figure 2.2b,d). 
Precipitation amounts over the Altiplano vary substantially from year to year [Garreaud 
and Aceituno, 2001], perhaps with changes in the position and intensity of the Bolivian High. 
Strengthening or southward displacement of the Bolivian High both favor increased Altiplano 
precipitation, while a weaker or more northerly Bolivian High favors decreased Altiplano 
precipitation [Lenters and Cook, 1999; Garreaud and Aceituno, 2001]. In addition, the amount 
of precipitation on the plateau appears related to the state of El Niño/Southern Oscillation 
(ENSO) [Thompson et al., 1984; Aceituno, 1988; Lenters and Cook, 1999; Vuille, 1999]. 
Changes in precipitation amount and vapor sourcing through such modes of interannual-to-
decadal climate variability likely portend high variability in δp. 
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Figure 2.2. Seasonal climatology for the central Andes from ERA-Interim reanalysis data [Dee et al., 2011]. 
Climatological (1979-2013) mean 850 hPa winds (vectors, m/s) overlying vertically-integrated column water 
(kg/m2) for (a) austral summer (DJF) and (b) winter (JJA). Climatological (1979-2013) upper-level (200 hPa) winds 
overlying anomalous 200 hPa geopotential height relative to the zonal average for (c) DJF and (d) JJA. Major 
features of DJF large-scale circulation drive increased moisture convergence to the central Andes like the South 
American Low-Level Jet (SALLJ, a) and the Bolivian High (c).  
 15 
2.3.2 Stable Isotope Systematics 
The degree of partitioning of water isotopologues (e.g. H216O vs. H218O) during phase 
changes depends on the local environmental conditions. The saturation vapor pressure of heavier 
isotopologues of water is slightly lower than for lighter water isotopologues, which promotes a 
thermodynamic preference for the heavier water isotopologues entering or remaining in the more 
condensed phase. The degree of partitioning at equilibrium, also called the equilibrium 
fractionation factor, decreases with increasing temperature [Majoube, 1971; Horita and 
Wesolowski, 1994]. Kinetic isotopic fractionation can also occur when two phases cannot attain 
isotopic equilibrium. A prominent example of kinetic fractionation is evaporation from the ocean 
surface, where transport of water vapor from the water surface occurs mainly through diffusion 
and turbulent transport [Craig and Gordon, 1965]. The deuterium excess parameter (d-excess = 
δDp - 8δ18Op) is seen as a tracer of the kinetic isotope fractionation history of an air parcel and 
precipitation [e.g., Dansgaard, 1964; Uemura et al., 2008]. 
Following initial evaporation from the ocean, the isotopic composition of precipitation 
has commonly been explained by Rayleigh distillation [e.g., Dansgaard, 1964; Gat, 1996]. In a 
pure Rayleigh system, adiabatic cooling of an air parcel results in condensation occurring in 
isotopic equilibrium with the remaining vapor. Rayleigh distillation assumes that all condensate 
is immediately removed and no mixing of vapor occurs between the air parcel and the 
environment. Continued cooling results in more vapor being removed from the air parcel. Under 
these conditions, the isotopic composition of an air mass is a function of parcel temperature 
during condensation and the fraction of vapor remaining in the air parcel relative to its initial 
value [Dansgaard, 1964; Gat, 1996; Noone, 2012]: 
 
where R is the heavy-to-light isotope ratio, αl-v(T) is the temperature dependent fractionation 
factor between liquid water and vapor [Majoube, 1971; Horita and Wesolowski, 1994], w is the 
water vapor mixing ratio, and a subscript zero indicates initial conditions of the parcel. The 
isotopic composition of water removed from the parcel at any point during condensation can be 
calculated using the equilibrium fractionation factor, αl-v(T): 
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where δl and δv are the isotopic compositions of liquid and vapor, respectively.  
The traditional view is that extratropical δp obeys Rayleigh distillation to first order 
[Dansgaard, 1964; Rozanski et al., 1993]. Surface and cloud-base temperature both correlate 
well with δp on monthly and annual timescales outside of the tropics, with the strongest 
correlations observed at high latitudes [Dansgaard, 1964; Rindsberger et al., 1983; Rozanski et 
al., 1993]. In the tropics, however, annual variability in δp persists despite more uniform annual 
temperatures. Instead, δp values tend to be lighter during periods of increased precipitation 
[Dansgaard, 1964; Rozanski et al., 1993], and are often negatively correlated with the water 
vapor content of an air parcel, counter to the Rayleigh distillation relationship [e.g., Aggarwal et 
al., 2012]. This relationship is referred to as the “amount effect” [Dansgaard, 1964; Rozanski et 
al., 1993]. 
The amount effect results from multiple convective processes. First, subcloud rainfall 
evaporation decreases at higher precipitation rates, as droplets tend to be larger and fall faster 
[Lee and Fung, 2007; Bony et al., 2008; Risi et al., 2008]. Subcloud evaporation of rainfall 
eventually saturates the air column, further suppressing evaporation. Decreased subcloud 
evaporation of raindrops results in lighter isotopic compositions reaching the surface. Second, 
convective downdrafts contribute by recycling vapor derived from partial evaporation of 
raindrops [Risi et al., 2008] and by mixing vapor from the mid-to-upper troposphere down 
toward the surface that has a lighter isotopic composition than near surface vapor [Dessler and 
Sherwood, 2003; Kuang et al., 2003]. Third, subsidence in large scale atmospheric circulation 
can also result in downward mixing of isotopically light vapor [Blossey et al., 2010]. These 
processes decrease the concentration of heavy isotopologues in surface vapor, resulting in lighter 
δp values when this surface vapor is entrained in subsequent convective updrafts. Finally, more 
vigorous convection entrains more vapor from the mid-to-upper troposphere, which is 
isotopically lighter than surface vapor, further contributing to lighter δp values in strong 
convective systems [Moore et al., 2014]. The relative importance of each of these factors likely 
changes with precipitation rates, with subcloud evaporation dominating at low precipitation rates 
[Lee and Fung, 2007; Risi et al., 2008] and increased importance of vapor recycling and 
entrainment occurring at higher precipitation rates [Risi et al., 2008; Moore et al., 2014]. 
Convective precipitation dominates the Amazon basin [Garreaud et al., 2009], and therefore, 
these processes influence the source vapor for central Andes precipitation. 
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2.4 Methods 
2.4.1 Data Collection and Isotopic Analysis Methods 
We built a network of eleven micrometeorological stations that collected temperature, 
relative humidity, and precipitation amounts (Figure 2.1). Six stations spanned the Altiplano (18-
21°S; 66.5-68°W) and five transected its eastern margin in southern Bolivia at ~21.5°S (E-W; 
elevations from 395 to 4340 m). The Bolivian meteorological service (SENAMHI) managed four 
of the Altiplano stations (Oruro, El Choro, Quillacas, and Salinas) and we installed the remaining 
seven in July 2008. The equipment we installed in the stations was manufactured by Onset 
Computer Corporation. All stations began collecting samples in August 2008. The six Altiplano 
stations (Oruro, El Choro, Quillacas, Salinas, San Juan, Noel Mariaca) and the highest elevation 
station along the plateau flank (Gran Chocaya) operated until April 2013. We retired the four 
remaining stations along the elevation transect (Tupiza, Tarija, Entre Ríos, and Villamontes) at 
the end of September 2011. At each location, we employed resident observers to maintain the 
station and collect monthly precipitation samples for subsequent isotopic analysis. Precipitation 
samples were captured with rain buckets, the inner bottoms of which were covered with a layer 
of mineral oil to prevent evaporation [after Friedman et al., 1992; Scholl et al., 1996]. On the 
first of each month, observers collected precipitation samples from the bottom of the bucket 
using a syringe and transferred it to a 20 mL glass vial with poly-cone cap (made by Wheaton). 
The bucket was then emptied, cleaned, dried, the bottom refilled with mineral oil, and replaced. 
During semiannual trips to collect the precipitation samples, we interviewed the observers to 
learn about recent rainfall conditions and confirm that the precipitation was collected correctly. 
Upon our visits to the stations, we discovered that equipment had occasionally 
malfunctioned due to the harsh and remote conditions at the stations. As a result, some 
meteorological data was lost, and we used several methods to fill in the resulting data gaps. Gaps 
in relative humidity (46.4% missing) and temperature (32.1% missing) data were filled using the 
ERA-Interim reanalysis product at native resolution (T255, ~80 km) [Dee et al., 2011] with data 
from the grid cell overlying the station. Missing temperatures for stations with few missing 
values were estimated using a least-squares linear regression between reanalysis and available 
temperatures for that station to calibrate the reanalysis data to each individual station. We used a 
regional regression technique for the three Altiplano stations where >35% of temperature values 
were missing: Salinas (100%), El Choro (100%), and Quillacas (45.6%). In these cases, we 
 18 
regressed between available station and reanalysis data from the other three Altiplano stations 
(Oruro, Noel Mariaca, and San Juan), and used this relationship to predict the missing values for 
Salinas, El Choro, and Quillacas. Missing relative humidity values were estimated using relative 
humidity values at the lowest available pressure level above the surface pressure. We applied no 
correction to the ERA-Interim relative humidity values. Missing monthly precipitation values 
were estimated using the TRMM 3B43 (0.25° resolution) dataset for the grid cell overlying the 
station [Huffman et al., 2007; Liu et al., 2012]. Rain gauges at Noel Mariaca (November 2009-
April 2011) and Villamontes (August 2010-September 2011) malfunctioned for ~1 year; we 
filled these gaps with TRMM data as well. Because we could not be certain when the rain gauges 
first malfunctioned, we assumed they stopped operating when the data diverged from nearby 
stations or TRMM data. We estimate that average TRMM-derived precipitation values are within 
~25% of measured values (Figure 2.3, Table 2.1). Precipitation amounts are underestimated by 
~25% by TRMM relative to station measurements for the transect stations, while Altiplano 
stations are overestimated by ~15% on average (Table 2.1). However, TRMM overestimates 
precipitation at the Noel Mariaca and Gran Chocaya stations by ~38% and 23% respectively, 
relative to available station measurements (Table 2.1). We provide the monthly 
micrometeorological data in Appendix 2A, and indicate the points derived from ERA-Interim or 
TRMM for transparency.  
We analyzed the precipitation isotopic compositions using a Picarro L2120-i cavity 
ringdown spectrometer with an integrated A211 High-Precision Vaporizer and autosampler. The 
Picarro ChemCorrect software package monitored samples for organic contamination [e.g., West 
et al., 2011]. Standard errors are < 0.1 ‰ for δ18O and <0.4 ‰ for δD. The raw monthly data for 
the 11 stations are presented in Appendix 2A, and annual and DJF average values in Tables 2.4 
and 2.5. As the rainy season occurs across two calendar years, we calculated annual averages 
using a 12-month period from July-June instead of January-December. This method improves 
representation of the central Andes hydrologic year, and therefore better isolates sources of 
interannual variability by keeping whole rainy season periods intact. 
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Table 2.1. Slope, intercept, and correlations between monthly measured and TRMM 3B43 precipitation amounts 
(mm) for each station.  
 
 
 
 
 
Figure 2.3. Comparison of TRMM 3B43 precipitation values with measured precipitation amounts. The three 
scatter plots divide the eleven stations into (a) plateau stations, (b) flank stations, and (c) all stations. In each plot, 
the short dashed black line is the 1:1 relationship and the long dashed red line is the best least-squares linear 
regression to the data. 
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m = 0.76 ± 0.03
r2 = 0.845
m = 0.78 ± 0.02
r2 = 0.802
(a) (b) (c)
Station Slope Intercept r2 
Oruro (ORU) 1.01 ± 0.04 -2.70 ± 2.37 0.910  (n = 57) 
El Choro (ECH) N/A N/A N/A (n = 0) 
Quillacas (QUI) 0.86 ± 0.07 -7.25 ± 4.02 0.843 (n = 32) 
Salinas (SAL) -0.02 ± 0.02 1.40 ± 1.23 0.059 (n = 8) 
San Juan (SJU) 0.51 ± 0.14 1.09 ± 4.45 0.254 (n = 44) 
Noel Mariaca (NMA) 1.38 ± 0.13 -5.80 ± 3.10 0.748 (n = 39) 
Gran Chocaya (GCH) 1.23 ± 0.09 -1.62 ± 2.37 0.832 (n = 39) 
Tupiza (TUP) 0.67 ± 0.06 -0.12 ± 3.59 0.794 (n = 38) 
Tarija (TAR) 0.82 ± 0.04 4.30 ± 3.64 0.922 (n = 38) 
Entre Ríos (ERI) 0.83 ± 0.07 7.72 ± 7.47 0.859 (n = 26) 
Villamontes (VMO) 0.60 ± 0.05 3.77 ± 5.81 0.856 (n = 24) 
ALTIPLANO STATIONS 0.86 ± 0.04 -2.79 ± 1.93 0.702 (n = 180) 
FLANK STATIONS 0.75 ± 0.03 3.40 ± 2.07 0.845 (n = 165)  
ALL STATIONS 0.78 ± 0.02 0.74 ± 1.37 0.802 (n = 345) 
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A strong correlation between δ18Op and δDp forms the basis for the global meteoric water 
line (GMWL, δDp = 8δ18Op + 10, [Craig, 1961]). The GMWL describes the coevolution of water 
isotopologues as rainout from an air parcel occurs. On local and regional scales, deviations from 
the GMWL can occur due to local climate conditions [e.g., Rozanski et al., 1993]. We calculated 
annual, DJF, and JJA local meteoric water lines for each station (Table 2.2). We found the 
relationship between δ18Op and δDp is similar for all stations on an annual and DJF basis (Figure 
2.4), but can vary substantially in JJA. For brevity, however, we focus the bulk of the analysis on 
the δ18Op values as analyzing δDp on an annual or rainy season basis yields near similar results. 
JJA variability in the local meteoric water lines is briefly discussed in the results. 
We removed 11 monthly values at the Salinas station from analysis because they failed 
our data quality criteria, which we attribute to observer error. Four were eliminated for exhibiting 
substantial evaporation (i.e., negative d-excess values) not observed in other samples, and seven 
samples from the dry season for having identical δ values. We infer that these samples are likely 
from groundwater or tap water provided by the observer rather than precipitation (indicated in 
Appendix 2A). 
 
Figure 2.4. Monthly isotopic composition of precipitation in δ18Op-δDp space. Values for all 11 stations in this study 
are shown as separate colors. GMWL = heavy black line. Inset map shows station locations with symbols (filled = 
Altiplano stations, open = elevation transect) and colors used throughout the paper. 
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Table 2.2. Annual, DJF, and JJA local meteoric water lines for each site. 
Station 
Full Year DJF Only JJA Only 
LMWL r2 LMWL r2 LMWL r2 
Oruro (ORU) 
δD = 
(8.17±0.11)δ18O + 
(18.28±1.50) 
0.994 
(n=36) 
δD = 
(8.26±0.16)δ18O + 
(20.51±2.55) 
0.995 
(n=14) 
δD = 9.57δ18O + 
31.44 
N/A 
(n=2) 
El Choro 
(ECH) 
δD = 
(7.98±0.13)δ18O + 
(14.37±1.88) 
0.994 
(n=23) 
δD = 
(7.88±0.16)δ18O + 
(13.69±2.68) 
0.996 
(n=10) 
δD = 12.79δ18O + 
72.70 
N/A 
(n=2) 
Quillacas 
(QUI) 
δD = 
(8.01±0.12)δ18O + 
(15.37±1.82) 
0.994 
(n=27) 
δD = 
(7.93±0.15)δ18O + 
(14.76±2.43) 
0.996 
(n=13) 
δD = 9.96δ18O + 
44.25 
N/A 
(n=2) 
Salinas (SAL) 
δD = 
(7.86±0.15)δ18O + 
(12.03±2.36) 
0.996 
(n=14) 
δD = 
(8.22±0.31)δ18O + 
(18.84±5.40) 
0.990 
(n=8) N/A 
N/A 
(n=0) 
San Juan 
(SJU) 
δD = 
(8.11±0.16)δ18O + 
(15.83±2.19) 
0.992 
(n=23) 
δD = 
(8.15±0.15)δ18O + 
(16.92±2.03) 
0.995 
(n=14) N/A 
N/A 
(n=1) 
Noel Mariaca 
(NMA) 
δD = 
(8.35±0.19)δ18O + 
(20.11±2.68) 
0.991 
(n=19) 
δD = 
(8.33±0.18)δ18O + 
(20.28±2.47) 
0.994 
(n=14) N/A 
N/A 
(n=0) 
Gran Chocaya 
(GCH) 
δD = 
(7.98±0.28)δ18O + 
(19.12±3.79) 
0.967 
(n=28) 
δD = 
(8.25±0.12)δ18O + 
(25.76±1.83) 
0.997 
(n=14) N/A 
N/A 
(n=1) 
Tupiza (TUP) 
δD = 
(7.87±0.25)δ18O + 
(13.39±2.73) 
0.982 
(n=19) 
δD = 
(8.55±0.32)δ18O + 
(23.00±3.69) 
0.990 
(n=8) N/A 
N/A 
(n=0) 
Tarija (TAR) 
δD = 
(8.47±0.20)δ18O + 
(19.38±1.39) 
0.985 
(n=28) 
δD = 
(8.57±0.28)δ18O + 
(21.78±2.53) 
0.993 
(n=8) 
δD = 9.00δ18O + 
14.80 
N/A 
(n=2) 
Entre Ríos 
(ERI) 
δD = 
(8.50±0.15)δ18O + 
(21.38±0.83) 
0.989 
(n=35) 
δD = 
(8.65±0.24)δ18O + 
(22.43±1.99) 
0.994 
(n=8) 
δD = 
(6.61±0.97)δ18O + 
(17.41±2.27) 
0.869 
(n=8) 
Villamontes 
(VMO) 
δD = 
(8.21±0.31)δ18O + 
(17.26±1.78) 
0.963 
(n=28) 
δD = 
(8.76±0.33)δ18O + 
(20.20±2.44) 
0.991 
(n=8) 
δD = 
(7.61±0.37)δ18O + 
(21.96±0.68) 
0.995 
(n=4) 
 
2.4.2 Data Analysis and Statistical Methods 
We performed a suite of multivariate least-squares linear regressions to assess the 
influence of climatic and geographic factors on δ18Op (Table 2.6). We first determined the best-
fit model for our stations, then repeated the regression calculations including monthly bulk δ18Op 
data from prior precipitation studies in the central Andes [hereafter, referred to as all available 
data, Aravena et al., 1999; Gonfiantini et al., 2001; WMO/IAEA, 2013]. We calculated 
precipitation amount-weighted annual average δ18Op values where monthly precipitation amounts 
were available. Predictor variables that may modify δ18Op include station elevation, latitude, 
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longitude, MAP, and mean annual temperature (MAT) [Bowen and Wilkinson, 2002; Bowen and 
Revenaugh, 2003; Lechler and Niemi, 2012]. We note that latitude and longitude are not 
processes that fractionate water isotopologues directly, but they do represent the combined 
effects of multiple factors that influence their distribution, such as temperature or distance from 
monsoon circulations. As observational records of δ18Op are not contemporaneous, we 
standardized estimates of MAP and MAT to a common observational data source and reference 
time period. We extracted MAP and MAT for each station using the University of Delaware 0.5° 
gridded monthly climate dataset (1960-1990 average) [Legates and Willmott, 1990a; 1990b]. 
However, after compilation we observed that several predictor (i.e., independent) variables 
strongly covaried. Thus, in our multivariate regressions, we excluded MAT and longitude as 
predictor variables, as they are highly correlated with elevation in our dataset (our stations: r = -
0.920 and -0.918; all available data: r = -0.740 and -0.611). However, we retain the potential 
influence of zonal average temperature changes with latitude by including latitude as a predictor 
variable.  MAP is also strongly correlated with elevation (our stations: r = -0.861; all available 
data: r = -0.717), but we retain MAP as a possible predictor variable here due to the strong 
influence precipitation amount can have on δ18Op through the amount effect in the tropics 
[Dansgaard, 1964; Rozanski et al., 1993]. We then used the small-sample Akaike Information 
Criterion (AICc) to select the best multivariate model because it optimizes the trade-off between 
model complexity and quality of the fit [Burnham and Anderson, 2002]. Low AICc scores signal 
a multivariate model more parsimonious with the data. 
We calculated correlation coefficients (Pearson’s r) and p-values for all possible station 
pairs to access the spatial coherence in observed variability across our stations. High r-values (> 
~0.5) between two stations indicate a high likelihood that similar factors affect δ18Op at both. We 
used monthly average outgoing longwave radiation (OLR) from the ERA-Interim reanalysis 
dataset as a proxy for deep convection and high cloud tops [Kousky, 1988; Xie and Arkin, 1998]. 
Low values of OLR indicate high cloud tops and deep convective activity. 
2.4.3 Atmospheric Back-Trajectory Modeling 
To constrain moisture source directions, we calculated 7-day air parcel back-trajectories 
for the rainy season (DJF only) using the HYSPLIT4 model (HYbrid Single-Parcel Lagrangian 
Integrated Trajectory 4; hereafter HYSPLIT). HYSPLIT model algorithms are well documented 
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[Draxler and Hess, 1998], and they have been applied to demonstrate links between δ18Op and 
air transport pathways [e.g., Strong et al., 2007; Bershaw et al., 2012; Lechler and Galewsky, 
2013]. We modeled air parcel three-dimensional motion using the ERA-Interim reanalysis 
winds. The ERA-Interim dataset has a horizontal resolution of approximately ~80 km [Dee et al., 
2011], resulting in a more realistic representation of Andean topography with smaller 
topographic truncation errors than prior reanalysis products. We initiated back-trajectories at a 
height of 1500 m above ground level at five different station coordinates: Oruro, Quillacas, and 
Noel Mariaca to represent the northern, central, and southern Bolivian Altiplano respectively, 
and Tarija and Villamontes to represent the eastern flank (Figure 2.4 inset). We started at 1500 m 
above ground level because it reflects a balance between being low enough to be important for 
moisture transport yet high enough to reduce atmospheric flow attenuation by surface friction 
[e.g., Bershaw et al., 2012]. Sensitivity tests using initial heights of 500, 1000, and 2000 m (not 
shown) resulted in qualitatively similar results to those presented here at 1500 m. We calculated 
trajectories every six hours during the rainy season (DJF), resulting 360 total trajectories (364 for 
leap years) per station per year.  
We calculated areal mean frequencies for three prominent 2° x 4° source pathways to 
more quantitatively evaluate the partitioning of DJF air sources emerging from back-trajectory 
modeling. Three regions capture most of the transport to the central Andes: (a) the Yungas-
Amazon Basin (YAB) (13-15°S, 65-69°W), (b) the South Pacific (SP) (20-24°S, 69-71°W), and 
(c) the Gran Chaco (GC) (24-26°S, 62-66°W). We binned hourly parcel position counts from the 
HYSPLIT back-trajectories on a 0.75° grid, then used them to calculate the percentage of 
trajectories that pass through each 0.75° grid cell. We focused on DJF because this period 
captures the majority of annual precipitation for all stations (Tables 2.4 and 2.5), and thus, 
largely determines annual weighted δ18Op. We normalized the partitioning of air transport from 
these three regions to 100% to compare between the three main source regions more directly. 
Non-normalized trajectory partitioning values are provided in the supporting information 
(Appendix 2B). 
To assess the sensitivity of our results to the HYSPLIT data source used, we also 
calculated back trajectories using the NCEP/NCAR reanalysis dataset. We found that air 
transport patterns with the NCEP/NCAR reanalysis are qualitatively similar to those calculated 
from ERA-Interim data, though with less advection from the South Pacific region (Appendix 
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2C). We attribute these changes to resolution differences between the two reanalysis datasets: 
NCEP/NCAR is ~2.5° while ERA-Interim is ~0.75°. We therefore consider results from the 
ERA-Interim dataset to more accurately represent the influence of regional topography on air 
source pathways. 
2.4.4 Data Caveats 
We acknowledge our analyses are subject to two major limitations. First, the isotopic data 
represent point measurements, yet the reanalysis products we used are gridded values averaged 
over much larger areas. Fortunately, the recent release of high-resolution reanalysis products 
reduces the severity of this problem [Dee et al., 2011]. Regardless, resolutions remain at ~50-75 
km and many key precipitation processes occur on smaller spatial scales (~1-10 km). Thus, 
simulated precipitation amounts depend highly on the choice of model parameterizations [Grell, 
1993; Zhang and McFarlane, 1995]. Second, TRMM precipitation amounts inferred from 
continental deep convective systems are uncertain [Iguchi et al., 2009; Rasmussen et al., 2013]. 
Precipitation variability within the TRMM radar footprint also tends to underestimate rainfall 
amounts in deep convective systems [Iguchi et al., 2009]. However, these studies used the 
TRMM 2A25 product, which relies on TRMM precipitation radar measurements. The TRMM 
3B43 product we used reduces the potential satellite bias by incorporating surface observations 
[Huffman, 1997; Huffman et al., 2007]. Due to the variable distribution of meteorological 
stations, however, the bias reduction is also spatially variable. Therefore, though our monthly 
precipitation estimates for missing values are reasonable when compared to nearby stations, they 
are likely still biased. We have estimated the bias at each station by regressing station 
measurements against TRMM values; recall we find it to be < 25% (see section 2.3.1, Figure 2.3, 
Table 2.1). This bias could contribute to the anomalously low observed correlations between 
precipitation and δ18Op at the stations most reliant on the TRMM data (El Choro, Quillacas, and 
Salinas) relative to the other stations. Additionally, we avoided making quantitative comparisons 
between upwind precipitation anomalies and central Andean δ18Op due to the uncertain size of 
this TRMM bias. As this bias affects all measurements, we maintain that the sign of the 
precipitation anomalies observed is more likely to be robust than their magnitudes. 
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2.5 Results 
All our stations show annual- and DJF-scale relationships between δ18Op and δDp that are 
close to the GMWL (Figure 2.4, Table 2.2). This indicates that the annual and DJF relationships 
between δ18Op and δDp do not vary systematically in space or time in our dataset. Seasonal 
variations during JJA result in markedly different local meteoric water lines (Table 2.2) that are 
associated with high d-excess values (Table 2.3). High d-excess observed in these samples likely 
results from two different effects during the dry season. First, changes in vapor sourcing to the 
region, such as increased advection from the mid- to high-latitudes over the ocean, would 
transport higher d-excess vapor to the central Andes resulting from increased kinetic 
fractionation at the oceanic source [Uemura et al., 2008]. Second, large scale subsidence during 
the dry season can mix high d-excess vapor from higher in the troposphere down toward the 
surface [e.g., Blossey et al., 2010; Samuels-Crow et al., 2014b]. However, as central Andes JJA 
precipitation represents a small fraction (< 10%) of the annual total, we focus the following 
analysis on δ18Op for brevity because analyzing δDp yields near identical results. 
 
Table 2.3. Deuterium excess in precipitation samples as a function of season. Errors presented in the unweighted d-
excess mean values are 1-sigma. 
Station 
Mean d-excess (unweighted) Precipitation Weighted Mean d-excess 
Full Year DJF Only JJA Only Full Year DJF Only JJA Only 
Oruro (ORU) 16.0 ± 3.4 16.4 ± 2.4 15.9 ± 11.5 16.5 ± 2.4 16.6 ± 2.1 22.6 ± 11.5 
El Choro (ECH) 14.6 ± 3.3 15.4 ± 3.0 13.4 ± 5.9 15.3 ± 3.0 15.5 ± 2.8 13.9 ± 5.9 
Quillacas (QUI) 15.2 ± 2.8 15.7 ± 2.7 17.2 ± 6.6 15.9 ± 2.6 16.2 ± 2.6 21.8 ± 4.1 
Salinas (SAL) 14.3 ± 3.3 15.1 ± 2.4 N/A 15.2 ± 2.6 15.1 ± 2.3 N/A 
San Juan (SJU) 14.4 ± 3.9 15.1 ± 3.2 11.2 (n=1) 14.5 ± 4.0 15.1 ± 3.0 11.2 (n=1) 
Noel Mariaca (NMA) 15.3 ± 3.8 15.9 ± 3.5 N/A 15.4 ± 3.9 15.6 ± 3.9 N/A 
Gran Chocaya (GCH) 19.4 ± 7.7 22.1 ± 2.3 -12.4 (n=1) 20.8 ± 5.3 21.8 ± 2.2 -12.4 (n=1) 
Tupiza (TUP) 14.5 ± 7.1 17.2 ± 4.4 N/A 16.8 ± 4.9 17.3 ± 4.7 N/A 
Tarija (TAR) 16.6 ± 4.3 16.9 ± 3.2 12.6 ± 1.8 17.1 ± 3.4 16.9 ± 3.4 13.0 ± 1.8 
Entre Ríos (ERI) 19.3 ± 3.7 17.4 ± 2.8 19.9 ± 4.5 17.7 ± 2.6 17.1 ± 2.7 18.0 ± 5.9 
Villamontes (VMO) 16.3 ± 6.0 14.9 ± 3.6 22.4 ± 1.0 15.1 ± 3.8 14.4 ± 3.4 22.5 ± 1.0 
 
Central Andes monthly δ18Op varies considerably across annual to seasonal timescales. 
Values ranged from -28.0‰ (El Choro, February 2009, Figure 2.5a) to 9.6‰ (Tupiza, September 
2011, Figure 2.6a). Plateau δ18Op values were generally more negative than along the eastern 
flank (compare Figures 2.5a and 2.6a). All 11 of our stations exhibited seasonal variability in 
δ18Op. The most negative δ18Op values occurred during the rainy season (DJF), as more than two 
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thirds of rainy season average δ18Op values were more negative than the annual average (Tables 
2.4 and 2.5). In contrast, the least negative δ18Op values occurred during the dry season (JJA). 
Gaps in our δ18Op records correspond to periods where no precipitation was recorded (Figures 
2.5a and 2.6a). The plateau stations tended to experience longer dry periods, and therefore, 
possessed more discontinuous δ18Op records (Figure 2.5a). In addition, plateau stations exhibited 
larger amplitude seasonal differences between DJF minimum and JJA maximum δ18Op values 
than the flank stations (10-15‰ vs 5-10‰, compare Figures 2.5a and 2.6a).  
Annual minimums in δ18Op occurred in conjunction with annual precipitation maximums, 
annual OLR minimums, and annual minimums in 200 hPa zonal winds (Figures 2.5 and 2.6). 
Plateau annual precipitation amounts ranged from 64 mm to 623 mm (Tables 2.4 and 2.5), with a 
maximum measured monthly value of 180 mm (Quillacas, Feb. 2011) or, if remote-sensed 
TRMM data are included, 273 mm (El Choro, Feb. 2011) (Figure 2.5b, Appendix 2A). Flank 
annual precipitation amounts ranged from 186 mm (Gran Chocaya, Jul. 2012-June 2013) to 860 
mm (Entre Ríos, 11 months, Aug. 2008-June 2009) (Tables 2.4 and 2.5). Measured monthly 
values on the flank ranged from 0 mm (various) to 214 mm (Entre Ríos, Dec. 2008), or 324 mm 
(Villamontes, Feb. 2010) including TRMM estimates (Figure 2.6b, Appendix 2A). The 
percentage of annual rain received at each station during DJF ranged from 67 to 78% (El Choro 
and Noel Mariaca, respectively) on the plateau and 59 to 80% on the flanks (Entre Ríos and 
Tupiza). 
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Figure 2.5. Time series for Altiplano stations of monthly (a) δ18Op (‰), (b) precipitation amount (mm), (c) outgoing 
longwave radiation (OLR, W/m2), and (d) 200 hPa zonal wind (U, m/s). Missing values in (a) are months where no 
precipitation was recorded or no sample was retrieved from the observer. Values in (c) and (d) were calculated 
from the ERA Interim reanalysis dataset. Missing values in (b) are from the TRMM 3B43 dataset (Table 2.11). The 
rainy season (DJF) is highlighted in gray columns. Note the strong seasonal cycling across all variables. High 
precipitation and low δ18O are associated with OLR and zonal wind minimums. 
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Table 2.4. Annual amount-weighted isotopic composition and precipitation amounts for Altiplano stations 
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1. Oruro (ORU, 17.98°S, 67.11°W, 3718 masl) 
Aug 2008 – June 2009 5 331 -15.5 -106.4 223 -14.8 -99.4 
July 2009 – June 2010 9 503 -13.7 -92.9 336 -15.9 -110.6 
July 2010 – June 2011 8 357 -18.5 -131.5 233 -21.5 -156.1 
July 2011 – June 2012 8 482 -16.0 -111.6 319 -15.2 -105.5 
June 2012 – April 2013 7 333 -14.1 -96.6 264 -14.5 -99.7 
Total/Average 37 2006 -15.5 -107.1    
2. El Choro (ECH, 18.36°S, 67.11°W, 3706 masl) 
Aug 2008 – June 2009 6 516 -17.9 -125.9 293 -18.4 -129.1 
July 2009 – June 2010 8 568 -10.6 -70.7 355 -11.3 -75.6 
July 2010 – June 2011 5 623 -19.5 -140.0 408 -23.2 -170.0 
July 2011 – June 2012 5 619 -14.7 -103.7 447 -14.2 -99.1 
June 2012 – April 2013 0 407 N/A N/A 333 N/A N/A 
Total/Average 24 2733 -15.6 -109.2    
3. Quillacas (QUI, 19.23°S, 66.94°W, 3780 masl) 
Aug 2008 – June 2009 5 233 -16.3 -112.9 183 -15.9 -110.0 
July 2009 – June 2010 8 296 -11.6 -78.2 208 -12.6 -85.1 
July 2010 – June 2011 6 494 -19.4 -139.1 285 -21.7 -158.1 
July 2011 – June 2012 7 359 -16.6 -118.5 283 -16.2 -114.3 
June 2012 – April 2013 2 416 -11.9 -77.5 350 -11.9 -77.4 
Total/Average 28 1798 -15.5 -108.1    
4. Salinas (SAL, 19.65°S, 67.64°W, 3719 masl) 
Aug 2008 – June 2009 6 232 -20.6 -145.3 130 -16.8 -117.7 
July 2009 – June 2010 5† 237 -8.7 -61.0 138 -15.0 -105.8 
July 2010 – June 2011 5† 241 -18.2 -101.6 172 -19.3 -138.7 
July 2011 – June 2012a 3 322 -20.7 -154.1 234 -20.7 -154.1 
June 2012 – April 2013 0 244 N/A N/A 202 N/A N/A 
Total/Average 19 1276 -17.5 -122.6    
5. San Juan (SJU, 20.90°S, 67.76°W, 3663 masl) 
Aug 2008 – June 2009 5 64 -15.8 -111.5 27 -10.5 -71.9 
July 2009 – June 2010 6 119 -13.1 -91.9 101 -13.4 -94.5 
July 2010 – June 2011 5 169 -15.1 -106.0 154 -15.1 -106.1 
July 2011 – June 2012 5 270 -13.9 -98.5 180 -15.0 -104.8 
June 2012 – April 2013 3 190 -14.1 -95.2 133 -14.1 -95.2 
Total/Average 24 812 -14.3 -99.8    
6. Noel Mariaca (NMA, 20.68°S, 66.64°W, 3780 masl) 
Aug 2008 – June 2009 4 124 -15.9 -114.0 92 -15.5 -110.5 
July 2009 – June 2010 4 148 -8.9 -54.6 112 -8.7 -52.1 
July 2010 – June 2011 4 159 -14.4 -104.3 110 -14.4 -106.4 
July 2011 – June 2012 5 256 -15.2 -106.0 212 -15.1 -104.5 
June 2012 – April 2013 3 160 -14.9 -100.2 141 -14.9 -100.2 
Total/Average 20 847 -14.1 -97.8    
 
†: Where this symbol appears, some samples were judged to be suspect and excluded from subsequent analysis. Details are 
provided in Appendix 2A.  
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OLR values also exhibited a prominent seasonal cycle characterized by minimum values 
during DJF, indicating summer convection and increased cloud cover (Figures 2.5c and 2.6c). 
Monthly plateau and flank values had similar ranges; plateau values ranged from 222 W/m2 
(Oruro and El Choro, Dec. 2012) to 279 W/m2 (Salinas, Nov. 2008) (Figure 2.5c), and flank 
values ranged from 221 W/m2 (Tupiza, Feb. 2011) to 280 W/m2 (Villamontes, Aug. 2009) 
(Figure 2.6c). However, there is a prominent difference in amplitude of the seasonal cycle 
between the plateau and flank regions. Plateau annual OLR variability can exceed 40 W/m2 
whereas along the flank it is closer to 20-30 W/m2 (Figures 2.5d and 2.6d). The lone exception is 
Gran Chocaya, which exhibits an annual cycle more similar to plateau stations, though it is 
located in the high Cordillera adjacent to the plateau. 
 The annual cycle of upper-level zonal winds mirrors the annual cycle in OLR. During 
JJA, westerly winds prevail across both the plateau and its flank (Figures 2.5d and 2.6d). DJF 
wind speeds are slower and can be either easterly or westerly. Monthly average upper-level zonal 
wind speeds fluctuate by ~40 m/s across all stations throughout the year. Wind speeds vary 
spatially on the plateau by ~10 m/s throughout the annual cycle, with consistently greater 
westerly wind speeds observed in the southern plateau (Figure 2.5d). In contrast, little variability 
in upper-level wind speeds occurs across flank stations (Figure 2.6d). 
 The central Andes annual δ18Op variations correspond to cycles of monthly precipitation, 
OLR, and upper-level wind speed, indicating that δ18Op responds to seasonal changes in synoptic 
circulation. Despite these relationships, however, significant spatial, interannual, and month-to-
month variability exists in δ18Op that cannot be explained solely by these environmental 
variables. In the following sections, we examine the dominant spatial controls on δ18Op and use 
reanalysis data and back-trajectory modeling to identify sources of spatiotemporal variability.  
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Figure 2.6. Time series for eastern flank stations of monthly (a) δ18Op (‰), (b) precipitation amount (mm), (c) 
outgoing longwave radiation (OLR, W/m2), and (d) 200 hPa zonal wind (U, m/s). Missing values in (a) are months 
where no precipitation was recorded or no sample was retrieved from the observer. Values in (c) and (d) were 
calculated from the ERA Interim reanalysis dataset. Missing values in (b) are from the TRMM 3B43 dataset (Table 
2.11). The rainy season (DJF) is highlighted in gray columns. Note the strong seasonal cycling across all variables. 
High precipitation and low δ18O are associated with OLR and zonal wind minimums. 
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Table 2.5. Annual amount-weighted isotopic composition and precipitation amounts for eastern flank stations. 
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7. Gran Chocaya (GCH, 20.97°S, 66.33°W, 4340 masl) 
Aug 2008 – June 2009 5 233 -13.2 -81.1 147 -14.3 -89.7 
July 2009 – June 2010 7 255 -13.8 -89.4 208 -14.8 -97.3 
July 2010 – June 2011 4 216 -13.6 -96.4 163 -13.3 -96.4 
July 2011 – June 2012 7 246 -14.7 -97.8 167 -15.4 -102.0 
June 2012 – April 2013 5 186 -14.4 -93.2 157 -14.6 -95.0 
Total/Average 28 1136 -14.0 -92.0    
8. Tupiza (TUP, 21.44°S, 65.72°W, 2974 masl) 
Aug 2008 – June 2009 7 476 -9.1 -51.2 361 -8.8 -48.3 
July 2009 – June 2010 6 243 -11.2 -74.0 215 -11.7 -78.1 
July 2010 – June 2011 6 203 -13.0 -90.0 162 -13.0 -89.6 
Total/Average 19 922 -10.5 -65.8    
9. Tarija (TAR, 21.54°S, 64.70°W, 1884 masl) 
Aug 2008 – June 2009 11 718 -5.3 -22.8 396 -5.4 -22.4 
July 2009 – June 2010 9 686 -8.8 -55.1 496 -9.8 -63.4 
July 2010 – June 2011 8 460 -9.8 -62.8 331 -10.1 -65.7 
Total/Average 29 1864 -7.7 -44.5    
10. Entre Ríos (ERI, 21.50°S, 64.17°W, 1261 masl) 
Aug 2008 – June 2009 11 860 -5.7 -26.0 429 -5.2 -22.2 
July 2009 – June 2010 11 774 -7.1 -40.0 425 -8.5 -51.8 
July 2010 – June 2011 12 631 -9.0 -55.6 477 -9.7 -61.9 
Total/Average 36 2265 -7.0 -38.9    
11. Villamontes (VMO, 21.25°S, 63.41°W, 395 masl) 
Aug 2008 – June 2009 8 630 -5.4 -25.4 351 -5.3 -25.6 
July 2009 – June 2010 9 489 -7.2 -45.6 339 -8.2 -54.3 
July 2010 – June 2011 10 793 -7.9 -46.7 597 -8.8 -54.2 
Total/Average 29 1912 -6.8 -39.0    
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2.5.1 Relationships between δ18Op, Topography, and Climate 
Linear regression indicates elevation is the strongest single predictor of δ18Op for our 
stations (r = -0.907), as well as for all available data (r = -0.773) (Figure 2.7a). Weaker 
relationships exist between δ18Op and our stations and across all available data for latitude (r = -
0.736 and 0.147, Figure 2.7b) and MAP (r = 0.783 and 0.496, Figure 2.7c). Multiple studies have 
indicated, however, that δ18Op can depend on multiple spatial or climatic variables [e.g., 
Dansgaard, 1964; Bowen and Wilkinson, 2002; Lechler and Niemi, 2012]. Therefore, we tested 
possible combinations of latitude, elevation, and MAP predictor variables to determine the best 
multivariate model.  
 The lowest AICc score shows that the best model for our stations retains elevation and 
latitude predictors (Table 2.6). Removing either of these predictor variables increases the AICc 
score and reduces the goodness of model fit. In contrast, the best AICc model for the entire 
available dataset retains only the elevation predictor (Table 2.6). However, the AICc score 
neglects any potential correlation between predictor variables. High correlations between these 
three predictor variables can be problematic for our multivariate regression models. Elevation 
and MAP correlate highly for both datasets (r = -0.861 stations from this study, r = -0.717 for the 
entire dataset). Depending on which dataset is used, correlations between latitude and elevation 
(r = 0.531 stations from this study, r = -0.319 for the entire dataset) and latitude and MAP (r =-
0.277 stations from this study, r = 0.717 for the entire dataset) can also be high. As a result, the 
best-fit model should retain only one of these predictor variables. We propose that the best model 
for our stations includes only elevation because it has the highest univariate correlation with 
δ18Op (Table 2.6). Furthermore, in both cases, modeled relationships between δ18O and latitude 
or MAP are weak and highly sensitive to data subsetting, indicating that neither predictor is a 
strong regional control on δ18Op (Figure 2.7b,c). Despite this apparent control of elevation on 
δ18Op across multi-year timescales, however, elevation is a poor predictor of δ18Op on the 
Altiplano itself (Figure 2.7a), and the δ18Op-elevation relationship is highly variable in space and 
time. 
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Table 2.6. Multivariate linear model fits to amount-weighted mean δ18Op to the geographic parameters of elevation, 
mean annual precipitation, and latitude. Rows containing N/A indicate that that variable was not included in that 
particular regression model.  
Stations from this study only 
Regression 
model 
Elevation 
Coefficient 
(‰/m) 
Latitude 
Coefficient 
(‰/°) 
MAP 
Coefficient 
(‰/mm/yr) 
Intercept (‰) r2 AICc 
lat + elev + 
MAP -1.25x10
-3 -1.29 4.38x10-3 -36.78 0.933 43.63 
elev + MAP -2.74x10-3 N/A 2.38x10-4 -4.22 0.824 50.29 
elev + lat -2.21x10-3 -1.04 N/A -27.11 0.911 42.75 
elev -2.78x10-3 N/A N/A -4.22 0.824 47.23 
lat N/A -2.19 N/A -57.10 0.541 57.77 
MAP N/A N/A 0.011 -17.34 0.613 55.90 
All Available Data 
Regression 
model 
Elevation 
Coefficient 
(‰/m) 
Latitude 
Coefficient 
(‰/°) 
MAP 
Coefficient 
(‰/mm/yr) 
Intercept (‰) r2 AICc 
lat + elev + 
MAP -2.05x10
-3 -0.169 -9.69x10-5 -8.68 0.608 206.20 
elev + MAP -2.15x10-3 N/A -6.47x10-4 -4.89 0.604 204.34 
elev + lat -2.03x10-3 -0.186 N/A -9.11 0.608 203.90 
elev -1.94x10-3 N/A N/A -5.97 0.597 202.90 
lat N/A 0.249 N/A -6.87 0.022 241.94 
MAP N/A N/A 2.72x10-3 -13.44 0.246 230.47 
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Figure 2.7. Scatterplots relating weighted annual mean δ18Op with elevation (a), latitude (b), and mean annual 
precipitation (MAP, c) for the central Andes. Red squares are data from our 11 study area stations, purple triangles 
are data from Aravena et al. [1999], filled (open) blue diamonds are weighted (unweighted) data from Gonfiantini 
et al. [2001], and green circles are data from the GNIP stations. Values outlined in black are stations on the 
plateau. Dashed red line is the best-fit linear relationship between δ18Op and the predictor variable for stations from 
this study only, while the solid black line is the best-fit linear relationship using all data sources. An additional 
dotted regression line in (a) excludes the six plateau stations. 
 
2.5.2 Spatial Variability of δ18O and Air Sources 
We observe a strong δ18Op-elevation relationship across our elevation transect (Figure 
2.7). Amount-weighted δ18Op decreases with increasing elevation; the lowest elevation site has 
an amount-weighted annual average δ18Op composition of -6.7‰ (Villamontes, 395 masl) and 
the highest elevation site -14.0‰ (Gran Chocaya, 4340 masl). For the entire study period, the 
isotopic lapse rate (defined as the slope of the elevation-δ18Op relationship) along this transect 
was -1.9 ± 0.3 ‰/km, but ranged from -2.1 ± 0.5 ‰/km in 2008-09 to -1.6 ± 0.2 ‰/km in 2010-
11. These compositions and isotopic lapse rates are comparable to those further north along the 
eastern Altiplano flank [Gonfiantini et al., 2001]. The northernmost transect (Yungas-Altiplano, 
centered at ~15°S) in Gonfiantini et al. [2001] possessed isotopic lapse rates of -2.1 ± 0.5 ‰/km 
and -1.9 ± 0.2 ‰/km for July 1983-June 1984 and July 1984-June 1985, respectively. The 
Chaparé-Cochabamba transect (centered at ~17°S) in Gonfiantini et al. [2001] exhibited an 
isotopic lapse rate of -1.6 ± 0.2 ‰/km in 1985 (calendar year, location in Figure 2.1a). Calendar 
year and hydrologic (i.e., July-June) year isotopic lapse rates are similar (Table 2.7). Our isotopic 
lapse rates are comparable with Gonfiantini et al. [2001], though unlike their study, we find no 
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robust relationship between the isotopic lapse rate and precipitation amount. Finally, when 
combining our data with Gonfiantini et al. [2001], we cannot determine if the isotopic lapse rate 
varies along the length of the eastern flank as estimates from different portions of the flank 
overlap within error. However, we document that isotopic lapse rates vary by up to ~1.0 ‰/km 
from year to year along our plateau flank transect.  
 
Table 2.7. Calendar and hydrologic year isotopic lapse rates for this study and Gonfiantini et al. [2001].   
Calendar Year Transect Isotopic Lapse Rate Reference 
1983 Yungas-Altiplano -1.5 ± 0.2 ‰ / km Gonfiantini et al. 2001 
1984 Yungas-Altiplano -2.4 ± 0.2 ‰ / km Gonfiantini et al. 2001 
1985 Chaparé-Cochabamba -1.6 ± 0.2 ‰ / km Gonfiantini et al. 2001 
2008a Villamontes-Gran Chocaya -1.2 ± 0.8 ‰ / km this study 
2009 Villamontes-Gran Chocaya -2.0 ± 0.3 ‰ / km this study 
2010 Villamontes-Gran Chocaya -2.2 ± 0.2 ‰ / km this study 
2011b Villamontes-Gran Chocaya -1.3 ± 0.4 ‰ / km this study 
Hydrologic Years Transect Isotopic Lapse Rate Reference 
7/1983-6/1984 Yungas-Altiplano -2.1 ± 0.5 ‰ / km Gonfiantini et al. 2001 
7/1984-6/1985 Yungas-Altiplano -1.9 ± 0.2 ‰ / km Gonfiantini et al. 2001 
7/1984-6/1985 Chaparé-Cochabamba not available Gonfiantini et al. 2001 
8/2008-6/2009 Villamontes-Gran Chocaya -2.1 ± 0.5 ‰ / km this study 
7/2009-6/2010 Villamontes-Gran Chocaya -1.8 ± 0.2 ‰ / km this study 
7/2010-6/2011 Villamontes-Gran Chocaya -1.6 ± 0.2 ‰ / km this study 
a: September – December only 
b: January – September only 
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Several modes of spatial variability arise in Altiplano δ18Op that are not accounted for by the 
common empirically-derived isotopic lapse rates. First, values for all our Altiplano stations 
(Figure 2.1a) are more negative than (a) predicted for their elevation (Figure 2.7a) and (b) the 
values observed at the upwind, but higher-elevation Gran Chocaya station along the eastern 
Altiplano margin (0.1-3.6‰ more negative, despite elevations 500 m lower, Figure 2.8). This 
trend toward more negative δ18Op values indicates that heavy water isotopologues in air parcels 
on the Altiplano continue to be removed following their ascent over the Cordillera. The most 
likely processes to explain this pattern are continued rainout of air parcels through Rayleigh-like 
processes as well as vapor recycling [e.g., Risi et al., 2008] and entrainment of mid- and upper 
tropospheric vapor associated with deep convection on the Altiplano [e.g., Moore et al., 2014]. 
Second, annual average δ18Op values for the same year can vary by ~5‰ (Figure 2.8a). 
Similarly, for single months, δ18Op values can vary by >10‰ (Figures 2.5a and 2.6a). For 
example, in February 2009, δ18Op values were -28.0‰ at El Choro and -15.4‰ at San Juan, and 
in January 2011, δ18Op values were -21.4‰ at Oruro, but -10.7‰ at Noel Mariaca. Elevation 
cannot account for this variability. To better understand this variability, we calculated a 
correlation matrix comparing δ18Op values for each station with every other station (Table 2.8). 
Our southernmost stations on the Altiplano—Noel Mariaca and San Juan—exhibit low 
correlations with our other stations, while our northern Altiplano and eastern flank stations 
express high correlations with their neighbor stations. This pattern indicates a high likelihood 
that controls on southern Altiplano air sourcing and δ18Op differ from those on the northern 
Altiplano and the eastern flank. 
Spatial patterns in δ18Op appear related to trends in air source (Figure 2.9). Back-
trajectory modeling indicates that air sources vary substantially for individual stations. Northern 
and central Altiplano stations (Oruro and Quillacas) show strong air sourcing from the Yungas-
Amazon Basin (YAB) to the north and along a narrow pathway from the South Pacific (SP) 
(Figure 2.9). Air source regions from eastern flank stations are more diffuse, but show clear 
maxima in the YAB and Gran Chaco (GC) regions and significantly reduced advection from the 
SP. In contrast, the southern Altiplano station of Noel Mariaca shows strong air sourcing from 
the SP and GC regions, with a relatively reduced contribution from the YAB (Table 2.9, 15.3% 
vs 40.0% for Oruro).  
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Table 2.8. Correlation coefficient matrix comparing the δ18Op for all stations. Relationships that are significant at 
the p = 0.05 level are bolded and at the p = 0.10 level are italicized. 
 
El Choro 
Q
uillacas 
Salinas 
San Juan 
N
oel 
M
ariaca 
G
ran 
Chocaya 
Tupiza 
Tarija 
Entre Ríos 
Villam
ontes 
Oruro 0.734 0.745 0.631 0.357 0.044 0.676 0.805 0.746 0.754 0.641 
El Choro  0.855 0.413 0.214 0.702 0.753 0.778 0.386 0.665 0.659 
Quillacas   0.354 0.537 0.564 0.645 0.826 0.383 0.669 0.743 
Salinas    0.460 0.238 0.641 0.642 0.463 0.555 0.444 
San Juan     0.240 0.504 0.741 0.224 0.283 0.237 
Noel 
Mariaca      0.536 0.441 -0.223 0.346 0.294 
Gran 
Chocaya       0.828 0.480 0.604 0.666 
Tupiza        0.658 0.809 0.755 
Tarija         0.711 0.742 
Entre Ríos          0.786 
 
Figure 2.8. Spatiotemporal variability in central Andes annual mean weighted δ18Op. (a) All study area stations 
(unit is ‰, VSMOW). Individual year values are in black / gray symbols and station mean values are in solid red 
squares. Along the elevation transect (B-C), interannual variability is twice the magnitude at the low elevation 
stations than at the highest elevation station. Interannual variability in stations on the Altiplano is much larger than 
interannual variability along the elevation transect. A swath topographic profile representing local topography is 
shown below the isotopic values. (b) All available central Andes data. Averages from this study are squares, GNIP 
stations are diamonds, and data from Aravena et al. [1999] and Gonfiantini et al. [2001] are circles in Chile and 
Bolivia, respectively. Symbol fill color indicates the average δ18Op, with red (blue) values showing more (less) 
depleted δ18Op values. Background contours indicate 10-year amount-weighted annual mean δ18Op simulated by the 
REMOiso regional climate model [Insel et al., 2013, model years 1989-1998].  
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Table 2.9. Composite normalized areal mean DJF back-trajectory partitioning (percentage). 
Station 
Yungas-Amazon  
(13-15°S, 65-69°W) 
South Pacific 
(20-24°S, 69-71°W) 
Gran Chaco 
(24-26°S, 62-66°W) 
All Rain Only All Rain Only All Rain Only 
ORU 40.7 44.5 53.2 49.9 6.1 5.6 
QUI 26.4 40.0 65.1 49.6 8.5 10.3 
NMA 15.3 38.3 73.5 33.2 11.2 28.5 
TAR 30.0 36.0 37.6 25.0 32.4 39.0 
VMO 55.3 60.1 18.9 11.0 25.7 28.9 
 
   
Table 2.10. Correlations between DJF air source regions and Bolivian High latitude, monthly precipitation amount 
and δ18Op. Correlation coefficients are calculated using all available trajectories, or only trajectories resulting in 
precipitation at the station as forecasted by the ERA-Interim reanalysis dataset. Coefficients that are significant at 
the p = 0.05 level are bolded. 
 Oruro Quillacas Noel 
Mariaca 
Tarija Villamontes 
Bolivian High Latitude 
All available 
trajectories 
Yungas-Amazon (YAB) 0.004 -0.220 -0.614 -0.808 -0.027 
South Pacific (SP) 0.323 0.303 0.545 -0.890 -0.562 
Gran Chaco (GC) -0.099 -0.174 0.103 0.036 0.289 
Rain event 
trajectories 
only 
YAB -0.001 -0.202 -0.574 -0.731 -0.277 
SP -0.016 0.329 0.072 0.729 0.383 
GC 0.030 -0.138 0.509 0.199 -0.079 
Monthly Precipitation Amount 
All available 
trajectories 
YAB -0.009 0.306 0.028 -0.203 -0.414 
SP -0.057 -0.394 -0.417 0.149 -0.053 
GC 0.127 0.194 0.538 0.084 0.430 
Rain event 
trajectories 
only 
YAB -0.030 0.176 -0.265 -0.208 -0.030 
SP -0.120 0.107 0.319 0.515 -0.404 
GC 0.244 -0.295 0.020 -0.191 0.349 
Bolivian High Latitude 0.160 -0.094 -0.139 0.221 -0.577 
Monthly δ18Op 
All available 
trajectories 
YAB 0.093 -0.051 -0.140 -0.578 -0.282 
SP 0.236 0.205 0.547 0.252 0.161 
GC 0.164 -0.298 -0.563 0.404 0.203 
Rain event 
trajectories 
only 
YAB -0.056 0.135 0.052 -0.582 -0.347 
SP -0.048 -0.129 0.213 0.186 0.366 
GC 0.149 -0.004 -0.211 0.478 -0.005 
Bolivian High Latitude 0.663 0.409 0.079 0.463 0.560 
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Three major trends become clear from the mean partitioning between the three main air 
sources (Table 2.9). First, the northern Altiplano receives air parcels from the YAB more 
frequently than the southern Altiplano, consistent with prior regional climate model simulations 
[Insel et al., 2013]. Correspondingly, the frequency of air parcels arriving from the SP and GC 
regions on the plateau increases from north to south. Second, the frequency of YAB-derived air 
parcels is higher along the eastern flank than on the southern Altiplano. This result supports the 
strong correlations between northern Altiplano stations and percentage of YAB parcels (Table 
2.10). Finally, the eastern flank stations show diminished air sourcing from the SP and 
augmented air sourcing from the GC region compared to the plateau stations.  
The proportion of trajectories from the YAB converges to ~40% for all plateau stations 
when we calculate air source partitioning using only trajectories that co-occur with precipitation 
(Table 2.9). The tendency of YAB trajectories to have equal importance at all Altiplano stations 
during precipitation events suggests that plateau δ18Op variability is related to changes in the 
δ18O of YAB vapor and the partitioning of air between SP and GC sources. This pattern also 
indicates that moisture advection from the YAB is important for initiating precipitation on the 
southern Altiplano, but occurs less frequently overall. 
 
 
Figure 2.9. Composite main vapor trajectory maps for five central Andes stations. We binned available trajectories 
to a 0.75° grid and then calculated the frequency of a trajectory passing through each grid cell. White circles denote 
the station location. All stations exhibit high concentrations of source trajectories along three main pathways (a): 
from the Yungas-Amazon Basin (YAB), the South Pacific (SP) ocean along the Chilean margin, and the Gran Chaco 
(GC) region, east and southeast of the Altiplano. YAB trajectory frequencies decrease from the northern to southern 
Altiplano (a-c). In contrast, air sourcing along the eastern flank is more diffuse, but still tends to be from the YAB 
and GC regions (d-e). 
Percentage of Back Trajectories (DJF 2008-2013)
Oruro Quillacas Noel Mariaca Tarija Villamontes
YAB
GC
SP
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2.5.3 Temporal Variability of δ18Op and Air Sourcing 
Our measurements of central Andes δ18Op also show significant temporal variability. 
Amount weighted mean δ18Op varies from year to year for all stations, with higher interannual 
variability observed in the northern Altiplano and the eastern flank compared to the southern 
Altiplano (Figure 2.8). For example, annual δ18Op varied from -11.6‰ (July 2009-June 2010) to -
19.4‰ (July 2010-June 2011) at Quillacas and -5.3‰ (August 2008-June 09) to -9.8‰ (July 
2010-June 2011) at Tarija, but only varied from -13.1‰ (July 2009-June 2010) to -15.8‰ 
(August 2008-June 2009) at San Juan. Furthermore, the total range in annual average δ18Op 
observed on the plateau itself (~9‰) is approximately the same range as is observed across the 
entire elevation transect (Figure 2.8). 
 High interannual variability in mean annual δ18Op could have several different causes. 
First, interannual variability in the large-scale circulation could result in changes in moisture 
source partitioning between the Atlantic and Pacific Oceans as well as the YAB or GC regions. 
Air masses from each of these regions are likely isotopically distinct [Vuille et al., 2003a; Sturm 
et al., 2007; Insel et al., 2013], and variations in the relative balance of moisture advection in 
each region could alter isotopic compositions observed in the Central Andes. Alternatively, 
interannual variability could be related to remote precipitation processes. For example, 
anomalously high (low) precipitation upstream along a trajectory from the Central Andes could 
increase (decrease) rainout from an air parcel, and result in more (less) negative δ18Op values in 
the Central Andes. We investigate these two mechanisms below. 
2.5.3.1 Changes in Large-Scale Circulation and Air Sourcing 
Partitioning of air trajectories between YAB, SP, and GC pathways varies from year to 
year (Figure 2.10, Appendix 2D). For example, the northern Altiplano consistently receives YAB 
vapor more often than the eastern flank or the central and southern plateau (Figure 2.10). 
Variability in central Andes moisture sourcing can be related to the Bolivian High, as it guides 
moisture transport to the central Andes through its influence on upper level winds [Vuille et al., 
1998; Lenters and Cook, 1999; Vuille, 1999; Garreaud and Aceituno, 2001; Insel et al., 2013]. 
200 hPa winds from ERA-Interim show that the Bolivian High position varies from season to 
season. During our study period, the Bolivian High reached its most northerly position during the 
2011-2012 rainy season (centered at 15°S), and its most southerly position during the 2010-2011 
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rainy season (centered at 20°S). Positions in the other three years are all closer to the northern 
extreme, with maximum monthly northward (southward) excursions to 13°S (21°S) (Appendix 
2D).  
Despite considerable variability in both the position of the Bolivian High and air sources, 
we observe few significant correlations between air sourcing and the Bolivian High. For 
example, we observed statistically significant (p = 0.05) negative correlations between the 
Bolivian High latitude and YAB and SP trajectory densities at Noel Mariaca (r = -0.614 and 
0.545, respectively) and Tarija (r = -0.808 and 0.890) stations (Table 2.10). In contrast, we found 
no statistically significant relationships between the Bolivian High and GC region parcel 
amounts (Table 2.10). If we limit back-trajectories to those that co-occur with station 
precipitation, the same patterns emerge (Table 2.10). In this case, however, the relationship 
between SP air sourcing and Bolivian High latitude at Noel Mariaca is no longer significant (r = 
0.072). 
 
Figure 2.10. Rainy season trajectory frequencies for five stations in this study from the three main source regions. 
(a-c) Frequency of DJF trajectories sourced from the YAB (a), SP (b), and GC (c) regions using all trajectories. (d-
f) DJF trajectory densities for only those resulting in precipitation at the station. Partitioning of air sources between 
stations changes on an interannual basis. Precipitation occurs most along the YAB and GC trajectories for all 
stations and less along the SP trajectories compared to all trajectories. We did not calculate values for Tarija and 
Villamontes for the 2011-12 and 2012-13 rainy seasons as the stations had been retired at this point. 
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 Linear regressions between monthly precipitation amount and monthly δ18Op values show 
few strong and significant (p = 0.05) relationships with trajectory pathway partitioning or 
Bolivian High latitude (Table 2.10). No stations have a statistically significant relationship 
between precipitation amount and the Bolivian High latitude; only Oruro exhibits a significant 
relationship between monthly δ18Op values and the Bolivian High latitude (r = 0.663). Similarly, 
no salient relationships are found between monthly δ18Op and trajectory densities. The only 
significant relationships between monthly δ18Op and trajectory densities (SP and GC) we found 
are at Noel Mariaca (r = 0.547 and -0.563 respectively) (Table 2.10). In summary, although the 
position of the Bolivian High influences air source pathways for parts of the central Andes, 
particularly for the southern plateau and portions of the eastern flank, it is not significantly 
correlated with either local precipitation amount or δ18Op.  
2.5.3.2 Remote Precipitation Processes 
Interannual variability in precipitation amount along prominent air trajectories may result 
in differences in central Andean δ18Op through changes in the degree of upstream parcel rainout 
and vapor recycling and mixing resulting from upstream convection. Vapor sourced from regions 
with below average precipitation are likely to have above average (i.e., less negative) isotopic 
compositions, whereas vapor sourced from regions with above average precipitation are likely to 
have below average (i.e., more negative) isotopic compositions. To assess this possibility, we 
calculated areal average DJF precipitation anomalies for the Greater Amazon Basin (GAB, 
7.5°N-10°S, 50-75°W) and Chaco-Pampean plain (CPP, 20-35°S, 55-65°W) (Figure 2.11a). 
These upstream regions feed vapor to the YAB and GC, respectively, and connect them to their 
oceanic vapor source (Figures 2.2a and 2.11a). We calculated DJF anomalies from the 1998-
2013 mean for each rainy season for the GAB and CPP using the TRMM 3B43 dataset [Huffman 
et al., 2007]. SP parcels originate under a region of strong atmospheric subsidence and rarely 
lead to precipitation upstream of the Altiplano [Garreaud et al., 2010; Insel et al., 2010]; thus, 
we did not calculate precipitation anomalies here. 
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Figure 2.11. DJF climatic conditions relevant to central Andes δ18Op during the study period. Mean DJF 200 hPa 
winds (vectors, m/s) and anomalous 200 hPa geopotential height (contours, m) (a-e), anomalous DJF 850 hPa 
winds (vectors, m/s) and anomalous OLR (contours, W/m2) (f-j), and anomalous DJF precipitation (k-o) for each 
rainy season from 2008 to 2013. Anomalies in the top two rows (a-j) were calculated as departure from the DJF 
1979-2013 average using ERA Interim reanalysis data and as departure from the 1998-2013 DJF average using the 
TRMM3B43 dataset in the bottom row (k-o). The Greater Amazon Basin (GAB) and Chaco-Pampean Plain (CPP) 
are outlined in (a). 
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 GAB and CPP precipitation amounts vary strongly from year to year. GAB precipitation 
was 23.0, 9.3, 9.4, and 2.3% above average during the 2008-09, 2010-11, 2011-12 and 2012-13 
rainy seasons, respectively (Figure 2.11k,m,n,o), and 7.8% below average during DJF 2009-10 
(Figure 2.11l). Positive (negative) GAB precipitation anomalies occur with more (less) negative 
annual average δ18Op for both the northern and southern Altiplano (Figure 2.12a). Stations along 
the eastern flank, however, show no clear relationship between annual average δ18Op and GAB 
precipitation anomalies. CPP precipitation was 42.8 and 8.5% above average during the 2009-10 
and 2010-11 rainy seasons (Figure 2.11l,m) and 22.0, 16.7, and 9.5% below average 
precipitation during the 2008-09, 2011-12, and 2012-13 (Figure 2.11k,n,o) rainy seasons. 
Positive (negative) precipitation anomalies in the CPP region occur with more (less) negative 
annual average δ18Op for low elevation eastern flank sites (< 2500 m, Tarija, Entre Rios, and 
Villamontes). We observe no relationships between precipitation anomalies and annual average 
δ18Op at the high elevation eastern flank sites or on the plateau (Figure 2.12b). Both the GAB and 
CPP regions received above average precipitation during the year with the most negative δ18Op 
values across the northern Altiplano and eastern flank (2010-2011). No other year during our 
study exhibited above average precipitation for both regions. Further, the strong southerly 
excursion of the Bolivian High occurs with increased advection from GC and CPP regions 
relative to other years studied (Figure 2.11c, h; Appendix 2D). In contrast, the year with the least 
negative δ18Op values across the northern Altiplano and eastern flank (2009-10) is the only year 
with below average precipitation in the GAB (Figure 2.11l). We observe that the interannual 
variability is largely consistent with precipitation anomalies in major air source regions, 
supporting the idea that remote and upstream precipitation amount anomalies are preserved in 
and provide a primary control on central Andes δ18Op values and patterns. Studies investigating 
precipitation along the eastern Andes flank [Vimeux et al., 2005; 2011], the isotopic composition 
of ice cores [Grootes et al., 1989; Thompson et al., 2013], and calcite in lake sediment cores 
[Bird et al., 2011], have also concluded that the isotopic composition of high central Andes 
precipitation depends on processes in the Amazon basin. 
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Figure 2.12. Variability in δ18Op for the northern Altiplano (ORU, ECH, QUI, SAL), southern Altiplano (SJU, 
NMA), high elevation eastern flank (GCH, TUP) and low elevation eastern flank (TAR, ERI, VMO) associated with 
anomalies in the Greater Amazon Basin (GAB) (a) and Chaco-Pampean Plain (CPP) (b) precipitation. Periods with 
above average precipitation are shaded green. Positive GAB precipitation anomalies correspond with more 
negative Altiplano δ18Op values. Positive CPP precipitation anomalies correspond with more negative δ18O values 
at the low elevation stations along the plateau flank. 
2.6 Discussion 
2.6.1 Controls on central Andes δ18Op  
Elevation is the strongest regional control on δ18Op at multiyear timescales (Figures 2.7 and 2.8). 
Adiabatic ascent of air masses up the eastern Andean flank promotes condensation from air 
parcels and subsequent and progressive removal of heavy isotopes via Rayleigh distillation, 
resulting in an inverse relationship between surface elevation and δ18Op [Dansgaard, 1964; 
Siegenthaler and Oeschger, 1980; Rowley and Garzione, 2007]. In addition, convective 
precipitation both within and upstream of the central Andes can drive measured δ18Op to lighter 
compositions than anticipated by Rayleigh distillation, and further introduce interannual 
variability into δ18Op with a given increase in elevation [Lee and Fung, 2007; Brown et al., 2008; 
Risi et al., 2008; Moore et al., 2014].  
 Central Andes δ18Op is highly variable in space and time (Figures 2.5a, 2.6a, and 2.8a). 
Our δ18Op time series indicate that month-to-month changes from station-to-station track each 
other in the northern Altiplano and along the eastern Andean flank (Table 2.8). Southern 
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Altiplano δ18Op correlates poorly with eastern flank and northern Altiplano δ18Op, indicating a 
difference in δ18Op controls. We interpret the high interannual variability observed to be 
principally related to precipitation anomalies upwind of the central Andes based on their close 
association with δ18Op anomalies (Figure 2.12). Increased precipitation upstream of the central 
Andes likely led to vapor that was more depleted in heavy isotopes through two distinct effects. 
First, processes related to atmospheric convection in source regions, including partial 
evaporation of raindrops, vapor recycling, and increased entrainment and subsequent downward 
mixing of isotopically lighter mid and upper troposphere vapor [Lee and Fung, 2007; Risi et al., 
2008; Moore et al., 2014], all contribute to depleting low-level vapor in heavy stable isotopes. 
Second, increased upwind precipitation also enhances the fraction of water vapor removed from 
a parcel through its transport from the Atlantic to the central Andes, which would result in lighter 
isotopic compositions through Rayleigh distillation. We use back-trajectory analysis to 
demonstrate that large-scale circulation in South America, namely the position of the Bolivian 
High, can alter the relative importance of vapor source regions (Figures 2.9 and 2.10; Tables 2.9 
and 2.10, Appendix 2C). As a result, the Bolivian High modulates the influence of upstream 
precipitation anomalies from different regions of the continent. For example, when the Bolivian 
High occurs toward the northern end of its range, vapor advection decreases from the GC and 
CPP regions. In this way, the large-scale circulation can shield central Andean δ18Op from the 
influence of the strong precipitation anomalies observed in the CPP region (Figure 2.11g). Our 
δ18Op data analysis affirms prior work that notes strong associations between remote source 
region precipitation anomalies and eastern flank δ18Op [e.g., Vimeux et al., 2005; 2011; Samuels-
Crow et al., 2014a], and extends them into the plateau itself. These results are also consistent 
with interpretations of lake sediment and ice cores relating δ18O compositions to remote 
precipitation intensity in the Amazon Basin [e.g., Grootes et al., 1989; Hoffmann, 2003; Vimeux 
et al., 2009; Bird et al., 2010; 2011; Vuille et al., 2012]. 
 We cannot rule out a potentially important role for local scale controls, particularly at 
high temporal frequencies and small spatial scales. For example, δ18Op at two different stations at 
similar elevations on the Altiplano for the same month were observed to vary by up to 13‰ 
(Figure 2.5a). The magnitude of this variability is unlikely to be explained by regional scale 
circulation controls and their influence on moisture sourcing. Therefore, we suggest that local 
variability in convective precipitation or valley-ridge scale forcing of moisture convergence and 
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convection may also play a role in the observed variability in central Andean δ18Op values 
[Giovannettone and Barros, 2009]. 
 Our results support the influence of the Bolivian High position in partitioning air sources 
for portions of the central Andes inferred from climate modeling studies [Vuille et al., 1998; 
Vuille and Werner, 2005; Insel et al., 2013]. For example, we observed a uniform dependence 
across the plateau for YAB sourced air during precipitation events (Figure 2.9, Table 2.9). More 
broadly, however, we find no relationship between the Bolivian High latitude, local precipitation 
amount, and δ18Op (Table 2.10). This result calls into question links drawn from climate model 
results between the Bolivian High, moisture sources, precipitation amount, and central Andes 
δ18Op [e.g., Vuille et al., 2003a; Insel et al., 2013]. Our δ18Op results indicate that upstream 
precipitation anomalies influence δ18Op values more than the position of the Bolivian High. 
Additionally, multiyear amount weighted annual mean δ18Op values derived from the REMOiso 
regional isotope-tracking general circulation model are heavier than observations by a few per 
mil at high elevations (Figure 2.8b) [Insel et al., 2013]. We attribute these differences to the 
regional climate model grid, which may still be too coarse (~55 km) to resolve important 
topographic features and truncates the highest peaks. Despite this, the model captures the spatial 
patterns well. Regardless, our dataset, climate model simulations, and lake sediment calcite and 
glacial ice δ18O values highlight the importance of remote processes to central Andes δ18Op. We 
suspect that some climate model parameterizations may be responsible for the mechanistic 
differences inferred. In particular, limitations in precipitation parameterization schemes used in 
regional climate model studies might overstate (understate) the role of local (remote) 
precipitation processes. Many models simulate coupling between the land surface and 
atmosphere that is too strong, as shown by Amazon precipitation and evapotranspiration fluxes 
that exceed observations by ~20% [Insel et al., 2013]. Additionally, simulated precipitation 
amounts at the Andean flank are too large and are a result of overestimated moisture 
convergence in regions with steep topography [Codron and Sadourny, 2002; Bala et al., 2008; 
Insel et al., 2013]. Finally, assumptions made in model parameterizations of convection also 
influence the simulated δ18Op patterns [e.g., Lee et al., 2009b]. Bias between observed and 
simulated δ18Op patterns and values is uncertain and likely model dependent because different 
models often employ different convection schemes. Despite these uncertainties, climate model 
simulations remain valuable tools to understand the dynamic processes influencing δ18Op. 
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2.6.2 ENSO and central Andes δ18Op  
ENSO introduces significant interannual variability into South American climate patterns 
[Garreaud et al., 2009]. This variability likely influences central Andes δ18Op values. ENSO 
variability significantly impacts precipitation amount and large-scale circulation on the Altiplano 
as well as in the main source regions such as the Amazon Basin and southeastern South America 
[Garreaud and Battisti, 1999; Vuille et al., 2000; Garreaud et al., 2009]. In general, ENSO is 
associated with strong precipitation anomalies in different regions and results in more (less) 
negative δ18Op values when source regions experience enhanced (suppressed) rainout [Garreaud 
et al., 2009; Insel et al., 2013]. ENSO variability has also been observed in central Andes ice 
cores [Henderson et al., 1999; Bradley et al., 2003; Vimeux et al., 2009]. 
Several ENSO events occurred during the study period: a relatively strong El Niño 
occurred during winter 2009-2010, while a relatively strong La Niña occurred during 2010-2011 
and weak La Niña conditions were observed during 2008-2009 and 2011-2012 [after Smith et al., 
2008; National Center of Environmental Prediction, 2014]. On the Altiplano, El Niño (La Niña) 
conditions are frequently associated with decreased (increased) moisture advection from the east 
by strengthened (weakened) westerly mid- and upper-level winds [Vuille, 1999; Vuille et al., 
2000; Garreaud and Aceituno, 2001]. This trend is consistent with observed shifts in the position 
of the Bolivian High during the study period during the strongest ENSO events. During the 
2010/2011 La Niña, the Bolivian High was at its southernmost position during the study (Figure 
2.11c), promoting abnormally strong easterly winds over the Altiplano and facilitating moisture 
convergence from both the GAB and CPP regions and driving δ18Op to more negative values. In 
contrast, during the 2009/10 El Niño, the Bolivian High was positioned further northward and 
abnormally strong (Figure 2.11b), enhancing upper level westerly winds and inhibiting moisture 
convergence, suppressing parcel rainout, and causing less negative δ18Op values.  
 ENSO influences the GAB in the same manner as it influences the Altiplano. El Niño (La 
Niña) events are associated with decreased (increased) DJF precipitation in the GAB. This 
pattern occurs with increased (decreased) continental subsidence coincident with increased 
(decreased) convection off the western coast of South America [Marengo, 1992; Liebmann and 
Marengo, 2001]. Together, this pattern facilitates decreased (increased) parcel rainout and less 
(more) negative δ18Op values. This pattern is observed during this study, with positive 
precipitation anomalies observed in all La Niña years and strong negative precipitation 
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anomalies observed during the lone El Niño year. ENSO also similarly affects precipitation 
amounts along the eastern margin, potentially through changes in the SALLJ [Ronchail et al., 
2005; Ronchail and Gallaire, 2006]. In contrast, ENSO manifests in the opposite pattern in the 
CPP compared to the Altiplano or GAB, as a result of changes in the mid-latitude jet [Barros and 
Silvestri, 2002; Silvestri, 2004]. This pattern is generally observed in our study except during the 
2010-2011 rainy season, when precipitation in the CPP is above average despite a strong La 
Niña, further facilitating more negative central Andean δ18Op. Our results indicate that the 
relationship between central Andes δ18Op and ENSO is complex, as previously suggested in 
interpretations of regional ice cores [e.g., Henderson et al., 1999; Vimeux et al., 2009]. 
2.6.3 Implications for Paleoclimate and Paleoaltimetry 
The isotopic composition of precipitation is preserved in proxy materials that trap or form 
from precipitation (e.g., ice cores and hydrated volcanic glass), or form in equilibrium with 
precipitation (e.g., pedogenic carbonates and authigenic clays). In the central Andes and South 
America as a whole, these proxies have been used to constrain and understand changes in 
paleohydrology [e.g., Baker et al., 2001; Wang et al., 2004; Ekdahl et al., 2008], paleoclimate 
[e.g., Thompson et al., 1998; Vimeux et al., 2009; Mulch et al., 2010], and paleoelevation [e.g., 
Garzione et al., 2008; Leier et al., 2013; Saylor and Horton, 2014]. A challenge for interpreting 
these proxy records is that the modern distribution and spatial variability of modern water 
isotopologues have historically been poorly known, particularly across the Altiplano. Moreover, 
the data demonstrate a high degree of interannual and spatial variability in the region, an 
understanding of which is required for informed interpretations of the paleoclimate and 
paleoaltimetric proxy record [e.g., Vuille et al., 2003a; Lee et al., 2009a; Lewis et al., 2010; Insel 
et al., 2012]. High variability is also observed in modern Nevado Sajama snow δ18O [Hardy et 
al., 2003], indicating that this variability can also be reflected in materials such as ice that 
preserve a δ18O sequence. This high interannual variability collectively indicates that modern 
observational records with short time spans may be biased toward climatic extremes. For 
example, data from the Yungas-Altiplano transect in Gonfiantini et al. [2001] spans the 1983 El 
Niño and the 1984 La Niña. Thus, none of the modern precipitation data prior to this study 
actually constrain δ18Op patterns during a neutral ENSO phase. Therefore, modern isotopologue 
distributions can be biased and hence be poor representations of the past. This reality may impact 
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how robust interpretations of proxy compositions are when they are compared to possibly poorly 
representative modern values. 
The impact of this modern observational bias will vary depending on the length of time 
represented by the proxy. The frequency of climate variability resolved by proxies varies by 
proxy type and age, and ranges from subannual to several millennia. Ice and lake sediment cores 
record subannual to decadal variability [Thompson et al., 1984; Bird et al., 2010; 2011; 
Thompson et al., 2013], while pedogenic carbonates and hydrated volcanic glass acquire their 
isotopic composition over thousands of years [Cerling and Quade, 1993; Friedman et al., 1993; 
Mulch and Chamberlain, 2007; Quade et al., 2007]. As a result of the wide range of timescales 
encapsulated by proxy materials, we suggest that our results have greater implications for proxies 
with longer integration periods for two primary reasons. First, as ice cores and lake cores resolve 
subannual to decadal variability, the large range of (near) modern isotopic compositions is well 
known [Hardy et al., 2003], as is its relationship to tropical climate variability [e.g., Bradley et 
al., 2003; Bird et al., 2010]. Second, for proxies that form over longer periods (century to 
millennia), it remains less clear whether the compositions preserved in pedogenic carbonates or 
hydrated volcanic glass represent long-term mean annual conditions, seasonal conditions, or 
even extreme conditions [e.g., Cerling and Quade, 1993; Breecker et al., 2009; Peters et al., 
2013]. Our extended (~5 years) isotopic record presented here can be used to better evaluate the 
fidelity with which various proxies represent the environments under which they form.  
Finally, controls on central Andean δ18Op vary spatially, and therefore, proxies from 
different regions may not record equivalent processes nor be directly comparable due to the 
strong north-south gradients we observed. It is also likely these gradients were not constant 
throughout the Cenozoic due to the strong alteration of South American climate induced by the 
rise of the Andes [e.g., Ehlers and Poulsen, 2009; Insel et al., 2010; Mulch et al., 2010; Poulsen 
et al., 2010; Barnes et al., 2012]. Furthermore, Andean uplift may have contributed to the 
evolution of modern ENSO dynamics [Feng and Poulsen, 2014]. Thus, the strong influence of 
atmospheric circulation on central Andes δ18Op compels future paleometeoric water isotopologue 
studies to carefully consider that coevolving changes in atmospheric circulation, climate, and 
topography combine to influence these proxy records in ways that remain difficult to simplify 
and disentangle. Despite uncertainties and limitations, further (paleo)climate model simulations 
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and field-based observations offer a multi-pronged approach for disentangling these coupled 
processes and addressing proxy interpretation ambiguities. 
2.7 Conclusions 
We address key gaps and uncertainties in our observations and understanding of δ18Op 
patterns in modern central Andes rainfall. Elevation provides the dominant control across 
multiyear timescales. However, the δ18Op-elevation relationship varies in space and time and 
does not adequately predict δ18Op across the Bolivian Altiplano. We also show that observed 
interannual variability in δ18Op is directly related to South American synoptic circulation.  First, 
we confirm anomalous precipitation amounts in upwind air source regions control both Altiplano 
and eastern flank δ18Op. The most likely explanation is changes in the fraction of water vapor 
removed from an air parcel upwind, which influences Altiplano δ18Op via convective processes 
and Rayleigh fractionation associated with parcel rainout [Vimeux et al., 2005; Vuille and 
Werner, 2005; Samuels-Crow et al., 2014a]. Second, we show that the Bolivian High modulates 
the influence of the Amazon and Gran Chaco air source regions, and thus, their potential effect 
on central Andes δ18Op. These controls are consistent with prior studies along other parts of the 
Eastern Cordillera in the Andes [Vimeux et al., 2005; 2011], but we extend them to the central 
plateau. Further, our results support insights from isotope-tracking climate models that central 
Andes δ18Op patterns respond to continental-scale climate variability [e.g., Vuille et al., 2003a; 
Vuille and Werner, 2005; Insel et al., 2013]. However, our results suggest that models 
overestimate the direct role of large-scale circulation and underestimate the role of anomalous 
upwind precipitation, which we attribute to shortcomings in the model parameterization of 
precipitation. On short timescales (1 month to < 1 year), we find variability on small spatial 
scales (~50 km) that cannot be explained by elevation nor aligns with regional-scale circulation 
patterns. We speculate that local variability in precipitation amount and convection intensity 
further depletes heavy isotopes in precipitation leading to more negative δ18Op values than would 
be otherwise expected. Finally, we find high interannual variability (approaching 50% of the 
mean) in the average isotopic lapse rate often used in paleoelevation reconstructions [e.g., 
Rowley and Garzione, 2007], which is consistent with isotope-tracking climate model results 
[Insel et al., 2013]. Prior and limited observations of modern central Andes δ18Op coincided with 
ENSO extremes, and thus, have likely been biased by such climatic extremes and hence may not 
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be representative over geologic timescales. Our longer dataset better constrains the role of 
climate variability on central Andes δ18Op and elucidates a close link with South American 
circulation. Therefore, we recommend that future paleoclimate and paleoaltimetric studies based 
on δ18Op require both an (a) understanding of paleocirculation dynamics, and (b) improved 
acknowledgement, perhaps by incorporating more conservative uncertainty estimates, for the 
natural variability in δ18Op-elevation relationships across space and time.  
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Appendix 2A. Monthly meteorological and isotopic records for central Andes 
micrometeorological stations 
 
Table 2.11. Monthly meteorological and isotopic composition of precipitation for eleven central Andes 
micrometeorological stations 
1. Oruro, Oruro Department (18.0°S, 67.1°W, 3718 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 6 26 5.9    
2008 9 8.1 27 0.3    
2008 10 10.8 31 18.9    
2008 11 12.8 32 13.3    
2008 12 12.4 39 70.1  -11.1 -68.5 
2009 1 12.7 40 61.9  -11.1 -69.2 
2009 2 12.5 45 91.3  -20.1 -143.6 
2009 3 11.6 42 53.9  -17.2 -123.7 
2009 4 10.4 36 15.1  -20.0 -148.5 
2009 5 7.2 49 0    
2009 6 3.4 31 0    
2009 7 4.4 40 6.9    
2009 8 5.1 27 0    
2009 9 8.6 33 51.5  -8.6 -53.4 
2009 10 11.1 30 3.7  -5.3 -34.8 
2009 11 13.2 43 34.4  -8.3 -53.4 
2009 12 13.3 70 145.8  -19.0 -134.4 
2010 1 13.5 82 102.2  -11.0 -69.8 
2010 2 14.2 77 87.6  -16.4 -118.5 
2010 3 13.2 69 39.3  -7.8 -42.5 
2010 4 11.1 68 21.8  -12.9 -87.3 
2010 5 7.7 54 10  -11.2 -72.7 
2010 6 6.6 46 0    
2010 7 4.6 31 0    
2010 8 6.9 38 12.3  -4.8 -14.5 
2010 9 10.2 36 14.4  -7.4 -39.2 
2010 10 10.4 48 24.7  -8.6 -50.2 
2010 11 11.9 33 0    
2010 12 14.1 59 48.3  -15.4 -109.2 
2011 1 13.9 72 15.5  -21.4 -156.0 
2011 2 12.1 84 169.1  -23.3 -169.4 
2011 3 11.7 84 57.4  -16.4 -117.1 
2011 4 10.7 67 13.9  -17.5 -122.1 
2011 5 7.5 60 1    
2011 6 6.3 48 0    
2011 7 5.5 48 4.5    
2011 8 7.6 42 1.2  -14.8 -110.2 
2011 9 9.6 50 6.2  -4.0 -13.3 
2011 10 10.8 44 0.7  -10.7 -69.1 
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2011 11 13.2 62 21.7  -10.6 -68.7 
2011 12 15 76 110.5  -15.8 -111.1 
2012 1 12.5 80 125  -13.2 -88.3 
2012 2 11.9 85 83.6  -17.3 -123.9 
2012 3 11.4 80 113.4  -20.2 -142.5 
2012 4 10.9 73 14.3    
2012 5 7.5 45 1    
2012 6 4.7 39 0    
2012 7 5.3 43 4.1    
2012 8 7 44 0    
2012 9 10.3 42 1.5  -4.6 -20.1 
2012 10 12.4 40 12.9  -8.0 -44.5 
2012 11 13.3 41 13.5  -12.1 -84.5 
2012 12 13.2 71 69.6  -17.0 -124.0 
2013 1 12.8 82 97.1  -12.6 -83.5 
2013 2 12.4 83 97.5  -14.5 -98.6 
2013 3 12.7 76 34.6  -14.4 -100.2 
2013 4 9.5 56 2.2    
 
2. El Choro, Oruro Department (18.4°S, 67.1°W, 3607 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 7.6 40 4.9 11.2   
2008 9 10 46 17.3 10.0   
2008 10 11.3 52 33.3 10.1   
2008 11 12.6 54 49.3 13.9   
2008 12 11 79 108.3 26.5 -12.8 -80.6 
2009 1 11 80 68.6 33.4 -11.2 -74.9 
2009 2 11.2 82 115.9 40.5 -28.0 -206.5 
2009 3 10.6 78 80.1 33.8 -16.8 -117.4 
2009 4 9.6 71 23.1 13.8 -16.6 -121.0 
2009 5 8.4 49 2.5 12.4 -9.9 -67.8 
2009 6 5.8 31 12.5 17.2   
2009 7 7.2 40 8.1 12.5 -11.4 -73.1 
2009 8 8 27 2.8 14.3   
2009 9 11.5 33 35 13.8 -6.1 -35.6 
2009 10 13.5 30 29.4 11.0   
2009 11 14.8 43 59.9 25.5   
2009 12 12.8 70 157.8 33.6 -7.1 -45.1 
2010 1 12.2 82 115.7 25.2 -12.5 -81.0 
2010 2 12.8 77 81.8 40.9 -17.6 -126.9 
2010 3 12.5 69 24.6 15.9 -6.5 -38.0 
2010 4 11.2 68 43.6 14.0 -10.7 -73.9 
2010 5 9.3 54 9.1 16.9 -12.0 -82.7 
2010 6 8.4 46 0.4 10.7   
2010 7 7.4 31 5.8 11.9   
2010 8 9.8 38 10 11.4   
2010 9 11.3 36 23.9 11.6   
2010 10 11.6 48 52.1 11.0 -5.8 -24.4 
2010 11 13.3 33 40.9 10.4 -8.6 -53.8 
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2010 12 13.5 59 77.6 21.2   
2011 1 12.3 72 58.1 17.7 -13.4 -95.2 
2011 2 10.7 84 272.8 53.7 -25.3 -186.0 
2011 3 10.6 84 52.2 29.0 -18.2 -132.2 
2011 4 10.4 67 18.8 12.1   
2011 5 8.4 60 6.6 14.2   
2011 6 7.5 48 4.3 12.8   
2011 7 6.4 48 6.4 19.8 -13.3 -97.4 
2011 8 8.8 42 24 11.8   
2011 9 9.9 50 7.7 11.9   
2011 10 11.6 44 4.6 9.6   
2011 11 12.2 62 20.9 13.8   
2011 12 11.4 76 164.7 27.7 -13.8 -94.0 
2012 1 10.9 80 137.1 40.1 -12.3 -84.0 
2012 2 10.6 85 145.3 44.3 -16.5 -119.0 
2012 3 10.2 80 81 25.4 -17.5 -129.6 
2012 4 10 73 14.2 16.4   
2012 5 8.2 45 9.4 17.4   
2012 6 7.3 39 3.9 16.9   
2012 7 7.4 43 6.5 16.6   
2012 8 8.6 44 4.5 9.2   
2012 9 11.1 42 6.4 10.0   
2012 10 13 40 15.6 9.4   
2012 11 14 41 18.1 15.8   
2012 12 12.5 71 76.2 24.7   
2013 1 11.1 82 145.9 53.5   
2013 2 11.1 83 110.9 35.0   
2013 3 11.4 76 21.7 11.7   
2013 4 10.1 56 1.1 12.3   
 
3. Quillacas, Oruro Department (19.2°S, 66.9°W, 3780 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 6.9 14 1.4    
2008 9 9.1 10 0    
2008 10 12.7 13 0    
2008 11 14.5 18 0    
2008 12 14.9 47 70.2  -12.4 -81.5 
2009 1 14.5 61 51.9  -10.8 -69.5 
2009 2 14.8 72 60.7  -24.5 -177.8 
2009 3 13 69 38.2  -17.5 -123.5 
2009 4 11.7 56 10.8  -17.5 -123.5 
2009 5 7.9 27 0    
2009 6 4.4 14 0    
2009 7 6.5 19 0    
2009 8 7.7 12 0    
2009 9 11.1 13 0    
2009 10 14.2 11 0    
2009 11 16.9 36 21  -4.5 -22.4 
2009 12 17 49 45.2  -13.2 -89.8 
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2010 1 16.9 68 69.2  -10.8 -68.9 
2010 2 17 65 93.3  -13.6 -95.0 
2010 3 15.6 60 13.8  -15.0 -107.4 
2010 4 9 48 20 24.4 -9.6 -65.2 
2010 5 6.2 31 15.5 20.2 -10.5 -66.6 
2010 6 5.4 21 2.7 14.9 -11.3 -68.3 
2010 7 3.9 14 3 22.8   
2010 8 7.1 16 3 11.1   
2010 9 8.7 15 8.9 23.8   
2010 10 10.6 13 30.1 24.8 -7.5 -43.5 
2010 11 12.2 13 74.7 20.1   
2010 12 13.4 31 70.7 17.2 -11.3 -79.2 
2011 1 15.1 45 27.9  -14.3 -104.1 
2011 2 13.5 80 179.7  -27.3 -200.5 
2011 3 12.9 75 61  -18.8 -133.5 
2011 4 10.3 47 15.2  -18.4 -133.6 
2011 5 6.9 36 0    
2011 6 6 25 0    
2011 7 3.7 22 0    
2011 8 7.2 18 0  -16.3 -118.1 
2011 9 7.2 27 0    
2011 10 7.4 14 0    
2011 11 12.8 29 0    
2011 12 11.5 45 107.7  -16.6 -118.9 
2012 1 9.9 73 77.4 30.3 -14.9 -102.8 
2012 2 9.8 80 97.4 38.6 -16.7 -118.5 
2012 3 9.2 71 46.2 18.5 -19.2 -141.4 
2012 4 8.8 49 16.9 15.8 -17.4 -128.8 
2012 5 5.7 27 5.4 22.9 -15.2 -107.9 
2012 6 3.8 20 7.9 21.1   
2012 7 4.3 20 4.2 22.1   
2012 8 6.3 20 0.5 16.1   
2012 9 9.3 23 7.3 14.7   
2012 10 11.5 12 4.8 14.9   
2012 11 13.6 17 22.9 18.9   
2012 12 11.8 63 65.6 16.7   
2013 1 10.3 72 134.7 58.1 -15.4 -107.9 
2013 2 9.8 76 149.7 35.9 -8.8 -50.0 
2013 3 9.8 55 20.4 16.2   
2013 4 7.7 33 5.3 15.7   
 
4. Salinas de Garci Mendoza, Oruro Department (19.7°S, 67.6°W, 3719 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 4.9 12 8.3 13.1   
2008 9 8 9 20.4 9.3   
2008 10 11.3 12 24.7 10.7 -0.6 9.5 
2008 11 12.7 16 19.9 12.0   
2008 12 13 31 29.9 19.4 -16.4 -113.1 
2009 1 12.5 46 37.6 30.6 -16.7 -114.9 
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2009 2 12.1 59 32.3 33.5 -16.9 -120.8 
2009 3 9.5 63 33.9 30.3 -22.0 -158.4 
2009 4 9.2 45 1 11.4 -16.3 -124.5 
2009 5 5.9 24 8.7 11.9   
2009 6 3.6 12 35.3 16.7   
2009 7 4 18 9.6 12.1   
2009 8 5.3 10 9.4 15.9   
2009 9 9 13 24 13.4   
2009 10 12 11 4.2 8.9   
2009 11 14.5 27 4.2 23.2 -11.8 -82.3 
2009 12 14.2 32 77.6 32.3 -16.5 -118.0 
2010 1 13.1 53 17.9 24.3 -13.1 -89.4 
2010 2 13.4 53 57.4 32.6 -13.9 -97.8 
2010 3 12.7 47 24.4 15.4 -3.3 -15.8 
2010 4 10.3 36 0.7 10.8 -9.3 -68.8 
2010 5 6.5 27 15.9 11.7 -9.2 -68.9 
2010 6 6.1 18 0.7 10.3 -9.3 -56.9 
2010 7 4.5 11 7.9 12.1 -9.0 -56.4 
2010 8 7.2 14 2.9 11.8   
2010 9 9.2 12 9.3 11.9   
2010 10 10.4 13 22.5 10.0 -9.7 -70.2 
2010 11 11.8 14 25.7 10.9 -9.7 -70.3 
2010 12 13.8 27 5.5 19.5 -9.1 -60.0 
2011 1 14.1 36 40.8 14.0 -20.3 -147.9 
2011 2 10.8 76 194.6 53.2 -19.2 -137.9 
2011 3 10.1 65 18.9 27.6 -18.4 -130.3 
2011 4 9.2 37 7.7 11.2   
2011 5 6.7 28 0 15.4   
2011 6 5.4 22 0 16.4   
2011 7 4.3 21 0 19.9   
2011 8 6.3 15 0 13.1   
2011 9 8.8 22 0 14.1   
2011 10 10.4 13 0 9.6   
2011 11 13.9 20 0 12.6   
2011 12 13.1 35 104.9 26.4 -17.1 -139.2 
2012 1 10.5 71 92.9 36.3 -20.7 -154.1 
2012 2 10.5 77 110 38.4 -7.4 -80.7 
2012 3 10 66 42.2 19.7 -10.7 -91.4 
2012 4 9.1 45 1 14.6 -7.2 -80.1 
2012 5 6.2 25 2.5 24.2   
2012 6 4.2 19 6.9 18.2   
2012 7 4.6 18 25.2 14.9   
2012 8 6.7 17 6.6 9.9   
2012 9 9.9 19 3.5 9.3   
2012 10 11.6 12 2.6 8.6   
2012 11 13.6 15 5 14.6   
2012 12 13 49 21.2 26.5   
2013 1 11.8 56 33.5 48.4   
2013 2 10.9 69 25.6 31.3   
2013 3 10.8 45 16.7 9.9   
2013 4 8.7 24 1.7 9.2   
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5. San Juan del Rosario, Potosí Department (20.9°S, 27.8°W, 3663 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 5.1 12 0    
2008 9 7 11 0    
2008 10 10.3 14 0    
2008 11 11.9 14 0    
2008 12 12.4 32 16  -9.9 -68.9 
2009 1 9.3 50 2.6  0.4 20.8 
2009 2 9.2 62 8.2  -15.4 -107.1 
2009 3 7.2 67 33  -20.8 -149.1 
2009 4 6.8 50 4.6  -11.2 -72.6 
2009 5 6.5 19 0    
2009 6 2.8 16 0    
2009 7 4.1 18 1    
2009 8 4.4 12 0    
2009 9 8.5 17 0.4  -19.2 -140.6 
2009 10 11.1 12 0    
2009 11 14.7 24 3.2    
2009 12 13.9 34 15.2  -19.7 -142.5 
2010 1 13.9 41 20.4  -11.2 -75.0 
2010 2 14.1 45 65.2  -12.6 -89.4 
2010 3 9.5 46 3  -6.4 -35.1 
2010 4 8 32 10.2  -12.4 -81.0 
2010 5 6.3 25 0.4    
2010 6 6 20 0    
2010 7 3.8 12 0.2    
2010 8 7 13 0    
2010 9 7.9 14 0    
2010 10 9.1 12 0    
2010 11 10.8 12 0    
2010 12 13.8 27 14.2  -4.9 -24.2 
2011 1 13.3 37 56.2  -12.4 -84.9 
2011 2 11 58 83.6  -18.6 -134.3 
2011 3 12.1 36 7.8  -14.4 -100.6 
2011 4 9.7 27 5.6  -14.9 -112.2 
2011 5 5.9 27 1.4    
2011 6 4.8 26 0    
2011 7 3 29 2.4  -18.1 -133.6 
2011 8 4.9 18 0    
2011 9 7.6 19 0    
2011 10 9 15 0    
2011 11 12.8 20 0    
2011 12 12.4 36 35.4  -12.9 -91.8 
2012 1 11.5 47 51.4  -12.0 -77.4 
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2012 2 11.1 55 93.4  -17.4 -124.7 
2012 3 11.3 48 44.4  -9.4 -71.0 
2012 4 7.1 39 2.9 16.6   
2012 5 5.3 24 23.7 18.2   
2012 6 3.8 18 16 16.4   
2012 7 4.1 16 18.9 14.1   
2012 8 5.4 16 4.8 11.7   
2012 9 7.6 17 2.7 12.7   
2012 10 8.6 12 4.3 12.3   
2012 11 9.9 16 11.4 13.5   
2012 12 10.1 47 3 31.9 -11.5 -78.6 
2013 1 9.2 55 101 49.0 -16.5 -115.3 
2013 2 8.8 70 29.1 46.5 -6.2 -26.8 
2013 3 8.4 41 9.9 17.7   
2013 4 6.6 28 5.4 12.9   
 
6. Noel Mariaca, Potosí Department (20.7°S, 66.6°W, 3674 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 0.7 15 0    
2008 9 3.5 13 0    
2008 10 8.7 19 0.2    
2008 11 10.5 22 0    
2008 12 12.3 45 39.4  -10.6 -69.2 
2009 1 7.8 59 12.4  -13.6 -90.6 
2009 2 7.7 68 39.8  -21.0 -157.6 
2009 3 5.4 72 30.6  -16.9 -124.3 
2009 4 4.9 54 1.6    
2009 5 2.7 23 0.2    
2009 6 -0.8 18 0    
2009 7 0.7 22 0    
2009 8 1.4 16 0    
2009 9 6.1 20 0.2    
2009 10 8.7 16 0    
2009 11 13.8 34 19.6 40.6   
2009 12 13.4 45 45.6 75.9 -3.0 -6.5 
2010 1 13.6 54 25.7 62.5 -14.4 -98.3 
2010 2 13.8 54 41 52.9 -11.4 -73.8 
2010 3 9.5 50 9.4 25.3 -11.7 -84.6 
2010 4 8 34 1.9 32.3   
2010 5 3.7 31 3.7 16.2   
2010 6 2.4 24 1.3 9.6   
2010 7 -0.2 16 4 13.8   
2010 8 3.3 17 3.2 16.9   
2010 9 5.6 18 3.1 24.8   
2010 10 7.1 16 1.3 36.2   
2010 11 9.3 18 1.8 30.7   
2010 12 13.7 38 16.6 48.4 -9.4 -59.5 
2011 1 13.8 46 6.5 38.8 -10.7 -72.4 
2011 2 11.5 67 87 113.7 -15.7 -117.9 
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2011 3 11.7 55 29.4 38.7 -14.6 -96.2 
2011 4 8 35 2.2 22.7   
2011 5 3.8 35 4.2    
2011 6 1.9 31 0    
2011 7 0.7 42 6    
2011 8 2.1 24 0    
2011 9 5.4 25 0    
2011 10 6.9 21 0    
2011 11 12 32 0    
2011 12 12 47 47.2  -10.6 -65.5 
2012 1 11.8 57 57.2  -16.4 -115.3 
2012 2 11.2 69 107.6  -16.4 -116.1 
2012 3 11.2 60 31.2  -15.7 -110.2 
2012 4 8.6 44 6.6  -17.9 -132.0 
2012 5 3 30 0    
2012 6 -0.8 28 0    
2012 7 0.6 25 0    
2012 8 2.8 24 0    
2012 9 6.7 24 0    
2012 10 8.3 21 0.2    
2012 11 12 27 0    
2012 12 13.3 56 79.2  -9.2 -55.3 
2013 1 12.1 58 108.8  -20.2 -143.7 
2013 2 12.6 61 20  -8.5 -46.5 
2013 3 11 41 1.2    
2013 4 6.3 25 0    
 
7. Gran Chocaya, Potosí Department (21.0°S, 66.3°W, 4340 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 2.1 13 0    
2008 9 4.2 12 0    
2008 10 7 25 2.2  -0.1 23.7 
2008 11 8.1 32 0    
2008 12 7.2 62 72.2  -8.7 -43.7 
2009 1 5.9 80 20  -7.4 -32.8 
2009 2 6.2 76 54.8  -24.3 -170.9 
2009 3 5.2 77 70.8  -11.3 -66.5 
2009 4 4.6 65 12.6    
2009 5 3.7 21 0    
2009 6 1.1 16 0    
2009 7 0.6 21 0    
2009 8 2.5 14 0    
2009 9 4.3 21 0.2    
2009 10 7.7 17 0    
2009 11 10 40 20.4  -7.2 -34.4 
2009 12 8.8 56 60.4  -13.6 -86.9 
2010 1 8.5 64 58.4  -11.7 -69.9 
2010 2 9 64 88.8  -17.6 -122.3 
2010 3 6.7 62 7.8  -5.4 -21.8 
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2010 4 5.7 46 3.8  -13.7 -89.5 
2010 5 2.9 31 15  -13.5 -91.4 
2010 6 2.7 22 0    
2010 7 0.9 13 0    
2010 8 4.5 16 0    
2010 9 4.7 18 2.2    
2010 10 5.9 18 0    
2010 11 7.4 23 0    
2010 12 9.2 48 34.4  -9.8 -56.5 
2011 1 8.7 58 33  -14.4 -97.6 
2011 2 6.3 78 96  -19.2 -133.0 
2011 3 7.4 63 37.2  -12.5 -98.6 
2011 4 6.4 37 6.2    
2011 5 3.9 31 6.8  -17.2 -121.2 
2011 6 1.7 29 0    
2011 7 -0.6 37 6.8  -7.3 -70.7 
2011 8 2.4 20 0    
2011 9 4.8 25 0    
2011 10 5.5 25 0    
2011 11 8.6 42 0.9 11.2 -3.2 -6.8 
2011 12 7.6 57 5.9 48.0 -11.7 -70.3 
2012 1 6.3 69 33.7 62.1 -13.4 -84.6 
2012 2 6.1 77 61.6 46.4 -19.0 -131.9 
2012 3 6.4 68 71.6 31.1 -13.5 -88.7 
2012 4 5.8 44 31.1 21.0 -18.0 -128.8 
2012 5 3.5 26 9.8 13.2   
2012 6 1.3 23 13.3 16.1   
2012 7 2 22 10.9 10.0   
2012 8 3.9 20 10.9 9.1   
2012 9 6.4 23 0.4 10.6   
2012 10 7.5 22 0.9 15.8   
2012 11 9.4 36 0.7 29.6 -10.6 -65.0 
2012 12 8.5 64 8.6 30.7 -10.7 -65.0 
2013 1 7 67 25.5 75.1 -17.4 -118.4 
2013 2 7.1 73 88 69.2 -11.2 -65.1 
2013 3 7.6 44 43.3 22.4 -13.2 -85.6 
2013 4 5.6 23 4.4 7.8   
 
8. Tupiza, Potosí Department (21.4°S, 65.7°W, 2974 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 11.9 14 0    
2008 9 14.7 18 0    
2008 10 17.8 31 5.6  0.4 23.8 
2008 11 18.2 39 21.2  -1.3 11.9 
2008 12 16.7 56 172.2  -7.3 -34.4 
2009 1 15.3 77 83.8  -4.1 -11.0 
2009 2 15.5 78 104.8  -15.1 -101.0 
2009 3 14.4 77 38.4  -14.1 -93.6 
2009 4 13.6 66 49.8  -11.5 -74.6 
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2009 5 12.1 29 0    
2009 6 9 21 0    
2009 7 10.1 18 0.2    
2009 8 12.1 17 0    
2009 9 16.5 17 0.2    
2009 10 18.8 26 0    
2009 11 20.4 38 9.2  -5.7 -38.0 
2009 12 18.6 53 56.2  -9.8 -62.0 
2010 1 18.1 57 66.2  -8.6 -50.8 
2010 2 18.8 58 93  -15.1 -107.3 
2010 3 16.1 44 16.6  -8.0 -43.8 
2010 4 14.8 28 0.4    
2010 5 12.4 29 1.2  -4.8 -37.7 
2010 6 11.7 23 0    
2010 7 10.5 15 0    
2010 8 13.8 18 0    
2010 9 15.8 19 0    
2010 10 17.2 29 0    
2010 11 17.8 35 0    
2010 12 19 47 57.8  -9.3 -56.8 
2011 1 18.6 51 32.2  -9.3 -63.8 
2011 2 16.7 60 72.2  -17.5 -127.4 
2011 3 17.2 54 32  -12.5 -84.8 
2011 4 16.1 42 3.4  -15.4 -117.5 
2011 5 12.7 33 5.2  -15.6 -118.1 
2011 6 11.6 25 0    
2011 7 10.8 24 0    
2011 8 12.9 18 0    
2011 9 15.5 27 0  9.6 77.1 
 
9. Tarija, Tarija Department (21.5°S, 64.7°W, 1884 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 14.8 48 1  -1.3 3.1 
2008 9 15.4 48 0.6  0.2 22.1 
2008 10 19.1 59 41.4  -3.0 -3.3 
2008 11 19.8 66 126.6  -2.7 0.4 
2008 12 19.1 73 206.4  -4.9 -16.8 
2009 1 19.6 72 98.4  -4.3 -11.2 
2009 2 20.1 70 91.2  -8.0 -47.2 
2009 3 19.2 74 109.8  -8.2 -52.9 
2009 4 18.5 71 41  -7.5 -39.0 
2009 5 16 66 0.6  -6.5 -40.4 
2009 6 11.5 55 0.6  -3.0 -12.2 
2009 7 11.9 54 0    
2009 8 14.9 47 0.8    
2009 9 15.6 51 23.8  -3.1 -6.7 
2009 10 19.1 55 2.4  -0.6 14.3 
2009 11 23.1 65 76.4  -6.3 -34.4 
2009 12 20.1 77 182.2  -10.4 -68.2 
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2010 1 20 76 108  -6.5 -36.2 
2010 2 20.9 79 206.2  -10.9 -73.3 
2010 3 20.3 76 64.2  -8.0 -47.8 
2010 4 16.6 72 12.2  -6.0 -30.2 
2010 5 13 70 8.8  -3.1 -6.4 
2010 6 11.4 68 0.6    
2010 7 9.5 59 0    
2010 8 12.8 58 0    
2010 9 17.4 54 0.6    
2010 10 17.6 60 2.6  -0.6 11.5 
2010 11 19 54 9.2  -1.5 4.2 
2010 12 21.1 63 64  -6.6 -37.6 
2011 1 20.2 73 103.6  -16.0 -112.3 
2011 2 18.5 80 163.6  -7.8 -47.2 
2011 3 17.9 80 96.2  -10.2 -63.8 
2011 4 17 78 17.6  -7.8 -45.9 
2011 5 12.9 74 2.8  -11.1 -87.9 
2011 6 12 65 0.2    
2011 7 11.3 63 0    
2011 8 12.9 55 0    
2011 9 16.4 53 3  -2.6 0.1 
 
10. Entre Ríos, Tarija Department (21.5°S, 64.2°W, 1261 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 14.4 65 6.2  -1.0 10.8 
2008 9 15.8 53 1  -0.6 16.8 
2008 10 19.5 66 12.4  -1.5 11.0 
2008 11 21.2 70 85.6  -2.2 2.4 
2008 12 20.7 78 214.2  -4.4 -17.8 
2009 1 20.5 79 123.2  -3.9 -7.5 
2009 2 21.1 81 91.8  -8.9 -52.4 
2009 3 20.1 84 208.4  -9.4 -56.3 
2009 4 18.6 85 92.4  -3.8 -8.8 
2009 5 16.1 86 20.4  -6.6 -33.1 
2009 6 11.2 81 4.2  -4.7 -15.0 
2009 7 11.2 74 1.6  -1.9 6.2 
2009 8 15 58 0.2  -1.4 9.7 
2009 9 15.6 59 20  -0.6 9.9 
2009 10 21.2 55 0    
2009 11 24.1 73 206.6  -6.1 -32.3 
2009 12 21.6 82 181.2  -8.7 -53.9 
2010 1 22.4 76 35.8  -9.7 -62.6 
2010 2 22.5 82 208.2  -8.1 -48.0 
2010 3 21.7 85 92  -5.3 -25.2 
2010 4 17.1 85 9.6  -3.8 -10.9 
2010 5 13 83 16.3 16.3 -3.5 -6.0 
2010 6 13 81 2 10.3 -1.6 10.0 
2010 7 9.7 70 1.7 10.1 -3.6 -7.5 
2010 8 13.6 60 0.3 6.8 -0.1 21.7 
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2010 9 17.8 60 6.7 17.5 1.5 38.0 
2010 10 19.2 63 12.9 19.8 0.9 30.6 
2010 11 21.3 51 8.1 13.4 -0.8 14.2 
2010 12 22.7 68 91.8 50.3 -5.6 -27.0 
2011 1 22 78 147.7 52.7 -6.4 -34.1 
2011 2 20.2 84 237.2 85.6 -13.4 -92.7 
2011 3 18.9 86 68.4 21.2 -10.0 -63.5 
2011 4 18.1 88 42 27.1 -7.5 -42.7 
2011 5 14.7 85 7.8  -4.9 -25.9 
2011 6 12.9 83 6  -0.1 7.8 
2011 7 11.8 77 3.6  -2.2 3.2 
2011 8 13.8 63 0    
2011 9 18.2 52 6.4  0.7 32.2 
 
11. Villamontes, Tarija Department (21.3°S, 63.4°W, 395 m asl) 
Year Month Temperature (°C) 
Relative 
Humidity 
(%) 
Precipitation 
(mm) 
TRMM 
Precipitation 
Error (mm) 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
2008 8 21.2 45 0.4    
2008 9 22 38 0  3.3 29.8 
2008 10 25.9 52 9.6  -1.3 7.1 
2008 11 28.3 53 87.8  -1.8 6.4 
2008 12 27 67 173.6  -4.0 -14.5 
2009 1 26.2 68 59.8  -2.0 2.5 
2009 2 26.9 72 117.4  -9.0 -56.2 
2009 3 26.1 74 91.2  -7.6 -44.8 
2009 4 23.8 78 76  -7.3 -42.5 
2009 5 21.3 75 14.6    
2009 6 15.6 67 0    
2009 7 16.7 57 0    
2009 8 20.6 46 0    
2009 9 22.6 42 0  1.1 8.2 
2009 10 27.8 44 0.2    
2009 11 30.2 60 80.2  -4.2 -20.6 
2009 12 27.1 73 152  -8.3 -54.1 
2010 1 27.6 68 39.8  -8.1 -54.8 
2010 2 27.9 73 147  -8.1 -54.4 
2010 3 27.3 73 41  -7.2 -45.0 
2010 4 22.5 71 13.2  -6.1 -34.7 
2010 5 17.2 73 12.8  -1.8 8.2 
2010 6 17.4 69 2.4  -2.8 1.1 
2010 7 16.4 59 14.6  0.2 23.8 
2010 8 18.9 48 0.8 12.1   
2010 9 23.8 48 22 16.3 -7.0 -37.6 
2010 10 25.9 49 23.6 26.4 1.5 38.3 
2010 11 27.5 42 13.5 43.2   
2010 12 28.7 58 139.7 41.8 -4.0 -11.2 
2011 1 27.1 74 154.7 43.3 -5.8 -30.5 
2011 2 25 81 302.5 88.9 -12.5 -86.2 
2011 3 23.6 81 40.6 37.7 -8.6 -49.8 
2011 4 22.6 81 51.3 16.7 -5.6 -32.0 
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2011 5 19.7 76 24.5 15.4 -5.6 -31.9 
2011 6 17.6 73 5.7 12.4 -1.6 8.8 
2011 7 16.8 65 9.1 14.8 -1.7 9.2 
2011 8 20 47 0 16.0   
2011 9 24.6 41 8.7 18.5 -2.7 2.0 
Formatting notes (see Chapter 2.3.1 for more information) 
Bold, blue text – temperatures estimated from ERA-Interim data using a regional regression  
Regular weight blue text – temperatures estimated from ERA-Interim data using a local regression  
Red italic text – Relative humidity estimated using the lowest ERA-Interim model level above the surface 
Green italic text – Precipitation values estimated from the TRMM 3B43 product. TRMM reported error estimates 
are also provided in these cases. 
Highlighted samples – These 11 monthly isotope values are considered suspect. The April-December 2010 
samples are considered suspect as the isotope values are nearly identical from month to month and many occur 
during the dry season when trace amounts of precipitation were recorded. In contrast, the December 2011-April 
2014 samples exhibit evidence of evaporation not observed in other samples on the Altiplano (i.e., a negative d-
excess value). 
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Appendix 2B. Unnormalized ERA-Interim Back Trajectory Analyses and Air 
Sourcing 
 
Table 2.12. Summary table of the composite areal mean DJF back trajectory density for the three main source 
regions to the Altiplano across the 2008-2013 study period. In contrast to the main paper, these are not normalized 
to 100% considering only these three source regions. The three source regions studied include the YAB (13-15°S, 
65-69°W), the SP (20-24°S, 69-71°W), and the GC regions (24-26°S, 62-66°W). Values listed below represent the 
areal mean percentage of trajectories passing through each of the 2x4° regions. Values are provided for all DJF 
trajectories or only trajectories resulting in precipitation as forecasted by the ERA-Interim reanalysis dataset. 
 
Station Yungas-Amazon Basin South Pacific Gran Chaco 
All Rain Only All Rain Only All Rain Only 
Oruro 46.94 47.99 61.48 53.89 7.04 6.09 
Quillacas 32.09 47.59 78.95 59.02 10.31 12.27 
Noel Mariaca 18.51 41.44 88.89 35.93 13.52 30.89 
Tarija 27.57 34.41 34.60 23.86 29.84 37.33 
Villamontes 28.74 33.93 9.83 6.20 13.36 16.33 
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Table 2.13. Summary table of DJF monthly and seasonal average Bolivian High latitude and longitude, and areal mean back trajectory density for each 
subregion (unnormalized). For each month, the areal means are split into two columns, with the left column showing the calculation using all available back 
trajectories and the right column showing the calculation using only trajectories resulting in rain at the station as calculated by the ERA-Interim reanalysis 
dataset. 
 
 December 2008 January 2009 February 2009 2008-09 Seasonal Average 
Bolivian High Latitude (°S) 15.0 15.0 18.8 16.2 
Bolivian High Latitude (°W) 63.0 61.5 60.0 61.6 
Yungas-Amazon Basin (YAB) 
South Pacific (SP) 
Gran Chaco (GC) 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 16.76 12.96 18.59 29.22 51.35 31.60 32.03 40.43 
SP 57.12 52.08 48.86 37.04 40.02 48.96 57.85 55.02 
GC 10.70 5.83 8.28 3.46 3.54 2.71 7.71 3.86 
Quillacas 
YAB 3.67 11.11 5.56 0.00 31.25 30.39 13.62 28.83 
SP 69.42 28.13 70.80 63.89 42.71 14.22 71.63 44.14 
GC 4.78 0.00 17.45 11.67 7.20 5.49 9.88 8.11 
Noel 
Mariaca 
YAB 0.00 0.00 3.32 0.00 32.43 32.10 11.23 41.01 
SP 73.05 9.38 68.68 0.00 46.70 13.43 73.35 13.24 
GC 8.98 37.50 15.27 47.50 4.98 15.19 10.45 31.18 
Tarija 
YAP 1.43 4.13 1.84 2.26 31.00 35.08 11.00 16.01 
SP 35.89 27.52 33.80 14.58 26.41 25.71 38.19 29.47 
GC 33.44 31.01 43.87 42.08 23.93 16.76 35.70 33.76 
Villamontes 
YAB 11.02 9.26 20.42 25.00 26.84 33.33 19.50 31.22 
SP 1.81 0.00 10.37 10.61 7.89 4.71 7.50 7.14 
GC 14.84 6.30 22.11 15.45 10.77 8.41 16.36 11.64 
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 December 2009 January 2010 February 2010 2009-10 Seasonal Average 
Bolivian High Latitude (°S) 15.8 16.5 18.8 16.9 
Bolivian High Latitude (°W) 62.3 63.0 63.8 63.0 
 All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 21.18 27.01 43.41 27.41 46.28 47.22 44.71 44.37 
SP 66.06 53.16 37.37 30.56 37.50 49.07 50.74 57.03 
GC 3.63 2.53 11.02 9.56 2.02 0.00 5.68 6.15 
Quillacas 
YAB 14.74 11.11 32.48 39.32 41.17 50.00 35.46 58.02 
SP 82.93 28.33 60.35 12.18 54.09 23.08 69.76 34.95 
GC 0.32 2.67 8.28 17.44 6.37 0.00 4.94 10.56 
Noel Mariaca 
YAB 9.80 0.00 6.85 0.00 21.43 31.31 12.66 34.66 
SP 75.88 25.00 67.81 6.48 76.12 18.18 83.01 24.21 
GC 0.00 0.00 13.66 22.22 20.48 7.27 11.68 14.92 
Tarija 
YAP 20.17 21.43 28.27 17.81 32.74 28.93 32.71 31.32 
SP 52.53 30.56 38.64 10.05 22.02 12.36 44.51 20.63 
GC 23.93 30.48 27.26 19.22 16.85 13.10 23.41 25.21 
Villamontes 
YAB 35.93 30.08 41.35 23.39 33.28 19.26 39.85 26.46 
SP 6.72 5.75 9.14 0.00 7.14 1.11 7.82 3.57 
GC 16.13 14.02 13.17 16.14 8.33 6.22 12.69 13.23 
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 December 2010 January 2011 February 2011 2010-11 Seasonal Average 
Bolivian High Latitude (°S) 19.5 19.5 21.0 20.0 
Bolivian High Latitude (°W) 58.5 69.8 63.8 64.0 
 All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 23.51 16.90 29.66 29.01 37.35 38.03 42.44 42.73 
SP 65.63 47.22 26.75 25.93 32.07 40.06 43.16 44.00 
GC 0.39 1.11 5.00 0.00 10.18 16.92 5.06 7.06 
Quillacas 
YAB 30.44 29.37 24.60 0.00 14.43 14.93 31.30 19.44 
SP 80.18 0.00 46.71 0.00 53.79 42.97 64.58 44.38 
GC 0.11 0.00 12.26 20.00 12.26 6.88 8.19 9.33 
Noel Mariaca 
YAB 27.45 49.07 16.58 26.39 22.72 34.23 26.42 44.09 
SP 78.88 0.00 42.21 0.00 58.33 44.59 66.29 35.64 
GC 0.40 0.00 6.07 0.00 17.74 23.42 7.88 19.72 
Tarija 
YAP 38.80 38.74 22.72 30.88 21.38 23.64 30.36 36.53 
SP 34.99 3.38 17.61 10.85 5.43 7.27 22.48 8.53 
GC 27.82 44.86 21.94 30.08 41.79 45.82 33.61 42.99 
Villamontes 
YAB 25.09 36.47 29.26 29.93 14.88 17.30 26.18 29.03 
SP 15.78 0.00 9.54 4.84 7.44 0.00 11.01 2.25 
GC 15.46 23.48 11.77 17.63 19.05 14.29 15.72 20.67 
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 December 2011 January 2012 February 2012 2011-12 Seasonal Average 
Bolivian High Latitude (°S) 12.8 14.3 21.0 15.9 
Bolivian High Latitude (°W) 63.8 65.3 66.0 64.3 
  All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 31.57 23.06 18.59 17.54 40.18 28.35 37.80 32.44 
SP 50.95 41.67 55.11 30.70 46.55 31.32 59.44 40.95 
GC 1.03 0.81 8.87 0.00 21.49 13.10 12.67 5.02 
Quillacas 
YAB 21.36 14.81 9.45 12.61 25.86 27.59 25.73 27.62 
SP 50.47 24.44 70.09 34.29 66.95 60.63 76.01 66.19 
GC 4.12 3.56 12.15 1.28 29.77 4.60 18.75 4.19 
Noel Mariaca 
YAB 9.18 0.00 1.84 0.00 25.34 9.19 16.87 16.13 
SP 51.14 0.00 73.72 14.58 66.74 23.72 79.37 24.04 
GC 16.02 32.00 16.13 8.75 33.22 34.10 25.15 36.41 
 
 
 December 2012 January 2013 February 2013 2012-13 Seasonal Average 
Bolivian High Latitude (°S) 18.8 14.3 16.5 16.5 
Bolivian High Latitude (°W) 62.3 60.0 67.5 64.1 
  All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 42.43 28.70 43.64 29.51 44.15 53.17 47.58 47.81 
SP 60.42 53.61 21.91 0.00 42.93 26.90 52.80 37.96 
GC 0.00 0.00 7.85 18.33 3.75 0.57 4.00 8.56 
Quillacas 
YAB 37.77 35.38 37.05 28.49 40.38 50.72 40.17 44.60 
SP 69.09 47.37 37.23 22.04 56.85 32.25 64.38 47.15 
GC 6.24 8.42 15.75 24.73 4.76 0.00 9.09 19.45 
Noel Mariaca 
YAB 25.22 27.16 16.89 27.92 24.57 43.40 22.52 33.07 
SP 75.87 13.89 56.59 22.65 49.32 34.90 76.67 47.01 
GC 8.87 23.70 18.44 21.20 2.52 0.00 10.62 20.52 
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Appendix 2C. Back-trajectory analysis of central Andes air sourcing from the 
NCEP/NCAR Reanalysis Project 
 
Table 2.14. Summary table of the composite areal mean NCEP/NCAR DJF back trajectory density for the three 
main source regions to the Altiplano across the 2008-2013 study period. Trajectories are normalized to 100% and 
initiated at 1500 m above ground level. The three source regions studied include the YAB (13-15°S, 65-69°W), the 
SP (20-24°S, 69-71°W), and the GC regions (24-26°S, 62-66°W). Values listed below represent the areal mean 
percentage of trajectories passing through each of the 2x4° regions. 
Station Yungas-Amazon Basin South Pacific Gran Chaco 
All Rain Only All Rain Only All Rain Only 
Oruro 69.0 78.1 17.3 10.0 13.7 11.9 
Quillacas 58.6 68.0 25.6 11.9 15.8 20.1 
Noel Mariaca 32.1 43.0 47.0 24.9 20.9 32.1 
Tarija 30.3 43.1 36.1 16.1 33.6 40.8 
Villamontes 54.7 68.9 16.3 12.1 29.0 19.0 
 
 
 
 
Figure 2.13. Composite DJF air source maps for five stations in this study using the NCEP/NCAR reanalysis 
[Kalnay et al., 1996].  Seven day back trajectories were launched at each station starting at 1500 m above ground 
level. Trajectories were binned to a 0.75° grid, and contours show the proportion of trajectories that pass through 
each grid cell. Air source pathways calculated using the NCEP/NCAR reanalysis are qualitatively similar to those 
calculated using ERA-Interim data [Dee et al., 2011]. 
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Appendix 2D. Normalized Monthly Back Trajectory Analysis and Bolivian High Position from ERA-Interim 
Winds 
Table 2.15. Summary table of DJF monthly and seasonal average Bolivian High latitude and longitude, and areal mean back trajectory density for each 
subregion (unnormalized). For each month, the areal means are split into two columns, with the left column showing the calculation using all available back 
trajectories and the right column showing the calculation using only trajectories resulting in rain at the station as calculated by the ERA-Interim reanalysis 
dataset. 
 December 2008 January 2009 February 2009 2008-09 Seasonal Average 
Bolivian High Latitude (°S) 15.0 15.0 18.8 16.2 
Bolivian High Latitude (°W) 63.0 61.5 60.0 61.6 
 All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
Yungas-
Amazon 
Basin (YAB) 
19.8 18.3 24.6 41.9 54.1 37.9 32.8 40.7 
South Pacific 
(SP) 67.5 73.5 64.5 53.1 42.2 58.8 59.3 55.4 
Gran Chaco 
(GC) 12.6 8.2 10.9 5.0 3.7 3.3 7.9 3.9 
Quillacas 
YAB 4.7 28.3 5.9 0.0 38.5 60.7 14.3 35.6 
SP 89.1 71.7 75.5 84.6 52.6 28.4 75.3 54.4 
GC 6.1 0.0 18.6 15.4 8.9 10.9 10.4 10.0 
Noel Mariaca 
YAB 0.0 0.0 3.8 0.0 38.6 52.9 11.8 48.0 
SP 89.1 20.0 78.7 0.0 55.5 22.1 77.2 15.5 
GC 10.9 80.0 17.5 100.0 5.9 25.0 11.0 36.5 
Tarija 
YAP 2.0 6.6 2.3 3.8 38.1 45.2 13.0 20.2 
SP 50.7 43.9 42.5 24.7 32.5 33.2 45.0 37.2 
GC 47.3 49.5 55.2 71.4 29.4 21.6 42.0 42.6 
Villamontes 
YAB 39.8 59.5 38.6 49.0 59.0 71.8 45.0 62.4 
SP 6.6 0.0 19.6 20.8 17.3 10.1 17.3 14.3 
GC 53.6 40.5 41.8 30.3 23.7 18.1 37.7 23.3 
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 December 2009 January 2010 February 2010 2009-10 Seasonal Average 
Bolivian High Latitude (°S) 15.8 16.5 18.8 16.9 
Bolivian High Latitude (°W) 62.3 63.0 63.8 63.0 
 All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 23.3 32.7 47.3 40.6 53.9 49.0 44.2 41.3 
SP 72.7 64.3 40.7 45.3 43.7 51.0 50.2 53.0 
GC 4.0 3.1 12.0 14.2 2.4 0.0 5.6 5.7 
Quillacas 
YAB 15.0 26.4 32.1 57.0 40.5 68.4 32.2 56.0 
SP 84.6 67.3 59.7 17.7 53.2 31.6 63.3 33.8 
GC 0.3 6.3 8.2 25.3 6.3 0.0 4.5 10.2 
Noel Mariaca 
YAB 11.4 0.0 7.8 0.0 18.2 55.2 11.8 47.0 
SP 88.6 100.0 76.8 22.6 64.5 32.0 77.3 32.8 
GC 0.0 0.0 15.5 77.4 17.3 12.8 10.9 20.2 
Tarija 
YAP 20.9 26.0 30.0 37.8 45.7 53.2 32.5 40.6 
SP 54.4 37.1 41.0 21.3 30.8 22.7 44.2 26.7 
GC 24.8 37.0 28.9 40.8 23.5 24.1 23.3 32.7 
Villamontes 
YAB 61.1 60.3 65.0 59.2 68.3 72.4 66.0 61.2 
SP 11.4 11.5 14.4 0.0 14.6 4.2 13.0 8.3 
GC 27.4 28.1 20.7 40.8 17.1 23.4 21.0 30.6 
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 December 2010 January 2011 February 2011 2010-11 Seasonal Average 
Bolivian High Latitude (°S) 19.5 19.5 21.0 20.0 
Bolivian High Latitude (°W) 58.5 69.8 63.8 64.0 
 All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 26.3 25.9 48.3 52.8 46.9 40.0 46.8 45.6 
SP 73.3 72.4 43.6 47.2 40.3 42.2 47.6 46.9 
GC 0.4 1.7 8.1 0.0 12.8 17.8 5.6 7.5 
Quillacas 
YAB 27.5 100.0 29.4 0.0 17.9 23.1 30.1 26.6 
SP 72.4 0.0 55.9 0.0 66.8 66.3 62.1 60.7 
GC 0.1 0.0 14.7 100.0 15.2 10.6 7.9 12.8 
Noel Mariaca 
YAB 25.7 100.0 25.6 100.0 23.0 33.5 26.3 44.3 
SP 73.9 0.0 65.1 0.0 59.0 43.6 65.9 35.8 
GC 0.4 0.0 9.4 0.0 18.0 22.9 7.8 19.8 
Tarija 
YAP 38.2 44.5 36.5 43.0 31.2 30.8 35.1 41.5 
SP 34.4 3.9 28.3 15.1 7.9 9.5 26.0 9.7 
GC 27.4 51.6 35.2 41.9 60.9 59.7 38.9 48.8 
Villamontes 
YAB 44.5 60.8 57.8 57.1 36.0 54.8 49.5 55.9 
SP 28.0 0.0 18.9 9.2 18.0 0.0 20.8 4.3 
GC 27.5 39.2 23.3 33.7 46.0 45.2 29.7 39.8 
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 December 2011 January 2012 February 2012 2011-12 Seasonal Average 
Bolivian High Latitude (°S) 12.8 14.3 21.0 15.9 
Bolivian High Latitude (°W) 63.8 65.3 66.0 64.3 
 All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 37.8 35.2 22.5 36.4 37.1 39.0 34.4 41.4 
SP 61.0 63.6 66.7 63.6 43.0 43.0 54.1 52.2 
GC 1.2 1.2 10.7 0.0 19.9 18.0 11.5 6.4 
Quillacas 
YAB 28.1 34.6 10.3 26.2 21.1 29.7 21.4 28.2 
SP 66.5 57.1 76.4 71.2 54.6 65.3 63.3 67.5 
GC 5.4 8.3 13.3 2.6 24.3 5.0 15.6 4.3 
Noel Mariaca 
YAB 12.0 0.0 2.0 0.0 20.2 13.7 13.9 21.1 
SP 67.0 0.0 80.4 62.5 53.3 35.4 65.4 31.4 
GC 21.0 100.0 17.6 37.5 26.5 50.9 20.7 47.5 
 
 
 December 2012 January 2013 February 2013 2012-13 Seasonal Average 
Bolivian High Latitude (°S) 18.8 14.3 16.5 16.5 
Bolivian High Latitude (°W) 62.3 60.0 67.5 64.1 
 All Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
All 
Trajectories 
Precipitating 
Trajectories 
Only 
Oruro 
YAB 41.3 34.9 59.5 61.7 48.6 65.9 45.6 50.7 
SP 58.7 65.1 29.8 0.0 47.3 33.4 50.6 40.2 
GC 0.0 0.0 10.7 38.3 4.1 0.7 3.8 9.1 
Quillacas 
YAB 33.4 38.8 41.2 37.9 39.6 61.1 35.3 40.1 
SP 61.1 52.0 41.4 29.3 55.7 38.9 56.6 42.4 
GC 5.5 9.2 17.5 32.9 4.7 0.0 8.0 17.5 
Noel Mariaca 
YAB 22.9 42.0 18.4 38.9 32.2 55.4 20.5 32.9 
SP 69.0 21.4 61.6 31.6 64.5 44.6 69.8 46.7 
GC 8.1 36.6 20.1 29.5 3.3 0.0 9.7 20.4 
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Chapter 3. Modern and long-term evaporation of central Andes 
surface waters suggests paleo archives underestimate Neogene 
elevations2 
3.1 Abstract 
Central Andean paleoelevations reconstructed from stable isotope and paleofloral data 
imply a large magnitude (>2 km) Miocene-to-modern surface uplift. However, the isotopic 
relationships between precipitation, surface waters, and soil waters upon which these 
reconstructions are based remain poorly constrained for both past, and in many cases, modern 
conditions. We quantify the relationships between central Andean precipitation and surface 
waters by measuring the isotopic composition of 249 stream water samples (δ18O and δD) 
collected between April 2009 and October 2012. The isotopic compositions of stream waters 
match precipitation along the eastern flank. In contrast, Altiplano surface waters possess a lower 
δD-δ18O slope (4.59 vs ~8 for meteoric waters) not observed in precipitation, which signals 
heavy isotope evaporative enrichment in surface waters. Paleoclimate models indicate that highly 
evaporative conditions have persisted on the plateau throughout Andean uplift, and that 
conditions may have been more evaporative when the Andes were lower. Thus, more ancient 
proxy materials may have a greater evaporative bias than previously recognized and 
paleoelevation reconstructions from stable isotope based central Andean plateau proxy materials 
likely overstate Miocene-to-present surface uplift. We propose Altiplano paleoelevations of 1-2 
km at 24.5 Ma, 1.5-2.9 km by 11.45 Ma, and modern elevations by ~6 Ma based on the lightest 
isotopic compositions observed in Altiplano proxy materials, which are least likely to be 
influenced by evaporation. These constraints limit total late-Miocene-to-modern uplift to < 2.2 
km, are more consistent with crustal shortening records, and suggest that plateau uplift may have 
been more spatially uniform than suggested by previous interpretations of stable isotope proxies. 
                                                
2 Official citation: Fiorella, R.P.; C.J. Poulsen; R.S. Pillco-Zolá; M.L. Jeffery; and T.A. Ehlers (2015). Modern and long-term evaporation of 
central Andes surface waters suggests paleo archives underestimate Neogene elevations. Earth and Planetary Science Letters. doi: 
10.1016/j.epsl.2015.09.045 
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3.2 Introduction 
Mountain topography is an expression of subsurface tectonic processes and can present 
significant barriers to atmospheric circulation and biological dispersal. Elevation histories 
therefore have broad implications for understanding the geodynamic processes that promote 
orogenesis, reconstructing regional paleoclimates, and discerning spatiotemporal patterns of 
evolution. Stable isotope paleoaltimetry is one of the few quantitative methods available to 
reconstruct past elevations. Surface elevations and the stable isotopic composition of 
precipitation (δ18Op and δ2Hp or δDp) are related through atmospheric thermodynamics [e.g., 
Rowley, 2007]. Orographic lifting of an airmass results in adiabatic cooling and precipitation, 
which preferentially removes the heavy isotopes of water relative to the light isotopes [e.g., 
Rozanski et al., 1993]. Progressive rainout along a trajectory leaves the precipitation from an 
airmass increasingly depleted in heavy isotopes at higher elevations. If surface water isotopic 
compositions mirror δ18Op or δDp, proxy materials that form in contact with surface waters, such 
as pedogenic carbonate, authigenic clays, or hydrated volcanic glass, can be used to estimate 
paleoelevations [Mulch and Chamberlain, 2007; Quade et al., 2007].  
In the central Andes, changes in the stable isotope compositions of proxy materials through 
time have been interpreted to signify >2.0 km of uplift since the early-to-mid Miocene, with 
variable uplift timing along strike. From north to south, changes in stable isotope compositions 
of proxy materials have been taken to reflect uplift of the Altiplano by: (a) 2.2-3.7 km between 
19-16 Ma at ~15°S [Saylor and Horton, 2014], (b) 2.5 ± 1.0 km between 10-6 Ma at ~18°S 
[Garzione et al., 2006; 2008], and (c) 2.6 ± 0.7 km between 16-9 Ma at ~20°S [Garzione et al., 
2014]. Isotopic compositions from the Salla and Upper Salla Beds in the adjacent Eastern 
Cordillera at ~17°S have been interpreted to represent paleoelevations of 0.0-1.5 km at 29-24 
Ma, ~2.5 km at 20-15 Ma, and ~4 km at 6 Ma [Leier et al., 2013]. The spatial and temporal 
heterogeneity of surface uplift of the central Andean plateau inferred from stable isotope 
paleoaltimetry appears contrary to observations of broadly synchronous deformation between 
~15-23°S that pre- and postdates the proposed uplift events [Oncken et al., 2006; Barnes and 
Ehlers, 2009]. Deformation began at ~40 Ma and ceased at ~10 Ma in the Eastern Cordillera 
[McQuarrie, 2002; McQuarrie et al., 2005], and propagated into the Bolivian Altiplano at ~30 
Ma and ceased by ~7 Ma [Lamb and Hoke, 1997; Elger et al., 2005]. Therefore, if these 
paleoelevation constraints are accurate, the uplift mechanism must allow for a substantial amount 
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of surface uplift from processes other than crustal thickening (e.g., via lithospheric mantle 
removal), and accommodate several million years of deformation without producing significant 
uplift. 
Paleoclimate model simulations of Andean uplift challenge the assertion that isotopic 
changes in these proxy materials primarily record changes in surface elevation. Climate changes 
attendant to Andean uplift contribute to and may dominate the isotopic signal observed in proxy 
materials. These changes include an increase in precipitation rate, an intensification of 
convective precipitation, and a shift from in vapor source for the central Andes from primarily 
Pacific to Atlantic dominated [Ehlers and Poulsen, 2009; Poulsen et al., 2010]. Abrupt, large 
(~5-6 ‰ in δ18Op) isotopic changes occur when the Andes reach a threshold of 70-75% of their 
modern elevation, suggesting large isotopic change can occur in the absence of significant uplift 
[Poulsen et al., 2010; Insel et al., 2012]. Climate model simulations have generally used a 
simplified model of Andean uplift, where elevations are scaled as percentages of their modern 
elevation across the entire orogen. Despite their simplistic representation of uplift, these 
simulations demonstrate that uplift strongly alters continental climate and regional δ18Op, and 
challenge the interpretation that proxy materials primarily record rapid surface uplift. 
However, both the proxy and model based paleoaltimetry studies have assumed that 
changes in precipitation δ18O or δD are fully reflected in proxy δ18O or δD. This assumption may 
not be universally valid, as proxy materials ultimately acquire their isotopic composition from 
surface waters (e.g., in soils or streams) and not directly from precipitation. Stream waters reflect 
a spatially and temporally integrated signal of precipitation composition, and proxy materials 
forming in contact with these waters would therefore record the integrated composition of 
catchment precipitation. However, in arid regions, evaporation may enrich surface waters in 
heavy stable isotopes [e.g., Kendall and Coplen, 2001], and will undermine the relationship 
between elevation and δ18O or δD.  
The relationship between precipitation and surface water isotope compositions across the 
central Andes is poorly known due to temporally and spatially limited observations. One transect 
across the eastern Andes flank (~16°S) indicates a close match between stream water and 
precipitation δ18O [Bershaw et al., 2010], but this relationship may not hold across the strong 
climate and elevation gradients of the central Andes [e.g., Garreaud et al., 2003]. Critically, until 
now, no stream water data were available for the central plateau to evaluate their relationship to 
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precipitation. To assess whether surface waters reflect precipitation across the central Andes 
(~17-22°S), we measured the isotopic compositions of 249 streams distributed across the 
Altiplano and its eastern flank. We then compared them to published values of regional 
precipitation δ18O (Figure 3.1) [Aravena et al., 1999; Gonfiantini et al., 2001; Fiorella et al., 
2015]. We find that evaporation biases the isotopic composition of streams on the central 
Andean plateau to heavier isotope ratios than precipitation. In contrast, streams along the eastern 
flank generally do not exhibit this evaporative bias. If these heavier isotopic values across the 
plateau were preserved in proxy materials, the records would be interpreted to reflect elevations 
that are too low. Paleoclimate model simulations of Andean uplift indicate that regional 
conditions were more evaporative when elevations were lower, raising the concern that greater 
bias in older proxy materials has led to overestimations of Neogene uplift. Finally, we note that 
this interpretation of the stable isotope proxy record may resolve some of the controversy in 
uplift rates and magnitudes apparent across different approaches applied to the central Andes, 
and suggests that Andean plateau uplift may have been more synchronous than it may appear 
from stable isotope proxy records. 
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Figure 3.1. Geographic overview of compiled isotopic composition of precipitation (colored squares) and stream 
waters collected for this study (colored diamonds). Streams were collected in three separate physiographic regions: 
two elevation transects at ~17°S (orange diamonds) and ~21°S (purple diamonds), and streams entirely within the 
Altiplano (white diamonds were collected in April, black diamonds in October). Elevation data are from the ASTER 
DEM product (METI and NASA). 
3.3 Methods 
3.3.1 Stream water collection and analysis 
 We collected annual stream water samples across the Bolivian Altiplano and along two 
transects of its eastern flank (at ~17.5°S and ~21.5°S, Figure 3.1). Stream samples for the 
Altiplano and the southern transect were collected from April 2009 until May 2012; the northern 
transect was added in April 2010 and collected until May 2012. We also collected 12 stream 
samples in October 2012 to determine the seasonal variability of Altiplano surface waters. 
Samples were collected from streams by filling 20 mL glass vials completely to minimize 
headspace. The vials were then sealed with a poly-cone lid until analysis. Samples were collected 
at the end of the central Andes rainy season [April and May, Garreaud et al., 2003] to capture 
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the integrated isotopic signal of rainy season precipitation [Kendall and Coplen, 2001]. 
Additionally, sampling at the end of the rainy season provides a record of surface water isotopic 
compositions coincident with soil drying and likely carbonate formation [e.g., Breecker et al., 
2009].  
We measured isotopic compositions using a Picarro L2120-i Cavity Ringdown 
Spectrometer coupled to an A0211 high precision vaporizer and autosampler. Compositions are 
reported in delta notation as per mil deviations from VSMOW (δ = 1000(Rsample/RVSMOW – 1), 
where R is the heavy to light isotope ratio) [Coplen, 1996]. Standard error is ~0.1 ‰ for δ18O 
and ~0.4 ‰ for δD. As spectroscopic isotope methods are sensitive to contamination by organic 
molecules, we monitored for sample contamination using the ChemCorrect software package 
(Picarro). Isotopic compositions presented are the mean values for at least eight analyses. For 
clarity in the following discussion, isotopic compositions of precipitation, surface waters, and 
pedogenic calcite are designated as δp, δw, or δcc respectively. 
We calculated hypsometric mean catchment elevation and drainage areas using the 
Advanced Spaceborne Thermal Emission and Reflection Radiometer (ASTER, v.2) global digital 
elevation model (30 m resolution) (METI and NASA) and GIS software (ArcGIS 10). Stream 
sampling locations ranged from 230 m to 4430 m, corresponding to mean catchment elevations 
of 319 m to 4499 m. Catchment areas range from <1 km2 to 61,840 km2, with a median area of 
12.1 km2. In some low-relief cases, GIS drainage basin calculations were ambiguous. We 
verified GIS delineations of low-relief drainage basins using satellite imagery. In addition, we 
computed catchment mean annual precipitation and precipitation amount-weighted mean 
elevations with the Tropical Rainfall Monitoring Mission (TRMM) product 2B31 data [after 
Bookhagen and Strecker, 2008]. Precipitation weighted mean elevations were nearly identical to 
unweighted mean elevations. Stream water isotopic compositions, catchment elevations, and 
sampling dates are presented in Appendix 3A. 
3.3.2 Prediction of catchment elevations from isotopic composition 
 We compare hypsometric mean elevations to predicted elevations from two different 
isotope-elevation models. First, we predicted elevations using a semi-empirical thermodynamic 
model that extracts low-latitude surface temperature and relative humidity over the oceans from 
reanalysis data to generate relationships between isotopic composition, condensation amount, 
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and surface elevation [Rowley, 2007]. The amount of condensate removed from an air parcel 
with increasing elevation is determined by the moist adiabat above the elevation where 
condensation begins. If all the condensate is removed as precipitation, δp follows Rayleigh 
fractionation [e.g., Rozanski et al., 1993], and the difference in δp from its value at sea level is 
directly related to elevation. Where it reflects δp, δw follows the same relationship if catchment δp 
is also weighted hypsometrically. We use the quartic regression of Rowley [2007, equation 5] to 
estimate the hypsometric mean catchment elevations based on their isotopic compositions: 
 
where ∆(δ18O) refers to the difference in δ18O from its initial low-elevation value. We estimate 
initial δw values of -6.0‰ and -4.0‰ for streams sampled north and south of 20°S respectively, 
based on observations of low-elevation δp and δw [Gonfiantini et al., 2001; Fiorella et al., 2015]. 
This division both separates the two flank transects, and reflects differences in vapor transport to 
the northern and southern Altiplano [e.g., Fiorella et al., 2015].   
Second, we predicted catchment elevations using a linear regression between isotopic 
composition and elevation. Following the same logic employed for the semi-empirical 
thermodynamic model above, two separate linear regressions were produced for the northern and 
southern transect catchments to match observations of vapor transport to the Altiplano. We 
calculate a best-fit linear equation for the northern transect of (uncertainty on coefficients is 1σ):  𝑒𝑙𝑒𝑣 𝑚 =  −500.1± 73.0𝛿!"𝑂 − 2849.6± 838.8  (𝑟! = 0.61, 2𝜎 𝑝𝑟𝑒𝑑𝑖𝑐𝑡𝑖𝑜𝑛 𝑖𝑛𝑡.=  2000 𝑚) 
and for the southern transect of: 𝑒𝑙𝑒𝑣 𝑚 =  −358.5± 23.9𝛿!"𝑂 − 477.1± 214.1  (𝑟! = 0.61, 2𝜎 𝑝𝑟𝑒𝑑𝑖𝑐𝑡𝑖𝑜𝑛 𝑖𝑛𝑡.=  1420 𝑚) 
We predicted mean catchment elevations for all samples north (south) of 20°S with the northern 
(southern) transect equation. To assess whether our results were sensitive to the choice of linear 
model, we also calculated several alternate linear models based on different divisions of our 
stream dataset. We restricted our candidate models to those that account for the direction of 
vapor transport to the Altiplano. All alternate models exhibited a weaker fit based on r2 and AIC 
values (Appendix 3B). The general conclusions from our analysis are not sensitive to the choice 
of the linear models when vapor source direction is accounted for (Appendix 3B). 
zweighted mean = −0.0129Δ δ18O( )
4
−1.121Δ δ18O( )
3
−38.214Δ δ18O( )
2
− 715.22Δ δ18O( )
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For both the empirical and semi-empirical thermodynamic model predictions, we then calculated 
the residual between model predictions and GIS-derived elevations for each catchment. Where 
model predictions match measured elevations, the residual should approach zero. 
3.3.3 Paleoclimate Model Simulations of Andean Uplift 
Central Andean precipitation and evapotranspiration fluxes were evaluated throughout 
uplift using the climate modeling experiments of Ehlers and Poulsen [2009]. In these 
simulations, the elevation of the Andes is varied in 25% increments relative to modern in the 
Regional Climate Model (RegCM), version 3 [Pal et al., 2007]. The horizontal resolution used in 
these simulations is ~60 km, which provides more realistic representation of Andean topography 
than typical resolutions for global models (>100 km). All other boundary conditions are 
specified at modern values to isolate the effect of topographic changes on continental climate.  
We use model-derived monthly precipitation and evapotranspiration fluxes to constrain 
seasons of pedogenic carbonate formation. Pedogenic carbonates form when dissolved calcium 
ion concentrations are high and soil CO2 concentrations are low, both of which occur when soils 
lose water [Breecker et al., 2009]. Thus, we highlight months where evapotranspiration exceeds 
precipitation as periods of carbonate formation. 
3.4 Results   
3.4.1 Stream water isotopic compositions 
Stream waters along both elevation transects are more depleted in heavy isotopes at high 
elevations than at low elevations (Figure 3.2). Isotopic compositions on the northern transect 
range from -6.56 ‰ (-41.62 ‰) to -14.86 ‰ (-110.87 ‰) for δ18Ow (δDw), and correspond to 
measured mean catchment elevations of 380 and 4499 m respectively. Isotopic compositions 
along the southern transect range from -1.77 ‰ (-24.25 ‰) to -15.82 ‰ (-112.89 ‰) for δ18Ow 
(δDw), and correspond to mean catchment elevations of 2300 and 4050 m, respectively. Stream 
water compositions exhibit a larger isotopic range on the Altiplano than on the eastern flanks 
(Figure 3.2). Altiplano δ18Ow (δDw) values vary from 5.44 ‰ (-18.73 ‰) to -16.38 ‰ (-123.60 
‰). Both extreme values for the Altiplano occur in catchments with mean elevations exceeding 
3800 m.  
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Figure 3.2. Spatial distribution of the δ18Ow of central Andes stream waters. (a) Map view of collected stream 
waters. Colored circles denote each stream sample, with blue (red) indicating the compositions least (most) depleted 
in 18O. (b) Scatter plot of δ18Ow of central Andes stream waters versus hypsometric mean elevation (m). Higher 
elevation catchments tend to have more negative isotopic compositions for elevations below 3500 m. On the 
Altiplano above 3500 m, however, compositions are more variable. Standard errors for δ18Ow are ~0.1 ‰. 
Multivariate least-squares linear regression (see Appendix 3B for methods) between 
δ18Ow and geographic variables indicates significant (p < 0.05) associations of δ18Ow with 
elevation and sampling latitude across all sampled streams (Table 3.4). A similar best model 
emerges when only flank catchments are considered (Table 3.5). When only Altiplano stream 
δ18Ow is considered, the best model retains elevation and annual precipitation, but not latitude, as 
predictor variables (Table 3.6). However, the preferred model for Altiplano δ18Ow only describes 
a small portion of the observed variance (r2 = 0.322). 
3.4.2  Isotopic Lapse Rates and Elevation Catchment Predictions 
Isotopic lapse rates along the two transects, determined by univariate linear regression, 
differ from year to year (Table 3.1). Northern transect δ18Ow lapse rates vary from -0.79 ± 0.31 
‰/km in 2010 to -1.66 ± 0.16 ‰/km in 2011. Southern transect δ18Ow lapse rates are generally 
larger in magnitude, and vary from -1.52 ± 0.32 ‰/km in 2010 to and -1.77 ± 0.14 ‰/km in 
2012. Other portions of the eastern Andean flank exhibit similar isotopic lapse rates in both 
stream waters and precipitation, though all archives exhibit substantial interannual variability 
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(Table 3.1) [Gonfiantini et al., 2001; Bershaw et al., 2010; Rohrmann et al., 2014; Fiorella et al., 
2015]. 
GIS-derived mean catchment elevations were compared to predictions from δw using two 
models of the isotope-elevation relationship. Both the semi-empirical thermodynamic model 
[Rowley, 2007] and locally calculated empirical linear regressions produce overestimates of the 
true elevation of low-elevation (< 2000 m) catchments, and both models also underestimate the 
true elevation of high-elevation catchments for both the northern and southern transects (Figure 
3.3a-d), similar to observations further north in the Eastern Cordillera [Saylor et al., 2009]. For 
the semi-empirical thermodynamic model, this pattern is more pronounced in the northern 
transect than in the southern transect. Half of the predictions from catchments below 1000 m in 
the northern transect overestimate their true elevation by more than 1000 m, and all ten of the 
predicted elevations for catchments below 2000 m are higher than their actual elevation (Figure 
3.3c). The linear empirical model produces a similar trend in the residuals that is approximately 
equal for both transects (Figure 3.3d). At high elevations, model predictions tend to 
underestimate measured elevations, most notably on the plateau (Figure 3.3a-d). 
Model predicted elevations appear to perform well along the flanks when considered as a 
distribution. For the Rowley [2007] model, the mean residuals between predicted and observed 
catchment elevations are 20 m and -140 m for the northern and southern transects respectively, 
and the most frequent values inferred from the distributions are both within ±200 m of zero 
(Figure 3.3e). The mean residual for the flank distributions in both linear regression models is ~0 
m. Distribution mean residuals for both models are low on the flanks, with overestimations at 
low elevations are counterbalanced by underestimations at high elevations, resulting in 
distributions that appear normal and centered near zero. In contrast, residuals for Altiplano 
streams are skewed toward negative values, with several predictions underestimating measured 
catchment elevations by > 2.0 km (Figure 3.3ef). For both models, substantially more than half 
of the elevation predictions for Altiplano catchments have residuals below zero (79% Rowley, 
65% linear empirical), indicating that Altiplano catchment elevations are poorly described by 
both models. 
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Table 3.1. Compilation of central Andes eastern flank isotopic lapse rates. 
a: Published elevations were given as sampling elevations, not mean catchment elevations. 
b: Includes only flank catchments that are not within the internally-drained Altiplano 
c: Sample W10-PUR02 removed from regression due to excessive evaporation, as in Rohrmann et al., 2014. 
d: Precipitation samples collected from September-December only. 
e: Precipitation samples collected from January-September only. 
 
 
 
 
Stream Waters 
Latitude Year Mean Catchment 
Elevation Range (m) 
Sample 
Count 
δ18O Lapse 
Rate (‰/km) 
Reference 
15°S 2004 829-4683a 36 -1.90 ± 0.08 Bershaw et al. 2010 
15°S 2005 408-4823a 46 -1.53 ± 0.06 Bershaw et al. 2010 
15°S all 408-4823a 82 -1.67 ± 0.05 Bershaw et al. 2010 
17.5°S 2010 456-4499 9b -0.79 ± 0.31 this study 
17.5°S 2011 319-4499 10b -1.66 ± 0.16 this study 
17.5°S 2012 319-4499 11b -1.24 ± 0.11 this study 
17.5°S all 319-4499 30b -1.15 ± 0.18 this study 
21°S 2009 784-4301 45b -1.76 ± 0.18 this study 
21°S 2010 895-4261 29b -1.52 ± 0.32 this study 
21°S 2011 373-4116 33b -1.69 ± 0.14 this study 
21°S 2012 606-4261 43b -1.77 ± 0.14 this study 
21°S all 373-4301 150b -1.67 ± 0.11 this study 
22-24°S 2010 701-4416 14c -1.93 ± 0.34 Rohrmann et al. 2014 
22-24°S 2011 3069-4197 11 -0.23 ± 0.63 Rohrmann et al. 2014 
22-24°S 2012 3623-4013 7 -5.46 ± 1.21 Rohrmann et al. 2014 
22-24°S 2013 625-4326 17 -1.35 ± 0.27 Rohrmann et al. 2014 
22-24°S all 625-4416 49 -1.69 ± 0.17 Rohrmann et al. 2014 
24-26°S 2010 1236-4587 11 -0.23 ± 0.29 Rohrmann et al. 2014 
24-26°S 2011 1856-4006 12 -0.63 ± 0.68 Rohrmann et al. 2014 
24-26°S 2012 1112-4836 77 -1.09 ± 0.12 Rohrmann et al. 2014 
24-26°S all 1112-4836 100 -0.88 ± 0.12 Rohrmann et al. 2014 
26-28°S 2011 340-4437 83 -0.21 ± 0.09 Rohrmann et al. 2014 
26-28°S 2012 1647-3764 4 0.14 ± 0.69 Rohrmann et al. 2014 
26-28°S all 340-4437 87 -0.21 ± 0.09 Rohrmann et al. 2014 
Precipitation Samples 
Latitude Year Station Elevation 
Range (m) 
Number of 
stations 
δ18O Lapse 
Rate (‰/km) 
Reference 
15°S 1983 200-5200 12 -1.5 ± 0.2 Gonfiantini et al. 2001 
15°S 1984 200-5200 12 -2.4 ± 0.2 Gonfiantini et al. 2001 
17.5°S 1985 405-3220 7 -1.6 ± 0.2 Gonfiantini et al. 2001 
21°S 2008d 395-4340 5 -1.2 ± 0.8 Fiorella et al. 2015 (chapter 2) 
21°S 2009 395-4340 5 -2.0 ± 0.3 Fiorella et al. 2015 (chapter 2) 
21°S 2010 395-4340 5 -2.2 ± 0.2 Fiorella et al. 2015 (chapter 2) 
21°S 2011e 395-4340 5 -1.3 ± 0.4 Fiorella et al. 2015 (chapter 2) 
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Figure 3.3. Comparison of measured and model predicted catchment elevations for the Rowley semi-empirical 
thermodynamic model (2007, left column) and a linear empirical model (right column). (a,b) Direct comparison 
between predicted and measured elevations by physiographic region. Elevation predictions deviate from model 
expectations by >3000 m at several of the highest elevation Altiplano catchments. (c,d) Residual between prediction 
and measurement. The best-fit line is plotted for the north (orange) and south (purple) transects. (e,f) Empirical 
cumulative distribution functions of residuals between predicted and measured elevations. Residuals for the two 
elevation transects are both normally distributed and centered around zero. Stream waters on the Altiplano, 
however, are consistently biased to predict lower-than-observed elevations, and skewed toward multi-kilometer 
underestimation and away from overestimation. Distribution mean values are shown as vertical lines above the 
distributions, and 95% confidence intervals based on 50,000 bootstrap replicates with replacement are shown as 
horizontal lines. 
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3.4.3 Central Andes Precipitation and Evapotranspiration Rates through Uplift 
When the Andes are low (0-25% of modern elevations), RegCM simulations estimate a 
higher evapotranspiration to precipitation (E/P) ratio in the central Andes, and thus more arid 
conditions (Figure 3.4ab) [Ehlers and Poulsen, 2009]. In contrast, when the Andes exceed 50% 
of their modern elevations, regional aridity decreases, most markedly along the flanks (Figure 
3.4cde). Predicted precipitation rates for the Altiplano region [defined as the 126 grid cells 
within the red polygon in Figure 3.4a-e, after Isacks, 1988; McQuarrie et al., 2005] increase 
from 0.86 mm/day at 0% of modern elevations to 6.61 mm/day at 100% of modern elevations 
(Figure 3.4f). Evapotranspiration rates also increase during Andean uplift, but not at every stage. 
Mean evapotranspiration rates more than triple between 0% (0.78 mm/day) and 75% of modern 
elevations (2.85 mm/day) (Figure 3.4g). Increased water availability from additional 
precipitation and an increase in shortwave radiation associated with a higher elevation surface 
fuels the higher evapotranspiration rates. Continued uplift above 75% of modern elevations 
decreases evapotranspiration rates slightly (to 2.62 mm/day, Figure 3.4g), which is consistent 
with lower surface temperatures and higher relative humidity. Together, these trends indicate that 
the average E/P ratio decreases in the region throughout uplift, but also becomes more spatially 
variable as shown by the increasing range of values (Figure 3.4h). 
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Figure 3.4. Climate model predicted regional mean precipitation and evapotranspiration rates through Andean 
uplift. (a)-(e). Evapotranspiration to precipitation ratio across the central Andes region, with elevations increasing 
from 0% to modern in 25% increments from (a) to (e). Higher values (shown as progressively more brown) indicate 
increasingly arid conditions. Throughout uplift, the central Andes region becomes progressively less arid 
throughout uplift, but with stronger spatial gradients effected by topography. Annual precipitation (mm/day) (f), 
evapotranspiration (mm/day) (g), and evapotranspiration to precipitation ratio (unitless) (h) are also shown, with 
the range shown for all the model grid cells in the Altiplano region (defined as red outlined area in (a)-(e)). Areal 
mean values are shown as a heavy line in (f)-(h), and 2σ variability indicated by the shaded polygon. Andean uplift 
results in increases in both precipitation and evapotranspiration, but a decrease in the evapotranspiration to 
precipitation ratio as precipitation rates increase by a greater amount. 
3.5 Interpretation of the modern δw distribution 
 Elevation provides a dominant control on central Andes δ18Op [Gonfiantini et al., 2001; 
Fiorella et al., 2015]. Stream water δ18O compositions generally preserve the relationship 
between δ18Op and elevation along the flanks (Figure 3.5ab), while on the Altiplano we observe 
substantial variability in δ18Ow not observed in δ18Op (Figure 3.5c). The spread in Altiplano δw 
cannot be explained by catchment elevations, as both extreme values occur in catchments with 
mean measured elevations of > 3800 m. Instead, these trends imply that different processes 
govern the isotopic composition of surface waters on the Altiplano compared to its eastern flank. 
  To investigate this possibility, we compare the δ18Ow-δDw relationship of flank and 
Altiplano streams to the δ18Op-δDp relationship for published precipitation values [Aravena et al., 
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1999; Gonfiantini et al., 2001; Fiorella et al., 2015] (Figure 3.6). The δ18O-δD relationship 
reflects the integrated condensation and evaporation history of the water pool, and the Altiplano 
δ18Ow-δDw relationship should differ from the flanks if different processes control the isotope 
distribution in the two regions. Regional precipitation shows a consistent δ18Op-δDp relationship 
(Figure 3.6a) that falls along the global meteoric water line (GMWL, black line in each panel of 
Figure 3.6) [Rozanski et al., 1993]. Transect δw values also follow the GMWL (Figure 3.6b); 
however, Altiplano δw values follow a distinctly shallower slope (Figure 3.6c, slope = 4.59 ± 
0.11), which is consistent with evaporation of Altiplano surface waters. Evaporation also 
decreases the deuterium excess of natural waters (d-excess = δD-8δ18O), as kinetic fractionation 
during evaporation results in a stronger fractionation between 18O and 16O relative to that 
between D and H [e.g., Rozanski et al., 1993]. The global average d-excess in precipitation 
implied by the GMWL is ~10 [Rozanski et al., 1993], though d-excess in central Andes 
precipitation has been observed to range between 14-20 [Gonfiantini et al., 2001; Fiorella et al., 
2015]. If we characterize any stream water sample with a d-excess value below 5 as evaporated, 
68% of Altiplano stream samples exhibit evaporation (April only, 74% including October 
samples), compared to only 13% of catchments along both elevation transects. Evaporation does 
not appear to occur during precipitation as a subcloud process [e.g., Rohrmann et al., 2014], as 
Altiplano precipitation does not have low d-excess values comparable to the stream waters 
[Fiorella et al., 2015]. Therefore, evaporation of surface waters must occur following rainout, 
promoting the different δ18O-δD relationship observed between Altiplano precipitation and 
stream waters.   
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Figure 3.5. Scatter plots of the isotopic composition of precipitation and stream waters compared to elevation along 
the northern transect (a), southern transect (b), and Altiplano (c) regions. Precipitation compositions are plotted at 
the station elevation, while stream elevations are plotted as catchment mean elevations. Precipitation and stream 
water samples show similar relationships between δ18O and elevation along the flanks (a and b), but show different 
relationships on the Altiplano (c) due to evaporative enrichment of the heavy isotopes in stream waters that is not 
observed in precipitation. 
 
 
Figure 3.6. δD versus δ18O for compiled precipitation data (a), streams along the eastern flank (b), and streams 
contained within the Altiplano (c). The Global Meteoric Water Line [GWML, Rozanski et al., 1993] is plotted in (a)-
(c) for reference and represents a global composite of the δD-δ18O relationship for precipitation. In (a), filled 
symbols represent precipitation amount-weighted averages. Open symbols represent stations where precipitation 
measurements were not available; thus, these represent unweighted averages of delta values. Regression slope and 
uncertainties (2σ) are shown in the inset, and the best-fit line and 2-sigma prediction interval is plotted for each 
region and water type. For (c), 95% confidence intervals of the slope are calculated separately for April and 
October using 50,000 bootstrap replicates with replacement. Precipitation (a) and flank stream (b) compositions 
plot closely to the GMWL, while streams on the Altiplano (c) follow a lower slope line (shown in red for April, gray 
for October). This lower slope line is characteristic of evaporation. 
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Evaporation of Altiplano surface waters biases model predictions to lower elevations, and 
is responsible for the biased distribution observed (Figure 3.3ef). The most evaporated Altiplano 
stream waters, which have the heaviest compositions, yield elevation predictions that are below 
sea level (Figure 3.3ab). These predictions clearly demonstrate the potential of evaporation to 
impair elevation estimates. Though the most frequently observed Altiplano residuals occur 
between -250 and -750 m, the influence of the most evaporated streams lowers the mean 
Altiplano residual to -840 m for the Rowley model (Figure 3.3e), and -460 m for the linear 
empirical model (Figure 3.3f). In contrast, since evaporation is only observed in a small fraction 
of samples along the flank, these distributions are not systematically biased toward lower 
elevations (Figure 3.3ef). However, a trend in the residuals along the flank remains (Figure 
3.3cd), where low (high) elevation catchments tend to have elevation predictions that are too 
high (low). We note two potential reasons for this relationship. First, prior climate modeling 
experiments have suggested that the isotopic lapse rate is not linear for all elevations, and varies 
in time and space due to variability in convective precipitation and entrainment of vapor from 
other vertical levels in the atmosphere [Insel et al., 2012]. Second, low-elevation isotopic 
compositions at the eastern Andean flank are highly variable from year-to-year, and are closely 
related to convective and precipitation intensity over the Amazon Basin [e.g., Fiorella et al., 
2015]. Regardless, only the plateau catchments show substantial evidence of evaporation (Figure 
3.6), lower d-excess values, higher δDw and δ18Ow values than anticipated for their elevation 
(Figure 3.5-6), and ultimately, a physical basis for elevation underestimation. 
We find limited evidence for other potential explanations for the spatial pattern of 
evaporation on the plateau. For example, relationships between Altiplano δ18Ow and catchment 
area (r2 = 0.02), latitude (r2 = 0.16), and longitude (r2 = 0.01) are weak; thus, basin size and 
position are unlikely explanations for variability on the Altiplano (Table 3.6). Furthermore, the 
lower slope observed for Altiplano surface waters does not result from a few highly influential 
evaporated streams. Resampling of the Altiplano stream waters to remove the ten most 
evaporated streams yields a slope of 5.35 ± 0.25 (compared to 4.59 ± 0.11 with all streams), 
which is still much lower than the anticipated value of ~8 for unevaporated meteoric waters. 
Wide isotopic variations in Altiplano surface waters indicate variability in evaporative intensity. 
For example, the most evaporated surface waters exhibit isotopic compositions heavier than 
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measured Altiplano δ18Op by > 10 ‰ [Fiorella et al., 2015], while stream waters that are less 
affected by evaporation may have isotopic compositions within 1 ‰ of δ18Op.  
3.6 Discussion 
3.6.1 Evaporative Imprint on Proxy Materials and Elevation Reconstructions 
Spatially variable evaporative intensity on the plateau provides the most direct 
explanation for the large range of Altiplano δw and the lower slope δ18O-δD relationship. The 
occurrence of large salt flats, such as the Salar de Uyuni, provide evidence for significant 
evaporation on the modern Altiplano. If evaporated surface waters propagate to proxy bearing 
soil horizons, proxies forming in equilibrium with these soil waters will record compositions 
heavier than precipitation. Interpretations from these proxy materials will be prone to 
underestimate elevation because of the heavier compositions recorded. Therefore, we consider 
lighter isotopic compositions to be stronger evidence for high elevations than heavier isotopic 
compositions are for low elevations.  
Many, but not all, paleoaltimetry studies have sought to sample below 50 cm in paleosols 
based on theoretical and experimental observations that evaporation from the surface has 
minimal direct impact on soil water isotopes below this depth (Appendix 3C) [e.g., Quade et al., 
2007]. However, mixing of partially evaporated near-surface soil water with infiltrating 
precipitation promotes indirect enrichment of heavy isotopes in deeper soil waters [Mathieu and 
Bariac, 1996; Breecker et al., 2009]. Observations in arid soils indicate that soil waters deeper 
than 50 cm can be up to ~7‰ heavier in δ18Ow than annual mean δ18Op [Hsieh et al., 1998; 
Breecker et al., 2009]. Thus, soil waters below the 50 cm threshold may still exhibit evaporative 
bias relative to mean annual δp. Alternating 3-4 day periods of sun followed by convective rain 
are typical during the central Andes rainy season [Garreaud et al., 2003]. This intermittent 
precipitation on the Altiplano during the rainy season allows for surficial waters to evaporate 
between storms. These evaporated surface waters may mix with subsequent rains, which would 
push partially evaporated waters to lower depths in the soil, and bias soil water isotopic 
compositions to heavier values than precipitation.  
 If we assume δw reflects the composition of surficial soil waters, we can make an order-
of-magnitude estimate of the evaporative bias in deeper soil waters. We assume that the soil 
water in carbonate forming horizons is a mix of 70% unevaporated precipitation and 30% 
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shallow, evaporated soil waters. This partitioning is based on observations from African soils in 
a similar hydroclimate [Mathieu and Bariac, 1996]. For example, surface water shifts of 2.0 and 
5.0‰ relative to precipitation would result in soil waters in carbonate forming horizons that are 
0.6-1.5‰ more positive than δ18Op. Based on modern precipitation lapse rates [Gonfiantini et al., 
2001; Fiorella et al., 2015], carbonates forming from these soil waters would record 
compositions associated with ~1 km lower surface elevations due solely to the isotopic offset 
between precipitation and soil water. The magnitude of this bias depends on the fraction of 
surficial waters mixing with deeper soil waters, which in turn, depends on soil properties, 
climate, and vegetation [Mathieu and Bariac, 1996]. Soils where more (less) than 30% of total 
soil water in carbonate forming horizons from evaporated shallow soil waters will exhibit a 
larger (smaller) evaporative bias. Changes in soil properties through time may be difficult to 
determine, but paleoclimate model simulations can constrain changes in the net evaporation 
through time.  
3.6.2 Intensity and Seasonality of Net Evaporation During Uplift  
Several lines of geological evidence, in addition to climate model results, support arid 
conditions in the ancient central Andes. Evaporite sequences are observed in adjacent Atacama 
sediments from the end Triassic onward [e.g., Clarke, 2006]. In the Altiplano, evaporites are 
observed from ~15 Ma, and have been taken as evidence for the development of internal 
drainage [Alonso et al., 1991; Vandervoort et al., 1995]. The absence of evaporates prior to ~15 
Ma may therefore reflect that the Altiplano was an externally drained basin, and does not 
necessarily suggest the region was less arid prior to this time. The central Andes lie in the dry 
subtropics, where moisture convergence and precipitation formation are inhibited by strong 
atmospheric subsidence. South America has not changed latitude significantly since the Triassic 
[e.g., Gurnis et al., 2012], and therefore, the central Andes have been in a region of strong 
atmospheric subsidence throughout the Cenozoic. Andean uplift promotes the development and 
strengthening of the South American Low Level Jet, increasing moisture convergence and 
precipitation on the eastern flank of the central Andes, and resulting in less arid conditions [Insel 
et al., 2010]. Ultimately, a higher E/P ratio early in the uplift of the Andes implies a larger 
magnitude evaporative bias in more ancient proxy materials.  
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 Surface uplift also changes the seasonality of aridity, which we expect to change the 
seasonal timing of pedogenic carbonate formation (Figure 3.7) [e.g., Peters et al., 2013]. This 
change in carbonate formation timing will influence both the δ18Occ value and the formation 
temperature inferred from clumped isotope thermometry (Δ47 compositions for pedogenic 
carbonates). Dry conditions that follow the rainy season in the central Andes during austral fall 
and winter likely instigate modern pedogenic carbonate formation. However, paleoclimate 
models suggest a later termination of the rainy season when the Andes are at low elevations (≤ 
25% of modern), with evapotranspiration rates exceeding precipitation rates starting in May 
compared to April when the mountains are higher (Figure 3.7a). This result suggests that when 
plateau elevations were lower, carbonate formation was shifted later in the year. However, this 
effect was unlikely to be constant throughout the Altiplano, as the transition to an earlier onset of 
the dry season associated with uplift is less pronounced north of 17°S (Figure 3.7b), and more 
pronounced south of 17°S (Figure 3.7cd). As both soil temperature and δ18Ow contribute to 
δ18Occ, the shift to earlier carbonate formation would bias δ18Occ and Δ47 toward summer 
temperatures and δ18Ow. 
Finally, the number of annual carbonate precipitation periods may have changed during 
Andean surface uplift. The modern evapotranspiration rate exceeds the precipitation amount for 
a single extended period (April-September). A similar pattern is observed when the Andes are at 
least 50% of their modern elevations (Figure 3.7a). Thus, pedogenic carbonates would form only 
during April-September when the Andes exceed 50% of modern elevations. In contrast, when the 
Andes are below 50% of their modern elevations, evapotranspiration exceeds precipitation both 
before (e.g., October-December) and after the rainy season (e.g., May-August), suggesting two 
distinct periods of possible carbonate growth. With two seasons of carbonate formation, the bulk 
carbonate composition would record a mixture of both dry and rainy season soil waters and soil 
temperatures. Modern precipitation during the dry season can exhibit δ18Op that is >5‰ more 
positive than rainy season δ18Op [Gonfiantini et al., 2001; Fiorella et al., 2015]. Using the same 
logic as above to estimate soil water δ18O, dry season soil waters would be >1.5‰ more positive 
than rainy season soil waters. Applying modern isotopic lapse rates to this difference in seasonal 
soil water compositions indicates that pedogenic carbonates forming in equilibrium with dry 
season soil waters would further underestimate elevations by ~1 km. Additionally, if carbonate 
precipitation occurs during both the summer and winter while elevations are low before 
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transitioning to winter-only formation when elevations are high, low elevation samples will be 
biased to lower Δ47 values, resulting in artificially warm temperatures. This reflects both the 
higher formation temperatures during the summer and due to non-linear effects in Δ47 values 
resulting from the homogenization of summer and winter carbonate values during analysis 
[Defliese and Lohmann, 2015].  
 
Figure 3.7. Monthly evapotranspiration to precipitation ratios for each climate model scenario for the entire 
Altiplano (a, 14-23°S), the northern Altiplano (b, 14-17°S), the central Altiplano (c, 17-20°S), and the southern 
Altiplano (d, 20-23°S). At higher elevations (>50%), evapotranspiration exceeds precipitation from April to 
September. In contrast, at lower elevations (<50%), evapotranspiration exceeds precipitation during two distinct 
periods (May-August, October-December). These changes in the annual hydrologic budget imply that the timing of 
pedogenic carbonate formation may have changed throughout the uplift and complicates direct comparison of 
δ18Occ values from different periods of Andes uplift. 
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3.6.3 Implications for central Andes paleoaltimetry 
 Stable isotope compositions of central Andes proxy materials have been used to support 
interpretations of rapid, punctuated, and spatially variable uplift, including uplift magnitudes of: 
(a) 2.2-3.7 km between 19-16 Ma for the Peruvian Western Cordillera [Saylor and Horton, 
2014], (b) 2.5 ± 1.0 km between 10.3-6.8 Ma for the Bolivian Altiplano [Garzione et al., 2006], 
and (c) 2.5-4.0 km since 29 Ma for the Eastern Cordillera [Leier et al., 2013]. These high 
magnitudes and short durations of uplift stand in contrast with other lines of evidence including 
structural observations of: (a) crustal thicknesses of ~50-60 km for the Altiplano and Eastern 
Cordillera during the Oligocene [McQuarrie, 2002], (b) a strong association between crustal 
thickening and tectonic shortening at these latitudes (~17-21°S) [Kley and Monaldi, 1998], and 
(c) consistent regional shortening rates of 8-10 mm/yr from ~40 Ma [Barnes and Ehlers, 2009]. 
Furthermore, deformation in the Eastern Cordillera and Altiplano precedes apparent uplift by > 
10 Ma [Lamb and Hoke, 1997; Horton et al., 2001].  
These differences between the surface uplift and deformation histories can be explained 
by isotopic fractionation associated with climate change during surface uplift [Ehlers and 
Poulsen, 2009; Poulsen et al., 2010; Poulsen and Jeffery, 2011; Insel et al., 2012]. Thus, proxy 
isotopic compositions may not only record changes in elevation, but also changes in climate. 
Proxy material isotopic compositions exhibit large variability within and between study sites 
[Figure 3.8, Garzione et al., 2008; Leier et al., 2013; Garzione et al., 2014; Saylor and Horton, 
2014]. Carbonates deposited from 6-7 Ma in the Corque Syncline show δ18Occ values ranging 
from -15.3 to -8.3‰ [Figure 3.8, Garzione et al., 2006]. Likewise, though no values heavier than 
~ -110‰ for δD occur in hydrated volcanic glass compositions after ~17 Ma in the Condoroma 
Basin in Peru [Saylor and Horton, 2014], isotopic compositions vary by at least ~70‰ in 
samples with overlapping dating uncertainty.  
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Figure 3.8. Proxy material sampling locations (a) and compilation of available proxy δ18Occ values from the central 
Andes plotted against proxy age for (b) Quehua and Cerdas [Garzione et al. 2014], (c) the Corque Syncline 
[Garzione et al. 2006; 2008, Ghosh et al. 2006] and (d) the Salla and Upper Salla Beds [Garzione et al. 2008, Leier 
et al. 2013]. Data points used in our proposed reconstruction using only the most negative carbonate values are 
connected in (c) and (d) with thin black lines. 
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Variability between these sites has been interpreted to reflect relative uplift between sites, 
perhaps by as much as multiple kilometers. Alternatively, this variability may represent changes 
in the spatial pattern of evaporation between sites. Proxy materials formed from evaporated 
waters would record heavier isotopic compositions associated with lower elevations. Based on 
climate modeling patterns of precipitation and evapotranspiration, this isotopic bias increases for 
more ancient proxy materials when elevations were lower. To minimize the impact of 
evaporative bias in paleoaltimetry studies, it has been suggested that only the lightest isotopic 
compositions should be used to reconstruct elevations [e.g., Rowley and Currie, 2006]. However, 
this maxim has been inconsistently applied to central Andes stable isotope paleoaltimetry 
studies.  
Here, we reconsider the Bolivian Altiplano and Eastern Cordillera paleoaltimetry record 
using only the most negative isotopic compositions available. Starting with the Corque syncline 
on the Bolivian Altiplano, we identify four key carbonate compositions to construct a 
paleoelevation history based on the lightest isotopic compositions: -12.1‰ at 24.5 Ma, -13.3‰ 
at 11.45 Ma, -14.1‰ at 7.35 Ma, and -15.1‰ at 6.74 Ma (VPDB) [Garzione et al., 2008]. The 
composition of meteoric water in equilibrium with these carbonates can be estimated by applying 
temperature constraints to the temperature-dependent fractionation of oxygen between calcite 
and water [Kim and O'Neil, 1997]. Assuming formation temperatures of 36°C, 28°C, 18°C, and 
13°C based on clumped isotope paleothermometry [Ghosh et al., 2006; Leier et al., 2013], these 
carbonate compositions imply meteoric water compositions of  -7.6‰ at 24.5 Ma, -10.3‰ at 
11.45 Ma, -13.2‰ at 7.35 Ma, and -16.2‰ at 6.74 Ma (VSMOW). An annual mean δ18Op of -
7.6 ‰ is inconsistent with near sea-level elevations, but is consistent with Andean elevations of 
~25-50% of modern, or 1.0-2.0 km [Insel et al., 2012]. Additionally, the δ18Op estimated for 6.74 
Ma is consistent with modern observations [Gonfiantini et al., 2001; Fiorella et al., 2015], 
suggesting that modern elevations were reached by this time. This limits the total Altiplano uplift 
after 24.5 Ma to 1.7-3.0 km. Partitioning the 8.6‰ of estimated δ18Op change proportionally 
between these four points suggests uplift magnitudes of: 0.5-1.0 km from 24.5-11.45 Ma, 0.6-1.0 
km from 11.45-7.35 Ma, and 0.6-1.0 km from 7.35-6.74 Ma. These uplift magnitudes would 
imply plateau elevations of 1.0-2.0 km at 24.5 Ma, and >1.5 km by 11.45 Ma and >2.1 km by 
7.35 Ma (Figure 3.9a). Therefore, the total uplift of the Altiplano after 11.45 Ma cannot exceed 
~2.2 km, and may have been as small as ~0.7 km. These estimates are substantially smaller than 
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previous interpretations of the isotopic data of 2.5±1.0 km of uplift after 11.45 Ma [e.g., 
Garzione et al., 2008]. Further, our estimates represent maximum uplift magnitudes and place 
minimum bounds on past elevations, if the following two assumptions are correct: (1) the lightest 
isotopic compositions capture unevaporated meteoric water and (2) the isotopic composition of 
this proxy material represents the multi-year mean of the precipitation composition. In arid 
climates, compositions reflecting unevaporated water may not be preserved [Quade et al., 2007], 
and therefore, elevations may be higher than suggested by the most negative proxy composition. 
Finally, we note that our assumption that clumped isotope compositions accurately record the 
proxy formation temperature is the more conservative approach to reinterpret the δ18Occ data 
with respect to the original interpretations. If RegCM surface temperatures were used instead, the 
estimated change in δ18Op would drop to a maximum of 7.7‰ instead of 8.6‰, which would 
also suggest a lower uplift magnitude. Furthermore, a formation temperature of 28°C from 
RegCM at 24.5 Ma implies a δ18Op of -9.1‰, and potentially higher paleoelevations than the 1-2 
km estimated here. 
Additionally, surface temperature histories inferred from clumped isotope compositions 
of pedogenic carbonates suggest that the southern Bolivian Altiplano was uplifted by 2.5±1.0 km 
between 16 and 13 Ma. In contrast, clumped isotope temperatures indicate the northern Bolivian 
Altiplano remained below 2 km until ~10 Ma, and experienced 2.5±1.0 km of uplift between 10 
and 6 Ma [Ghosh et al., 2006; Garzione et al., 2014]. However, the most negative δ18O 
compositions from the north and south halves of the Bolivian Altiplano do not show this 
discrepancy. The lightest isotopic compositions at the Cerdas and Quehua sites in the southern 
Altiplano are -13.8‰ at 16.15 Ma and -13.0‰ at 7.22 Ma respectively, while compositions of -
12.1‰ at 24.5 Ma and -14.1‰ at 7.35 Ma are observed at the Corque Syncline (Figure 3.8). 
Therefore, δ18O compositions would seem to suggest a spatially uniform uplift of the Bolivian 
Altiplano, in contrast to the heterogeneous uplift history previously inferred from Δ47 
compositions. However, clumped isotope temperature estimates are highly uncertain for portions 
of the central Andes record. For example, carbonates within the Corque Syncline show a ~25°C 
range of temperature at 11 Ma and a ~20°C range of temperature at 6 Ma, while the Salla Beds 
also show a ~25°C range at 25 Ma [Appendix 3C, Garzione et al., 2008; Leier et al., 2013]. The 
RegCM temperature change between the 0% and 100% Andes simulations is ~22°C. Therefore, 
the temperature uncertainty for contemporaneously precipitated pedogenic carbonates 
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approaches the anticipated signal for the entire uplift of the Andes. As such, the clumped isotope 
record places weaker constraints on the paleoelevation history of the central Andes than do δ18O 
compositions. As a result, our proposed Altiplano uplift scenario remains consistent with 
clumped isotope temperatures (Appendix 3C). This trend arises from the large Δ47 temperature 
variability as well as from uncertainties in the relationship between Δ47 formation temperatures 
and mean annual air temperatures (Appendix 3C). 
Therefore, based on our prior assertion that more negative isotopic compositions are stronger 
evidence for high elevations than less negative compositions are for low elevations, we suggest 
that broadly synchronous uplift of the Bolivian Altiplano is consistent with the δ18Occ data 
(Appendix 3C).  In addition, Δ47 temperatures also suggest a homogenous uplift of the Bolivian 
Altiplano when temperature estimates for Corque, Cerdas, and Quehua are estimated using the 
model of Quade et al. [2013]. Broadly synchronous uplift is also supported by evidence of 
similar deformation histories in the northern [Lamb and Hoke, 1997] and southern [Elger et al., 
2005] portions of the Bolivian Altiplano. Additionally, recent isotopic evidence suggests that the 
Puna plateau may have attained modern elevations at least as early as the mid-Miocene [e.g., 
Quade et al., 2015], and perhaps as early as the Eocene [Canavan et al., 2014]. Taken together, 
we suggest that a broadly uniform uplift of the entire central Andean plateau may yet be 
consistent with the isotopic data due to the strong hydrologic changes associated with uplift that 
may be reflected in proxy isotope compositions. Further, our proposed paleoelevation history is 
more consistent with crustal shortening records for the Altiplano [Lamb and Hoke, 1997; Elger 
et al., 2005; Oncken et al., 2006; Eichelberger et al., 2015], and does not require massive, large-
scale delamination. 
 In the Eastern Cordillera, the most negative δ18Occ value for the Salla Beds is -9.7‰ at 
28.0 Ma, and -13.9‰ at 18.0 Ma for the Upper Salla Beds (VPDB) [Leier et al., 2013]. 
Assuming formation temperatures (from Δ47) of 36±4°C for the Salla Beds and 20±3°C for the 
Upper Salla Beds yields estimates of δ18Op of -5.0±0.7‰ and -12.5±0.6‰ for the Salla and 
Upper Salla Beds respectively (VSMOW). This estimate of δ18Op for the Salla Beds is slightly 
more negative than the estimation of Leier et al. [2013] of -4.0‰, but remains consistent with 
their interpretation of Salla Bed paleoelevations of 0-1.5 km (Figure 3.9b). In contrast, a value of 
-12.5±0.6‰ for δ18Op during deposition of the Upper Salla Beds suggests surface elevations >3 
km (Figure 3.9b). Modern water isotope values more depleted than -12.0‰ are not observed in 
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precipitation and stream waters below 3 km [Gonfiantini et al., 2001; Bershaw et al., 2010; 
Fiorella et al., 2015]. Furthermore, isotope tracking climate model experiments also indicate that 
δ18Op values less than -12.0‰ require elevations of > 3 km [Insel et al., 2012]. Therefore, we 
suggest the Upper Salla Beds were deposited above 3 km. This is consistent with the estimate of 
3.2±0.5 km in Leier et al. [2013] when all carbonate values are included, but inconsistent with 
their elevation estimate of ~2.5 km when the most negative carbonate value is treated as an 
outlier. 
Finally, though we have considered evaporation in isolation, changes in Cenozoic climate 
have also likely impacted proxy isotopic compositions as well as evaporative intensity. Globally 
warmer conditions in the Paleogene relative to the Neogene may amplify evaporative bias [e.g., 
Zachos et al., 2001]. Additionally, enhanced atmospheric subsidence would be expected over the 
central Andes region in a warmer climate. This atmospheric subsidence would transport heavier-
than-anticipated vapor to the surface, and further bias proxy materials to lower elevations 
[Poulsen and Jeffery, 2011]. Unfortunately, the magnitude of evaporative bias is difficult to 
constrain throughout time in the absence of quantitative proxy-based estimates of net 
evaporation. We suggest that recent developments in 17O-excess, an isotopic marker which 
records evaporative intensity when combined with δ18Occ, may represent an important step 
forward to decoupling the contributions of climate and tectonic change to isotopic change [e.g., 
Passey et al., 2014]. 
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Figure 3.9. Schematic of the uplift of the Bolivian Altiplano (a) and Eastern Cordillera (b) proposed in this study. 
Key isotopic constraints identified in section 5.3 are shown in thick black lines, with arrows indicating that higher 
elevations are possible if a pedogenic carbonate in equilibrium with precipitation was not preserved.  The range of 
elevations suggested by using only the lightest δ18Occ compositions in the proxy record is outlined in dashed black 
lines, though we note other uplift paths through the constraints identified are possible. Previous interpretations of 
the stable isotope data are shown in gray. Cumulative shortening after Oncken et al. [2006] is shown for each 
region as a red curve. For both regions, the proposed post-15 Ma uplift is reduced from the original interpretations, 
and provides a closer match between cumulative shortening and reconstructed elevations. 
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3.7 Conclusions 
We provide a dataset of the isotopic composition of 249 central Andes streams collected 
over a 3.5-year period, constraining an important and previously missing aspect of the central 
Andes stable isotope system. The isotopic compositions of stream waters along the eastern 
Andean flank possess a δD-δ18O that is similar to regional precipitation. In contrast, stream 
waters on the Altiplano exhibit a δD-δ18O relationship with a shallower slope than that of 
regional precipitation, which we interpret as evidence of heavy isotope enrichment through 
evaporation. Propagation of this evaporative signal into soil waters that occurs during infiltration 
may result in soil water and carbonate compositions that underestimate modern elevations in 
modern soils. Paleoclimate model simulations indicate that the central Andes region has become 
progressively less arid through its uplift, and therefore, carbonates earlier in the uplift history 
may exhibit a greater bias. Cenozoic cooling and the increase in isotopic lapse rates inferred 
from climate modeling both amplify this bias [Poulsen et al., 2010; Poulsen and Jeffery, 2011; 
Insel et al., 2012; Jeffery et al., 2012].  
To avoid this bias, we propose paleoelevations for the Bolivian Altiplano of 1-2 km at 
24.5 Ma, 1.5-3.0 km at ~11.45 Ma, and 2.7-4 km at 6 Ma based on the lightest isotopic 
compositions observed in proxy materials. Using the same logic, we estimate paleoelevations for 
the Eastern Cordillera of 0-1.5 km at ~28 Ma and >3 km at ~18 Ma. We draw three major 
conclusions from this reinterpretation of stable isotope proxy data: (1) mid-Miocene-to-modern 
elevation change on the Bolivian Altiplano was no greater than 2 km, which is less than prior 
stable isotope based estimates of 2.5 ± 1 km [e.g., Garzione et al., 2008; 2014], (2) Bolivian 
Altiplano and Eastern Cordillera paleoelevations inferred in this study more closely match 
records of cumulative shortening (Figure 3.9) [e.g., Oncken et al., 2006; Barnes and Ehlers, 
2009] than do prior interpretations of stable isotope data, (3) when placed into a consistent 
framework, δ18O and Δ47 compositions support a uniform, homogenous uplift of the Bolivian 
Altiplano. Therefore, central Andes surface uplift may be more spatially uniform and more 
closely linked to crustal shortening than suggested in previous interpretations of stable isotope 
paleoelevation proxies. 
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Appendix 3A. Central Andes stream catchment geographic parameters and isotopic data 
Table 3.2. Geographic parameters of central Andes stream water catchments 
ID Collection 
Date 
Latitude Longitude Mean 
Catchment 
Elevation 
(m) 
Annual Precipitation 
Amount Weighted 
Mean Catchment 
Elevation (m) 
Minimum 
Elevation 
(m) 
Maximum 
Elevation 
(m) 
Catchment 
Relief (m) 
Catchment 
Area (sq. 
km) 
ST001 8-Apr-09 -18.39 -66.98 4086 4085 3713 4664 951 107.2 
ST002 8-Apr-09 -18.60 -66.91 4103 4116 3704 4771 1067 233.9 
ST003 8-Apr-09 -19.03 -66.78 4434 4459 3730 5084 1354 87.9 
ST004 8-Apr-09 -19.12 -66.77 4302 4286 3713 4907 1194 241.7 
ST005 8-Apr-09 -19.39 -67.27 3805 3801 3708 4149 441 60.2 
ST006A 8-Apr-09 -19.39 -67.27 3796 3800 3696 4069 373 177.4 
ST006B 8-Apr-09 -19.39 -67.27 3796 3800 3696 4069 373 177.4 
ST007 8-Apr-09 -19.64 -67.66 4125 4137 3706 4839 1133 12.1 
ST008 10-Apr-09 -20.55 -66.68 3949 3973 3653 5222 1569 1933.1 
ST009 10-Apr-09 -20.86 -66.54 4083 4054 3774 4777 1003 694.9 
ST010 10-Apr-09 -20.93 -66.28 4002 4002 3808 4319 511 1.9 
ST011 10-Apr-09 -20.93 -66.22 4064 4058 3645 4693 1048 358.9 
ST012A 10-Apr-09 -21.05 -66.09 4038 4046 3966 4151 185 12.2 
ST012B 10-Apr-09 -21.05 -66.09 4044 4046 3944 4244 300 19.1 
ST013A 10-Apr-09 -21.11 -66.04 4108 4125 3960 4256 296 9.0 
ST013B 10-Apr-09 -21.11 -66.04 4116 4123 3955 4358 403 12.0 
ST014 10-Apr-09 -21.18 -65.90 4022 4022 3877 4241 364 0.6 
ST015A 11-Apr-09 -21.74 -65.56 3641 3644 3395 4105 710 62.5 
ST015B 11-Apr-09 -21.74 -65.56 3416 3416 3395 3466 71 0.2 
ST016 11-Apr-09 -21.88 -65.40 3652 3618 2672 5046 2374 2848.8 
ST017 11-Apr-09 -21.82 -65.18 4035 4035 3887 4198 311 0.9 
ST018 11-Apr-09 -21.56 -65.05 3904 3905 3744 4284 540 1.5 
ST019 11-Apr-09 -21.49 -64.97 3743 3758 3436 4411 975 2.6 
ST020 11-Apr-09 -21.46 -64.87 3227 3227 3074 3347 273 0.1 
ST021 11-Apr-09 -21.46 -64.83 2619 2616 2544 2729 185 0.6 
ST022 11-Apr-09 -21.46 -64.84 2728 2720 2540 3076 536 3.9 
ST023 11-Apr-09 -21.45 -64.29 2168 2168 1990 2286 296 0.1 
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ST024 11-Apr-09 -21.46 -64.75 2046 2046 1958 2268 310 2.5 
ST025 11-Apr-09 -21.50 -64.76 2773 2713 1925 4236 2311 61.7 
ST026 12-Apr-09 -21.55 -64.60 1921 1921 1894 1964 70 0.3 
ST027 12-Apr-09 -21.52 -64.57 2377 2394 1934 3277 1343 250.6 
ST028 12-Apr-09 -21.46 -64.50 2318 2318 2238 2434 196 0.9 
ST029 12-Apr-09 -21.42 -64.41 2653 2653 2570 2783 213 0.5 
ST030 12-Apr-09 -21.45 -64.36 2349 2349 2138 2494 356 0.1 
ST031 12-Apr-09 -21.42 -64.31 2335 2331 2185 2509 324 0.3 
ST032 12-Apr-09 -21.43 -64.27 1897 1905 1652 2095 443 0.2 
ST033 12-Apr-09 -21.47 -64.21 1923 1923 1841 1980 139 0.1 
ST034 12-Apr-09 -21.45 -64.08 1225 1235 1077 1458 381 0.2 
ST035 12-Apr-09 -21.45 -64.07 1228 1228 1102 1312 210 0.6 
ST036 12-Apr-09 -21.44 -64.01 1342 1380 953 2008 1055 45.5 
ST037 12-Apr-09 -21.41 -63.82 1270 1295 773 2092 1319 68.5 
ST038 12-Apr-09 -21.40 -63.66 1036 1031 698 1565 867 23.6 
ST039A 12-Apr-09 -21.33 -63.62 959 1066 567 1648 1081 12.1 
ST039B 12-Apr-09 -21.33 -63.62 1051 1071 557 1883 1326 411.9 
ST040 13-Apr-09 -21.27 -63.52 855 836 380 1676 1296 48.3 
ST041 13-Apr-09 -21.26 -63.55 825 825 424 1193 769 1.2 
ST042 13-Apr-09 -21.24 -63.56 784 777 456 1264 808 2.5 
ST043 13-Apr-09 -21.44 -64.04 1338 1353 1102 1659 557 13.1 
ST045 13-Apr-09 -21.45 -64.33 2114 2114 2053 2193 140 0.1 
ST046 14-Apr-09 -21.43 -64.79 2252 2265 2061 2438 377 2.3 
ST047 14-Apr-09 -21.39 -64.98 3722 3724 3421 4327 906 11.8 
ST048A 14-Apr-09 -20.97 -65.23 2412 2412 2272 2566 294 0.3 
ST048B 14-Apr-09 -20.97 -65.23 3164 3047 2265 4341 2076 286.5 
ST049 14-Apr-09 -20.53 -65.14 3203 3218 2859 3524 665 1.5 
ST050 14-Apr-09 -20.24 -65.15 3402 3409 3356 3477 121 0.7 
ST051 14-Apr-09 -19.87 -65.55 4301 4418 3404 4960 1556 21.7 
ST052 15-Apr-09 -20.01 -66.86 4149 4181 3772 5380 1608 122.3 
ST053 15-Apr-09 -19.52 -66.86 4118 4123 3772 4867 1095 218.4 
ST054 15-Apr-09 -19.12 -66.77 4302 4286 3713 4907 1194 241.7 
ST055 15-Apr-09 -18.39 -66.98 4086 4085 3713 4664 951 107.2 
ST101 13-Apr-10 -18.16 -66.99 4219 4211 3722 4828 1106 683.0 
ST102 13-Apr-10 -18.39 -66.98 4086 4085 3713 4664 951 107.2 
ST103 13-Apr-10 -18.60 -66.91 4103 4116 3704 4771 1067 233.9 
ST104 13-Apr-10 -19.12 -66.77 4302 4286 3713 4907 1194 241.7 
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ST105 13-Apr-10 -19.39 -67.27 3805 3801 3708 4149 441 60.2 
ST106 13-Apr-10 -19.64 -67.66 4125 4137 3706 4839 1133 12.1 
ST107 15-Apr-10 -20.63 -66.68 3949 3973 3653 5222 1569 1933.1 
ST108 15-Apr-10 -20.86 -66.54 4083 4054 3774 4777 1003 694.9 
ST109 15-Apr-10 -20.92 -66.28 4002 4002 3808 4319 511 1.9 
ST110 15-Apr-10 -21.05 -66.09 4038 4046 3966 4151 185 12.2 
ST111 15-Apr-10 -21.11 -66.04 4108 4125 3960 4256 296 9.0 
ST112 15-Apr-10 -21.11 -66.04 4116 4123 3955 4358 403 12.0 
ST113 15-Apr-10 -21.18 -65.90 4022 4022 3877 4241 364 0.6 
ST114 16-Apr-10 -21.35 -65.49 3778 3778 3711 3871 160 2.0 
ST115 16-Apr-10 -21.37 -65.49 3793 3791 3681 3982 301 8.9 
ST116 16-Apr-10 -21.44 -65.42 4261 4239 4131 4354 223 0.3 
ST117 16-Apr-10 -21.36 -65.18 3603 3425 2583 4353 1770 77.1 
ST118 16-Apr-10 -21.22 -65.24 2450 2449 2378 2518 140 3.9 
ST119 16-Apr-10 -21.21 -65.21 3296 3027 2326 4357 2031 962.4 
ST120 16-Apr-10 -21.39 -64.98 3722 3724 3421 4327 906 11.8 
ST121 16-Apr-10 -21.46 -64.87 3227 3227 3074 3347 273 0.1 
ST122 16-Apr-10 -21.49 -64.76 2001 1997 1923 2238 315 2.8 
ST123 17-Apr-10 -21.52 -64.57 2259 2267 1935 2781 846 37.7 
ST124 17-Apr-10 -21.52 -64.57 2377 2394 1934 3277 1343 250.6 
ST125 17-Apr-10 -21.46 -64.50 2318 2318 2238 2434 196 0.9 
ST126 17-Apr-10 -21.45 -64.49 2416 2419 2247 2697 450 12.6 
ST127 17-Apr-10 -21.42 -64.42 2686 2686 2620 2777 157 0.2 
ST128 17-Apr-10 -21.42 -64.41 2653 2653 2570 2783 213 0.5 
ST129 17-Apr-10 -21.45 -64.35 2349 2349 2138 2494 356 0.1 
ST130 17-Apr-10 -21.45 -64.35 2631 2628 2136 3112 976 47.3 
ST131 17-Apr-10 -21.42 -64.32 2324 2321 2212 2480 268 0.1 
ST132 17-Apr-10 -21.33 -64.27 1897 1905 1652 2095 443 0.2 
ST133 17-Apr-10 -21.47 -64.22 1879 1879 1768 1977 209 0.2 
ST134 18-Apr-10 -21.53 -64.17 1111 1111 1050 1236 186 1.0 
ST135 18-Apr-10 -21.42 -63.97 1413 1417 931 2093 1162 160.4 
ST136 18-Apr-10 -21.41 -63.82 1270 1295 773 2092 1319 68.5 
ST137 18-Apr-10 -21.30 -63.60 896 932 555 1498 943 8.9 
ST139 18-Apr-10 -21.26 -63.55 895 873 428 1268 840 1.6 
ST140 19-Apr-10 -17.01 -65.55 456 456 383 651 268 0.3 
ST141 19-Apr-10 -17.06 -65.65 1236 1207 646 2050 1404 5.5 
ST142 19-Apr-10 -17.14 -65.73 2119 2119 1864 2403 539 0.1 
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ST143 19-Apr-10 -17.21 -65.82 3480 3374 1887 4632 2745 121.2 
ST144 19-Apr-10 -17.27 -65.88 3587 3587 3315 3940 625 17.0 
ST145 19-Apr-10 -17.40 -65.86 3966 3966 3677 4150 473 2.1 
ST146 20-Apr-10 -17.68 -66.43 3661 3661 3453 3803 350 0.3 
ST147 20-Apr-10 -17.71 -66.58 4130 4125 3746 4448 702 124.4 
ST148 20-Apr-10 -17.64 -66.87 4499 4499 4449 4563 114 0.3 
ST201 5-Apr-11 -18.03 -67.15 3956 3974 3573 4809 1236 8784.1 
ST202 5-Apr-11 -18.16 -66.99 4219 4211 3722 4828 1106 683.0 
ST203 5-Apr-11 -18.39 -66.98 4086 4085 3713 4664 951 107.2 
ST204 5-Apr-11 -18.60 -66.91 4103 4116 3704 4771 1067 233.9 
ST205 5-Apr-11 -19.03 -66.78 4434 4459 3730 5084 1354 87.9 
ST206 5-Apr-11 -19.12 -66.77 4302 4286 3713 4907 1194 241.7 
ST207 5-Apr-11 -19.39 -67.27 3796 3800 3696 4069 373 177.4 
ST208 6-Apr-11 -19.64 -67.66 4125 4137 3706 4839 1133 12.1 
ST209 7-Apr-11 -20.96 -67.03 4160 4141 3653 5998 2345 12572.1 
ST210 7-Apr-11 -20.61 -66.85 3883 3880 3607 5222 1615 6887.1 
ST211 8-Apr-11 -20.63 -66.68 3949 3973 3653 5222 1569 1933.1 
ST212 8-Apr-11 -20.92 -66.28 4002 4002 3808 4319 511 1.9 
ST213 8-Apr-11 -21.05 -66.09 4044 4046 3944 4244 300 19.1 
ST214 8-Apr-11 -21.11 -66.04 4108 4125 3960 4256 296 9.0 
ST215 8-Apr-11 -21.11 -66.04 4116 4123 3955 4358 403 12.0 
ST216 8-Apr-11 -21.18 -65.90 4022 4022 3877 4241 364 0.6 
ST217 9-Apr-11 -21.35 -65.49 3778 3778 3711 3871 160 2.0 
ST218 9-Apr-11 -21.37 -65.49 3793 3791 3681 3982 301 8.9 
ST219 9-Apr-11 -21.36 -65.28 3603 3425 2583 4353 1770 77.1 
ST220 9-Apr-11 -21.21 -65.21 3296 3027 2326 4357 2031 962.4 
ST221 9-Apr-11 -21.39 -64.98 3722 3724 3421 4327 906 11.8 
ST222 9-Apr-11 -21.49 -64.96 3863 3885 3430 4626 1196 175.6 
ST223 9-Apr-11 -21.46 -64.87 3227 3227 3074 3347 273 0.1 
ST224 9-Apr-11 -21.46 -64.83 2728 2720 2540 3076 536 3.9 
ST225 9-Apr-11 -21.43 -64.79 2251 2265 2061 2438 377 2.3 
ST226 9-Apr-11 -21.43 -64.79 2350 2369 2061 2596 535 8.8 
ST227 9-Apr-11 -21.49 -64.76 2001 1997 1923 2238 315 2.8 
ST228 10-Apr-11 -21.52 -64.57 2377 2394 1934 3277 1343 250.6 
ST229 10-Apr-11 -21.46 -64.50 2318 2318 2238 2434 196 0.9 
ST230 10-Apr-11 -21.42 -64.42 2686 2686 2620 2777 157 0.2 
ST231 10-Apr-11 -21.42 -64.41 2641 2641 2478 2837 359 1.0 
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ST232 10-Apr-11 -21.45 -64.36 2349 2349 2138 2494 356 0.1 
ST233 10-Apr-11 -21.43 -64.27 1897 1905 1652 2095 443 0.2 
ST234 10-Apr-11 -21.47 -64.22 1879 1879 1768 1977 209 0.2 
ST235 10-Apr-11 -21.45 -64.07 1327 1339 1077 1662 585 21.1 
ST236 10-Apr-11 -21.44 -64.04 1337 1353 1104 1659 555 13.0 
ST237 10-Apr-11 -21.44 -64.01 1342 1380 953 2008 1055 45.5 
ST238 10-Apr-11 -21.41 -63.82 1270 1295 773 2092 1319 68.5 
ST239 10-Apr-11 -21.33 -63.62 1051 1071 557 1883 1326 411.9 
ST240 10-Apr-11 -21.30 -63.60 896 932 555 1498 943 8.9 
ST241 10-Apr-11 -21.23 -63.56 716 715 439 1188 749 3.3 
ST242 10-Apr-11 -21.26 -63.55 899 877 456 1268 812 1.6 
ST243 10-Apr-11 -21.27 -63.52 606 608 390 1188 798 3.0 
ST244 11-Apr-11 -20.10 -63.49 1146 1133 733 1883 1150 286.5 
ST245 12-Apr-11 -17.64 -63.16 373 377 287 460 173 245.9 
ST246 12-Apr-11 -17.47 -63.53 319 320 226 495 269 18.5 
ST247 12-Apr-11 -17.00 -65.13 1592  195 3000 2805 1826.4 
ST248 12-Apr-11 -17.06 -65.65 1236 1207 646 2050 1404 5.5 
ST249 12-Apr-11 -17.14 -65.73 2178 2178 1720 2587 867 0.3 
ST250 12-Apr-11 -17.21 -65.82 3480 3374 1887 4632 2745 121.2 
ST251 12-Apr-11 -17.27 -65.88 3587 3587 3315 3940 625 17.0 
ST252 12-Apr-11 -17.40 -65.86 3966 3966 3677 4150 473 2.1 
ST253 12-Apr-11 -17.67 -66.43 3661 3661 3453 3803 350 0.3 
ST254 13-Apr-11 -17.71 -66.58 4151 4142 3748 4337 589 10.0 
ST255 13-Apr-11 -17.64 -66.87 4499 4499 4449 4563 114 0.3 
ST301 10-Apr-12 -18.10 -67.27 4073 4039 3673 6401 2728 61840.0 
ST302 10-Apr-12 -18.03 -67.15 3956 3974 3573 4809 1236 8784.1 
ST303 10-Apr-12 -18.16 -66.99 4219 4211 3722 4828 1106 683.0 
ST303B 10-Apr-12 -18.16 -66.96 4219 4211 3722 4828 1106 683.0 
ST304 10-Apr-12 -18.39 -66.98 4086 4085 3713 4664 951 107.2 
ST305 10-Apr-12 -18.60 -66.91 4103 4116 3704 4771 1067 233.9 
ST306 10-Apr-12 -19.03 -66.78 4434 4459 3730 5084 1354 87.9 
ST307 10-Apr-12 -19.12 -66.77 4302 4286 3713 4907 1194 241.7 
ST308 10-Apr-12 -19.39 -67.27 3805 3801 3708 4149 441 60.2 
ST309 10-Apr-12 -19.39 -67.27 3796 3800 3696 4069 373 177.4 
ST310 11-Apr-12 -19.64 -67.66 4125 4137 3706 4839 1133 12.1 
ST311 11-Apr-12 -19.26 -67.02 4139 4186 3642 5441 1799 2581.1 
ST312 11-Apr-12 -19.22 -66.93 3750 3747 3669 4322 653 158.9 
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ST313 11-Apr-12 -19.52 -66.86 4118 4123 3772 4867 1095 218.4 
ST314 11-Apr-12 -19.62 -66.80 4380 4460 3786 5195 1409 697.8 
ST315 11-Apr-12 -20.07 -66.88 4153 4165 3760 5397 1637 234.3 
ST317 12-Apr-12 -20.95 -67.03 4160 4141 3653 5998 2345 12572.1 
ST318 12-Apr-12 -20.61 -66.85 3883 3880 3607 5222 1615 6887.1 
ST319 13-Apr-12 -20.63 -66.68 3949 3973 3653 5222 1569 1933.1 
ST320 13-Apr-12 -20.70 -66.64 3945 3939 3664 4672 1008 680.6 
ST321 13-Apr-12 -20.86 -66.54 4083 4054 3774 4777 1003 694.9 
ST322 13-Apr-12 -20.91 -66.27 4214 4185 3743 4675 932 41.7 
ST323 13-Apr-12 -21.05 -66.09 4038 4046 3966 4151 185 12.2 
ST324 13-Apr-12 -21.05 -66.09 4044 4046 3944 4244 300 19.1 
ST325 13-Apr-12 -21.11 -66.04 4116 4123 3955 4358 403 12.0 
ST326 13-Apr-12 -21.11 -66.04 4108 4125 3960 4256 296 9.0 
ST327 13-Apr-12 -21.11 -65.99 4257 4257 4158 4361 203 0.5 
ST328 13-Apr-12 -21.14 -65.97 4216 4220 4095 4381 286 6.2 
ST329 13-Apr-12 -21.18 -65.90 4022 4022 3877 4241 364 0.6 
ST330 14-Apr-12 -21.35 -65.49 3778 3778 3711 3871 160 2.0 
ST331 14-Apr-12 -21.37 -65.49 3793 3791 3681 3982 301 8.9 
ST332 14-Apr-12 -21.44 -65.42 4261 4239 4131 4354 223 0.3 
ST333 14-Apr-12 -21.42 -65.38 4072 4072 4012 4109 97 0.0 
ST334 14-Apr-12 -21.41 -65.37 3910 3910 3849 3973 124 0.0 
ST335 14-Apr-12 -21.36 -65.28 3603 3425 2583 4353 1770 77.1 
ST336 14-Apr-12 -21.32 -65.27 3294 3080 2535 4142 1607 29.9 
ST337 14-Apr-12 -21.21 -65.21 3296 3027 2326 4357 2031 962.4 
ST338 14-Apr-12 -21.39 -64.98 3720 3722 3418 4327 909 11.9 
ST339 14-Apr-12 -21.49 -64.96 3863 3885 3430 4626 1196 175.6 
ST340 14-Apr-12 -21.46 -64.87 3227 3227 3074 3347 273 0.1 
ST341 14-Apr-12 -21.46 -64.83 2728 2720 2540 3076 536 3.9 
ST342 14-Apr-12 -21.43 -64.79 2251 2265 2061 2438 377 2.3 
ST343 14-Apr-12 -21.43 -64.79 2350 2369 2061 2596 535 8.8 
ST344 14-Apr-12 -21.49 -64.76 2001 1997 1923 2238 315 2.8 
ST345 15-Apr-12 -21.52 -64.57 2377 2394 1934 3277 1343 250.6 
ST346 15-Apr-12 -21.46 -64.50 2318 2318 2238 2434 196 0.9 
ST347 15-Apr-12 -21.42 -64.42 2686 2686 2620 2777 157 0.2 
ST348 15-Apr-12 -21.42 -64.41 2641 2641 2478 2837 359 1.0 
ST349 15-Apr-12 -21.45 -64.36 2349 2349 2138 2494 356 0.1 
ST350 15-Apr-12 -21.45 -64.34 2239 2369 2095 2352 257 0.1 
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ST351 15-Apr-12 -21.41 -64.30 2100 2100 1973 2186 213 0.1 
ST352 15-Apr-12 -21.43 -64.27 1897 1905 1652 2095 443 0.2 
ST353 15-Apr-12 -21.47 -64.22 1879 1879 1768 1977 209 0.2 
ST354 15-Apr-12 -21.48 -64.20 1809 1829 1620 1921 301 0.2 
ST355 15-Apr-12 -21.45 -64.07 1327 1339 1077 1662 585 21.1 
ST356 15-Apr-12 -21.44 -64.04 1337 1353 1104 1659 555 13.0 
ST357 15-Apr-12 -21.44 -64.01 1342 1380 953 2008 1055 45.5 
ST358 15-Apr-12 -21.41 -63.82 1270 1295 773 2092 1319 68.5 
ST359 15-Apr-12 -21.30 -63.60 896 932 555 1498 943 8.9 
ST360 15-Apr-12 -21.23 -63.56 717 717 438 1119 681 3.3 
ST361 15-Apr-12 -21.26 -63.55 899 877 456 1268 812 1.6 
ST362 15-Apr-12 -21.27 -63.52 606 608 390 1188 798 3.0 
ST363 15-Apr-12 -20.10 -63.49 1146 1133 733 1883 1150 286.5 
ST364 16-Apr-12 -17.22 -64.46 319 320 226 495 269 18.5 
ST365 16-Apr-12 -17.02 -65.56 627 623 430 744 314 0.3 
ST366 16-Apr-12 -17.07 -65.66 790 790 692 869 177 0.1 
ST367 16-Apr-12 -17.12 -65.69 1673 1673 1015 2306 1291 3.1 
ST368 16-Apr-12 -17.14 -65.73 2178 2178 1720 2587 867 0.3 
ST369 16-Apr-12 -17.21 -65.82 3480 3374 1887 4632 2745 121.2 
ST370 16-Apr-12 -17.27 -65.88 3587 3587 3315 3940 625 17.0 
ST371 16-Apr-12 -17.40 -65.86 3966 3966 3677 4150 473 2.1 
ST372 17-Apr-12 -17.68 -66.43 3661 3661 3453 3803 350 0.3 
ST373 17-Apr-12 -17.71 -66.58 4130 4125 3746 4448 702 124.4 
ST374 17-Apr-12 -17.71 -66.58 4151 4142 3748 4337 589 10.0 
ST375 17-Apr-12 -17.64 -66.87 4499 4499 4449 4563 114 0.3 
ST401 13-Oct-12 -18.39 -66.98 4086 4085 3713 4664 951 107.2 
ST402 13-Oct-12 -19.12 -66.77 4302 4286 3713 4907 1194 241.7 
ST403 13-Oct-12 -19.39 -67.27 3805 3801 3708 4149 441 60.2 
ST404 13-Oct-12 -19.39 -67.27 3796 3800 3696 4069 373 177.4 
ST405 14-Oct-12 -20.95 -67.03 4160 4141 3653 5998 2345 12572.1 
ST406 14-Oct-12 -20.61 -66.85 3883 3880 3607 5222 1615 6887.1 
ST407 15-Oct-12 -20.86 -66.54 4083 4054 3774 4777 1003 694.9 
ST408 15-Oct-12 -20.63 -66.68 3949 3973 3653 5222 1569 1933.1 
ST409 15-Oct-12 -20.07 -66.88 4153 4165 3760 5397 1637 234.3 
ST410 15-Oct-12 -19.62 -66.80 4380 4460 3786 5195 1409 697.8 
ST411 15-Oct-12 -19.12 -66.77 4302 4286 3713 4907 1194 241.7 
ST412 15-Oct-12 -18.60 -66.91 4103 4116 3704 4771 1067 233.9 
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Table 3.3. Isotopic data and mean annual precipitation for central Andes stream water catchments 
ID Collection Date 
δ18O (‰, 
VSMOW) 
δD (‰, 
VSMOW) 
d-
excess 
(‰) 
δ18O std error 
(‰, VSMOW) 
δD std error 
(‰, VSMOW) 
d-excess 
std error 
(‰) 
Analysis 
Count 
TRMM 3B43 Annual 
Precip. (m) (Bookhagen 
and Strecker 2008) 
ST001 8-Apr-09 -13.40 -103.66 3.51 0.03 0.14 0.17 8 0.37 
ST002 8-Apr-09 -13.50 -104.50 3.51 0.07 0.07 0.20 12 0.35 
ST003 8-Apr-09 -14.08 -105.57 7.09 0.04 0.18 0.22 12 0.47 
ST004 8-Apr-09 -13.64 -107.03 2.06 0.05 0.15 0.21 12 0.24 
ST005 8-Apr-09 -11.56 -98.24 -5.75 0.05 0.06 0.16 8 0.30 
ST006A 8-Apr-09 -10.85 -83.44 3.37 0.03 0.10 0.13 8 0.35 
ST006B 8-Apr-09 -10.87 -83.30 3.70 0.02 0.15 0.17 12 0.35 
ST007 8-Apr-09 -14.50 -109.43 6.57 0.03 0.12 0.14 12 0.36 
ST008 10-Apr-09 -6.67 -73.07 -19.71 0.06 0.15 0.24 8 0.16 
ST009 10-Apr-09 -11.97 -95.22 0.55 0.04 0.08 0.13 8 0.17 
ST010 10-Apr-09 -13.95 -103.56 8.02 0.08 0.11 0.25 12 0.19 
ST011 10-Apr-09 -13.31 -96.18 10.31 0.10 0.19 0.33 24 0.16 
ST012A 10-Apr-09 -12.10 -89.22 7.59 0.05 0.12 0.19 12 0.19 
ST012B 10-Apr-09 -15.82 -112.89 13.64 0.05 0.09 0.18 8 0.11 
ST013A 10-Apr-09 -12.04 -79.94 16.39 0.09 0.19 0.33 16 0.22 
ST013B 10-Apr-09 -12.97 -88.43 15.29 0.09 0.13 0.28 12 0.20 
ST014 10-Apr-09 -10.09 -75.95 4.74 0.09 0.14 0.30 16 0.34 
ST015A 11-Apr-09 -10.63 -71.49 13.59 0.09 0.17 0.30 16 0.36 
ST015B 11-Apr-09 -11.69 -76.58 16.92 0.06 0.09 0.18 4 0.39 
ST016 11-Apr-09 -9.08 -64.09 8.58 0.04 0.26 0.28 12 0.39 
ST017 11-Apr-09 -11.25 -76.30 13.72 0.08 0.26 0.33 12 0.15 
ST018 11-Apr-09 -9.80 -69.73 8.68 0.05 0.17 0.22 12 0.24 
ST019 11-Apr-09 -10.82 -75.62 10.95 0.07 0.27 0.33 12 0.19 
ST020 11-Apr-09 -7.00 -49.82 6.16 0.07 0.27 0.34 12 0.58 
ST021 11-Apr-09 -7.46 -45.75 13.94 0.09 0.31 0.41 12 0.90 
ST022 11-Apr-09 -7.49 -47.39 12.54 0.06 0.24 0.30 12 0.62 
ST023 11-Apr-09 -5.90 -37.29 9.93 0.07 0.28 0.34 12 0.91 
ST024 11-Apr-09 -7.81 -48.93 13.54 0.04 0.08 0.13 8 0.69 
ST025 11-Apr-09 -7.85 -47.47 15.35 0.09 0.30 0.39 8 1.25 
ST026 12-Apr-09 -5.59 -39.51 5.17 0.08 0.21 0.31 12 0.84 
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ST027 12-Apr-09 -6.76 -43.87 10.23 0.05 0.09 0.17 12 0.53 
ST028 12-Apr-09 -6.23 -40.87 8.94 0.13 0.48 0.60 16 0.43 
ST029 12-Apr-09 -7.30 -48.01 10.36 0.05 0.18 0.22 16 0.50 
ST030 12-Apr-09 -7.69 -46.97 14.54 0.04 0.12 0.17 8 0.84 
ST031 12-Apr-09 -7.38 -42.61 16.42 0.07 0.29 0.35 8 1.34 
ST032 12-Apr-09 -6.81 -40.72 13.80 0.07 0.25 0.32 8 1.06 
ST033 12-Apr-09 -7.47 -43.68 16.04 0.09 0.27 0.38 12 1.58 
ST034 12-Apr-09 -6.63 -40.75 12.31 0.09 0.25 0.36 8 1.09 
ST035 12-Apr-09 -6.15 -38.99 10.21 0.07 0.22 0.30 8 1.00 
ST036 12-Apr-09 -5.78 -35.93 10.29 0.08 0.25 0.34 8 1.24 
ST037 12-Apr-09 -6.34 -41.11 9.62 0.01 0.09 0.10 16 0.62 
ST038 12-Apr-09 -6.32 -46.37 4.22 0.04 0.12 0.18 8 0.49 
ST039A 12-Apr-09 -6.77 -44.98 9.21 0.04 0.06 0.12 8 0.50 
ST039B 12-Apr-09 -6.53 -42.82 9.39 0.06 0.05 0.18 8 0.63 
ST040 13-Apr-09 -6.50 -42.13 9.84 0.03 0.05 0.09 8 0.92 
ST041 13-Apr-09 -6.89 -43.82 11.27 0.06 0.16 0.23 8 1.17 
ST042 13-Apr-09 -6.77 -42.49 11.66 0.03 0.11 0.14 8 0.84 
ST043 13-Apr-09 -5.89 -37.73 9.38 0.06 0.13 0.20 8 1.15 
ST045 13-Apr-09 -6.61 -39.88 12.98 0.05 0.07 0.15 8 0.84 
ST046 14-Apr-09 -7.14 -44.57 12.59 0.03 0.13 0.15 8 0.70 
ST047 14-Apr-09 -9.94 -68.38 11.18 0.06 0.25 0.31 8 0.17 
ST048A 14-Apr-09 -8.34 -60.82 5.87 0.06 0.18 0.24 8 0.61 
ST048B 14-Apr-09 -10.11 -69.70 11.15 0.02 0.10 0.11 8 0.45 
ST049 14-Apr-09 -11.06 -74.25 14.22 0.02 0.14 0.15 8 0.42 
ST050 14-Apr-09 -9.41 -69.85 5.41 0.03 0.18 0.19 8 0.34 
ST051 14-Apr-09 -9.10 -70.96 1.85 0.03 0.12 0.15 8 0.29 
ST052 15-Apr-09 -12.66 -100.62 0.69 0.02 0.17 0.18 8 0.20 
ST053 15-Apr-09 -13.98 -108.97 2.89 0.01 0.22 0.22 8 0.26 
ST054 15-Apr-09 -13.91 -107.75 3.56 0.03 0.23 0.24 8 0.24 
ST055 15-Apr-09 -13.09 -102.95 1.80 0.02 0.14 0.16 8 0.37 
ST101 13-Apr-10 -11.94 -95.38 0.14 0.02 0.10 0.12 8 0.35 
ST102 13-Apr-10 -12.70 -97.96 3.60 0.03 0.06 0.10 8 0.37 
ST103 13-Apr-10 -11.56 -93.44 -0.97 0.03 0.07 0.11 8 0.35 
ST104 13-Apr-10 -11.17 -93.59 -4.27 0.01 0.07 0.08 8 0.24 
ST105 13-Apr-10 -8.77 -87.56 -17.41 0.03 0.08 0.11 8 0.30 
ST106 13-Apr-10 -13.93 -107.89 3.57 0.03 0.05 0.10 12 0.36 
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ST107 15-Apr-10 -2.72 -55.28 -33.49 0.03 0.11 0.14 8 0.16 
ST108 15-Apr-10 -11.16 -91.58 -2.33 0.03 0.06 0.10 8 0.17 
ST109 15-Apr-10 -11.41 -90.85 0.45 0.02 0.05 0.07 8 0.19 
ST110 15-Apr-10 -10.94 -80.80 6.69 0.03 0.05 0.11 8 0.19 
ST111 15-Apr-10 -11.67 -79.16 14.21 0.02 0.06 0.09 8 0.22 
ST112 15-Apr-10 -12.08 -84.57 12.03 0.03 0.12 0.15 8 0.20 
ST113 15-Apr-10 -6.97 -60.63 -4.86 0.02 0.16 0.18 8 0.34 
ST114 16-Apr-10 -8.91 -65.97 5.34 0.04 0.24 0.26 8 0.23 
ST115 16-Apr-10 -7.97 -58.54 5.23 0.04 0.08 0.13 12 0.22 
ST116 16-Apr-10 -10.69 -76.49 9.02 0.02 0.08 0.10 8 0.24 
ST117 16-Apr-10 -7.11 -59.36 -2.49 0.01 0.08 0.09 8 0.23 
ST118 16-Apr-10 -5.86 -47.03 -0.17 0.03 0.08 0.11 8 0.64 
ST119 16-Apr-10 -7.74 -58.04 3.85 0.02 0.16 0.18 8 0.41 
ST120 16-Apr-10 -9.93 -68.07 11.38 0.03 0.14 0.16 8 0.17 
ST121 16-Apr-10 -7.99 -50.59 13.31 0.04 0.21 0.24 8 0.58 
ST122 16-Apr-10 -7.57 -48.45 12.13 0.03 0.09 0.11 12 0.76 
ST123 17-Apr-10 -4.90 -37.54 1.68 0.05 0.04 0.14 8 0.82 
ST124 17-Apr-10 -3.35 -31.88 -5.08 0.03 0.10 0.14 8 0.53 
ST125 17-Apr-10 -1.77 -24.25 -10.08 0.03 0.08 0.12 8 0.43 
ST126 17-Apr-10 -5.43 -39.16 4.26 0.03 0.09 0.11 8 0.55 
ST127 17-Apr-10 -7.28 -49.89 8.36 0.05 0.06 0.15 8 0.50 
ST128 17-Apr-10 -6.23 -44.38 5.44 0.03 0.06 0.11 8 0.50 
ST129 17-Apr-10 -6.97 -44.63 11.10 0.02 0.13 0.14 8 0.84 
ST130 17-Apr-10 -7.16 -46.55 10.71 0.04 0.09 0.15 8 0.78 
ST131 17-Apr-10 -6.82 -42.03 12.53 0.03 0.13 0.15 8 1.34 
ST132 17-Apr-10 -6.76 -41.48 12.63 0.04 0.16 0.19 8 1.06 
ST133 17-Apr-10 -4.38 -36.27 -1.21 0.08 0.26 0.35 16 1.58 
ST134 18-Apr-10 -5.56 -34.52 9.95 0.09 0.32 0.42 16 1.10 
ST135 18-Apr-10 -6.05 -37.22 11.20 0.07 0.37 0.43 8 1.11 
ST136 18-Apr-10 -5.90 -38.42 8.77 0.07 0.29 0.35 8 0.62 
ST137 18-Apr-10 -6.46 -43.73 7.98 0.04 0.22 0.25 8 0.64 
ST139 18-Apr-10 -6.37 -41.13 9.83 0.03 0.22 0.24 8 1.01 
ST140 19-Apr-10 -7.93 -50.30 13.14 0.02 0.09 0.10 8 4.49 
ST141 19-Apr-10 -8.66 -54.82 14.49 0.04 0.20 0.23 8 3.00 
ST142 19-Apr-10 -8.13 -52.93 12.11 0.04 0.13 0.18 8 1.47 
ST143 19-Apr-10 -10.37 -71.57 11.39 0.04 0.25 0.28 8 0.28 
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ST144 19-Apr-10 -11.26 -80.11 9.94 0.03 0.16 0.18 8 0.22 
ST145 19-Apr-10 -9.24 -81.06 -7.12 0.05 0.13 0.20 8 0.28 
ST146 20-Apr-10 -12.55 -90.46 9.96 0.05 0.09 0.18 8 0.58 
ST147 20-Apr-10 -11.42 -86.27 5.07 0.03 0.08 0.11 8 0.42 
ST148 20-Apr-10 -9.80 -81.66 -3.29 0.05 0.08 0.16 8 0.39 
ST201 5-Apr-11 -11.95 -105.26 -9.66 0.02 0.19 0.20 8 0.36 
ST202 5-Apr-11 -15.60 -116.52 8.31 0.05 0.34 0.38 12 0.35 
ST203 5-Apr-11 -15.00 -114.70 5.33 0.03 0.35 0.36 16 0.37 
ST204 5-Apr-11 -15.18 -115.18 6.23 0.02 0.05 0.07 8 0.35 
ST205 5-Apr-11 -16.13 -118.91 10.14 0.04 0.08 0.14 8 0.47 
ST206 5-Apr-11 -14.02 -109.46 2.68 0.02 0.38 0.39 12 0.24 
ST207 5-Apr-11 -13.56 -112.01 -3.55 0.05 0.29 0.32 12 0.35 
ST208 6-Apr-11 -15.62 -117.49 7.50 0.10 0.24 0.36 8 0.36 
ST209 7-Apr-11 -10.01 -86.22 -6.14 0.05 0.06 0.15 8 0.15 
ST210 7-Apr-11 3.70 -24.21 -53.85 0.07 0.19 0.26 12 0.16 
ST211 8-Apr-11 -5.48 -71.56 -27.73 0.05 0.15 0.21 8 0.16 
ST212 8-Apr-11 -12.95 -98.36 5.23 0.02 0.16 0.17 8 0.19 
ST213 8-Apr-11 -12.72 -90.61 11.14 0.03 0.27 0.28 12 0.11 
ST214 8-Apr-11 -13.01 -86.67 17.42 0.04 0.25 0.28 12 0.22 
ST215 8-Apr-11 -13.74 -95.80 14.11 0.02 0.08 0.09 8 0.20 
ST216 8-Apr-11 -9.91 -76.42 2.88 0.01 0.20 0.20 8 0.34 
ST217 9-Apr-11 -11.54 -78.76 13.54 0.02 0.25 0.25 16 0.23 
ST218 9-Apr-11 -11.12 -74.64 14.30 0.02 0.19 0.20 12 0.22 
ST219 9-Apr-11 -9.92 -70.51 8.81 0.02 0.14 0.15 8 0.23 
ST220 9-Apr-11 -10.93 -73.13 14.33 0.07 0.18 0.27 12 0.41 
ST221 9-Apr-11 -10.96 -74.05 13.61 0.05 0.23 0.27 12 0.17 
ST222 9-Apr-11 -10.48 -68.12 15.74 0.04 0.22 0.25 12 0.20 
ST223 9-Apr-11 -9.54 -58.26 18.06 0.03 0.21 0.23 12 0.58 
ST224 9-Apr-11 -8.89 -54.43 16.72 0.05 0.20 0.24 12 0.62 
ST225 9-Apr-11 -9.07 -57.21 15.35 0.03 0.19 0.21 12 0.70 
ST226 9-Apr-11 -9.31 -58.77 15.69 0.02 0.07 0.10 12 0.83 
ST227 9-Apr-11 -7.72 -49.90 11.83 0.02 0.23 0.24 8 0.76 
ST228 10-Apr-11 -9.58 -61.75 14.91 0.07 0.27 0.32 12 0.53 
ST229 10-Apr-11 -8.63 -61.04 7.99 0.07 0.34 0.40 12 0.43 
ST230 10-Apr-11 -9.94 -66.48 13.07 0.05 0.17 0.22 8 0.50 
ST231 10-Apr-11 -9.01 -58.25 13.84 0.04 0.22 0.25 8 0.50 
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ST232 10-Apr-11 -8.48 -51.71 16.10 0.02 0.11 0.13 12 0.84 
ST233 10-Apr-11 -8.96 -55.46 16.18 0.02 0.10 0.12 12 1.06 
ST234 10-Apr-11 -8.50 -49.88 18.12 0.05 0.22 0.26 12 1.58 
ST235 10-Apr-11 -7.16 -45.50 11.80 0.05 0.20 0.24 12 1.15 
ST236 10-Apr-11 -5.67 -40.44 4.94 0.02 0.08 0.10 12 1.15 
ST237 10-Apr-11 -6.12 -41.08 7.91 0.03 0.19 0.21 8 1.24 
ST238 10-Apr-11 -6.62 -43.47 9.48 0.03 0.11 0.15 8 0.62 
ST239 10-Apr-11 -6.12 -43.05 5.93 0.03 0.53 0.54 8 0.63 
ST240 10-Apr-11 -7.69 -47.87 13.65 0.05 0.23 0.27 12 0.64 
ST241 10-Apr-11 -5.14 -36.53 4.56 0.06 0.17 0.24 12 0.74 
ST242 10-Apr-11 -7.65 -47.97 13.24 0.06 0.36 0.40 8 1.01 
ST243 10-Apr-11 -6.75 -41.71 12.26 0.06 0.30 0.34 8 1.16 
ST244 11-Apr-11 -6.95 -45.71 9.91 0.04 0.17 0.20 12 0.78 
ST245 12-Apr-11 -6.56 -41.62 10.83 0.04 0.17 0.21 12 1.38 
ST246 12-Apr-11 -7.85 -48.11 14.67 0.03 0.07 0.10 12 3.08 
ST247 12-Apr-11 -9.74 -61.46 16.48 0.04 0.38 0.40 8 0.00 
ST248 12-Apr-11 -9.04 -55.59 16.70 0.04 0.22 0.25 12 3.00 
ST249 12-Apr-11 -10.97 -70.06 17.71 0.05 0.38 0.41 8 1.47 
ST250 12-Apr-11 -12.05 -78.55 17.83 0.04 0.16 0.20 12 0.28 
ST251 12-Apr-11 -12.99 -90.20 13.74 0.04 0.25 0.28 12 0.22 
ST252 12-Apr-11 -14.00 -103.49 8.50 0.06 0.16 0.24 8 0.28 
ST253 12-Apr-11 -14.41 -102.72 12.55 0.02 0.12 0.13 8 0.58 
ST254 13-Apr-11 -12.69 -97.75 3.77 0.03 0.22 0.23 20 0.48 
ST255 13-Apr-11 -13.91 -106.91 4.36 0.03 0.17 0.19 8 0.39 
ST301 10-Apr-12 -12.08 -100.91 -4.27 0.06 0.34 0.37 16 0.43 
ST302 10-Apr-12 -11.95 -101.19 -5.60 0.06 0.35 0.39 16 0.36 
ST303 10-Apr-12 -14.23 -108.30 5.54 0.06 0.29 0.33 16 0.35 
ST303B 10-Apr-12 -14.36 -108.21 6.68 0.06 0.31 0.35 16 0.35 
ST304 10-Apr-12 -14.24 -107.62 6.30 0.06 0.31 0.35 24 0.37 
ST305 10-Apr-12 -13.64 -103.39 5.70 0.06 0.26 0.31 20 0.35 
ST306 10-Apr-12 -15.31 -111.40 11.09 0.08 0.35 0.41 16 0.47 
ST307 10-Apr-12 -13.96 -108.17 3.53 0.05 0.31 0.34 16 0.24 
ST308 10-Apr-12 -11.42 -100.37 -9.04 0.06 0.27 0.31 16 0.30 
ST309 10-Apr-12 -12.55 -105.90 -5.53 0.05 0.32 0.35 16 0.35 
ST310 11-Apr-12 -15.69 -115.62 9.90 0.05 0.33 0.35 16 0.36 
ST311 11-Apr-12 -12.43 -98.90 0.54 0.05 0.29 0.32 16 0.28 
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ST312 11-Apr-12 -13.25 -102.97 3.06 0.04 0.30 0.32 16 0.30 
ST313 11-Apr-12 -13.54 -106.15 2.13 0.06 0.32 0.36 16 0.26 
ST314 11-Apr-12 -13.84 -105.78 4.91 0.02 0.18 0.19 8 0.25 
ST315 11-Apr-12 -11.31 -95.27 -4.83 0.05 0.35 0.37 8 0.27 
ST317 12-Apr-12 -11.39 -94.96 -3.87 0.03 0.27 0.28 8 0.15 
ST318 12-Apr-12 -7.65 -81.58 -20.39 0.06 0.29 0.33 8 0.16 
ST319 13-Apr-12 -16.17 -119.81 9.58 0.05 0.36 0.39 16 0.16 
ST320 13-Apr-12 -16.38 -123.60 7.46 0.04 0.16 0.19 8 0.12 
ST321 13-Apr-12 -12.91 -101.58 1.68 0.06 0.30 0.35 12 0.17 
ST322 13-Apr-12 -12.95 -101.32 2.28 0.05 0.27 0.31 16 0.14 
ST323 13-Apr-12 -12.40 -90.37 8.84 0.06 0.35 0.40 8 0.19 
ST324 13-Apr-12 -12.08 -88.14 8.48 0.05 0.28 0.31 12 0.11 
ST325 13-Apr-12 -12.63 -88.28 12.72 0.07 0.37 0.41 12 0.20 
ST326 13-Apr-12 -11.83 -81.74 12.89 0.04 0.35 0.36 12 0.22 
ST327 13-Apr-12 -12.60 -95.37 5.46 0.05 0.34 0.37 12 0.25 
ST328 13-Apr-12 -13.43 -96.88 10.59 0.03 0.32 0.33 12 0.25 
ST329 13-Apr-12 -14.09 -104.88 7.81 0.07 0.25 0.31 12 0.34 
ST330 14-Apr-12 -12.23 -87.39 10.49 0.07 0.32 0.38 8 0.23 
ST331 14-Apr-12 -13.29 -97.16 9.17 0.09 0.29 0.39 8 0.22 
ST332 14-Apr-12 -11.77 -82.67 11.48 0.07 0.24 0.32 12 0.24 
ST333 14-Apr-12 -9.94 -70.69 8.85 0.07 0.19 0.28 12 0.12 
ST334 14-Apr-12 -10.54 -72.13 12.18 0.10 0.23 0.36 8 0.12 
ST335 14-Apr-12 -10.98 -77.26 10.59 0.07 0.20 0.29 8 0.23 
ST336 14-Apr-12 -10.62 -72.79 12.19 0.08 0.17 0.28 8 0.21 
ST337 14-Apr-12 -12.78 -90.16 12.09 0.09 0.37 0.45 8 0.41 
ST338 14-Apr-12 -10.51 -71.45 12.62 0.07 0.21 0.28 12 0.17 
ST339 14-Apr-12 -10.17 -67.10 14.26 0.07 0.17 0.25 8 0.20 
ST340 14-Apr-12 -8.98 -56.83 15.03 0.06 0.31 0.35 12 0.58 
ST341 14-Apr-12 -8.43 -53.02 14.42 0.02 0.11 0.12 8 0.62 
ST342 14-Apr-12 -8.34 -55.53 11.19 0.07 0.18 0.27 8 0.70 
ST343 14-Apr-12 -8.60 -57.69 11.15 0.08 0.17 0.29 8 0.83 
ST344 14-Apr-12 -7.83 -49.21 13.47 0.03 0.08 0.12 8 0.76 
ST345 15-Apr-12 -6.90 -51.64 3.53 0.02 0.08 0.10 8 0.53 
ST346 15-Apr-12 -8.57 -57.40 11.14 0.03 0.14 0.16 8 0.43 
ST347 15-Apr-12 -9.20 -61.48 12.13 0.02 0.13 0.14 8 0.50 
ST348 15-Apr-12 -9.05 -58.64 13.78 0.05 0.10 0.16 8 0.50 
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ST349 15-Apr-12 -8.42 -51.74 15.62 0.03 0.05 0.10 8 0.84 
ST350 15-Apr-12 -8.33 -50.73 15.88 0.05 0.07 0.15 8 0.84 
ST351 15-Apr-12 -8.53 -53.81 14.41 0.05 0.09 0.15 8 1.40 
ST352 15-Apr-12 -8.39 -52.72 14.42 0.05 0.07 0.15 8 1.06 
ST353 15-Apr-12 -8.26 -49.32 16.76 0.05 0.04 0.15 7 1.58 
ST354 15-Apr-12 -8.13 -50.14 14.94 0.05 0.23 0.27 16 1.41 
ST355 15-Apr-12 -6.47 -41.99 9.77 0.07 0.33 0.38 8 1.15 
ST356 15-Apr-12 -5.48 -39.05 4.79 0.09 0.31 0.40 8 1.15 
ST357 15-Apr-12 -6.44 -40.37 11.15 0.08 0.28 0.35 8 1.24 
ST358 15-Apr-12 -6.53 -42.37 9.84 0.08 0.27 0.35 8 0.62 
ST359 15-Apr-12 -7.99 -50.57 13.31 0.05 0.19 0.24 8 0.64 
ST360 15-Apr-12 -6.53 -43.86 8.38 0.08 0.04 0.22 8 0.74 
ST361 15-Apr-12 -7.30 -46.02 12.41 0.05 0.12 0.18 8 1.01 
ST362 15-Apr-12 -6.77 -43.46 10.71 0.05 0.07 0.16 8 1.16 
ST363 15-Apr-12 -7.97 -54.07 9.68 0.06 0.06 0.17 8 0.78 
ST364 16-Apr-12 -9.34 -62.69 12.07 0.09 0.21 0.32 8 3.08 
ST365 16-Apr-12 -10.30 -68.15 14.22 0.08 0.21 0.31 8 4.44 
ST366 16-Apr-12 -9.56 -61.56 14.90 0.08 0.17 0.29 8 3.04 
ST367 16-Apr-12 -10.80 -70.42 15.98 0.06 0.16 0.24 8 2.03 
ST368 16-Apr-12 -11.07 -74.16 14.38 0.03 0.18 0.20 8 1.47 
ST369 16-Apr-12 -12.07 -81.24 15.31 0.04 0.08 0.15 8 0.28 
ST370 16-Apr-12 -13.22 -93.18 12.58 0.03 0.13 0.15 8 0.22 
ST371 16-Apr-12 -13.73 -100.02 9.80 0.06 0.16 0.23 8 0.28 
ST372 17-Apr-12 -14.24 -100.94 12.95 0.03 0.13 0.16 8 0.58 
ST373 17-Apr-12 -14.06 -104.89 7.62 0.04 0.16 0.19 8 0.42 
ST374 17-Apr-12 -13.96 -100.96 10.73 0.05 0.12 0.18 8 0.48 
ST375 17-Apr-12 -14.86 -110.87 8.03 0.07 0.12 0.23 8 0.39 
ST401 13-Oct-12 -13.61 -105.55 3.33 0.03 0.11 0.13 8 0.37 
ST402 13-Oct-12 -13.02 -103.73 0.40 0.02 0.08 0.10 8 0.24 
ST403 13-Oct-12 -8.42 -89.12 -21.80 0.01 0.11 0.11 8 0.30 
ST404 13-Oct-12 -11.40 -102.61 -11.40 0.02 0.09 0.11 8 0.35 
ST405 14-Oct-12 -9.08 -81.66 -9.02 0.04 0.08 0.13 8 0.15 
ST406 14-Oct-12 5.44 -18.73 -62.25 0.04 0.14 0.17 8 0.16 
ST407 15-Oct-12 -11.52 -93.47 -1.28 0.02 0.14 0.16 8 0.17 
ST408 15-Oct-12 -2.82 -60.44 -37.86 0.02 0.14 0.15 8 0.16 
ST409 15-Oct-12 -11.73 -97.17 -3.29 0.02 0.10 0.12 8 0.27 
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ST410 15-Oct-12 -12.69 -101.09 0.45 0.03 0.09 0.13 8 0.25 
ST411 15-Oct-12 -12.46 -101.98 -2.27 0.02 0.07 0.09 8 0.24 
ST412 15-Oct-12 -11.84 -96.97 -2.24 0.04 0.07 0.14 8 0.35 
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Appendix 3B. Multivariate linear regression analysis of central Andes stream 
water compositions and analysis of uncertainty in the isotope-elevation 
relationship 
Multivariate linear regression of central Andes stream water isotopic compositions 
Many prior studies of the isotopic composition of precipitation and stream waters have 
constructed predictive multivariate linear models to understand the spatial distribution of water 
isotopologues [e.g., Bowen and Wilkinson, 2002; Dutton et al., 2005; Lechler and Niemi, 2012; 
Fiorella et al., 2015]. We constructed a hierarchical suite of multivariate linear model fits 
between the isotopic composition of stream waters (δ18Ow and δDw) with geographic (e.g., 
sampling latitude, sampling longitude, and mean catchment elevation) and climatic (e.g., mean 
annual precipitation) parameters. Models were constructed using all of the catchments at first, 
and then recalculated using only subsets of the data corresponding to: (a) only flank catchments 
or (b) only plateau catchments to determine if spatial relationships were regionally consistent. 
Results including all catchments are provided in Table 3.4, while results for flank catchments 
only or plateau catchments only are provided in Table 3.5 and Table 3.6 respectively. 
 The “best” multivariate linear model for each subset was chosen based on two different 
criteria. First, we rejected any models where two of the predictor variables (e.g., latitude, 
longitude, elevation, or annual precipitation) exhibited correlations stronger than r = 0.5. 
Multivariate linear regression assumes that the predictor variables are uncorrelated; inclusion of 
multiple correlated predictor variables can result in overfitting the model. Across the central 
Andes, for example, elevation can be strongly correlated with longitude or annual precipitation 
(Table 3.7). With the remaining set of models, we sought to minimize the Akaike Information 
Criterion [AIC; e.g., Burnham and Anderson, 2003]. The AIC seeks to optimize the trade-off 
between model complexity and fraction of variability explained; low AIC scores are associated 
with models that better fit the data.  
Based on these model selection criteria, we determine that multivariate models using 
mean catchment elevation and sampling latitude best describe the isotopic compositions of 
stream waters for the entire dataset as well as the flank catchments only subset. In contrast, 
Altiplano catchment isotopic compositions are best described by a model retaining the mean 
catchment elevation and mean annual precipitation as predictor variables. 
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Table 3.4. Multivariate linear regressions between the isotopic compositions of all stream waters and environmental 
variables. 
Models relating δ18O and environmental variables 
Model Elevation 
(‰/m) 
Latitude 
(‰/°) 
Annual 
Precipitation 
(‰/m) 
Intercept (‰) r2 AIC 
elev + lat + 
precip 
-1.67x10-3 -0.671 -0.318 -18.20 0.513 1127.3 
elev + precip -2.25x10-3 N/A -1.41 -2.17 0.447 1156.8 
elev + lat -1.54x10-3 -0.720 N/A -19.78 0.511 1126.0 
lat + precip N/A -1.18 2.17 -32.11 0.369 1189.8 
elev -1.74x10-3 N/A N/A -4.55 0.410 1170.0 
lat N/A -1.00 N/A -30.21 0.207 1244.6 
precip N/A N/A 1.61 -10.83 0.093 1277.9 
Models relating δD and environmental variables 
Model Elevation 
(‰/m) 
Latitude 
(‰/°) 
Annual 
Precipitation 
(‰/m) 
Intercept (‰) r2 AIC 
elev + lat + 
precip 
-1.49x10-2 -6.03 0.668 -149.6 0.757 1972.6 
elev + precip -2.01x10-2 N/A -9.14 -5.36 0.668 2048.2 
elev + lat -1.52x10-2 -5.93 N/A -146.2 0.756 1970.7 
lat + precip N/A -10.57 22.87 -300.64 0.564 2115.9 
elev -1.69x10-2 N/A N/A -20.82 0.642 2065.0 
lat N/A -8.71 N/A -249.0 0.262 2244.9 
precip N/A N/A 17.91 -82.91 0.193 2267.2 
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Table 3.5. Multivariate linear regressions between the isotopic compositions of flank stream waters and 
environmental variables. 
Models relating flank δ18O and environmental variables 
Model Elevation 
(‰/m) 
Latitude 
(‰/°) 
Annual 
Precipitation 
(‰/m) 
Intercept (‰) r2 AIC 
elev + lat + 
precip 
-1.64x10-3 -0.592 -0.191 -16.82 0.673 665.2 
elev + precip -2.02x10-3 N/A -1.07 -2.98 0.582 707.4 
elev + lat -1.56x10-3 -0.624 N/A -17.82 0.672 663.7 
lat + precip N/A -0.991 1.97 -30.95 0.407 770.2 
elev -1.61x10-3 N/A N/A -4.84 0.537 723.7 
lat N/A -0.694 N/A -23.41 0.168 829.2 
precip N/A N/A 1.23 -9.99 0.104 842.5 
Models relating flank δD and environmental variables 
Model Elevation 
(‰/m) 
Latitude 
(‰/°) 
Annual 
Precipitation 
(‰/m) 
Intercept (‰) r2 AIC 
elev + lat + 
precip 
-1.30x10-2 -4.94 -0.505 -130.1 0.770 1338.0 
elev + precip -1.61x10-2 N/A -6.82 -14.74 0.664 1404.3 
elev + lat -1.32x10-2 -4.85 N/A -127.5 0.770 1336.1 
lat + precip N/A -8.09 17.62 -241.83 0.491 1478.6 
elev -1.35x10-2 N/A N/A -26.55 0.633 1417.9 
lat N/A -5.44 N/A -174.51 0.173 1564.2 
precip N/A N/A 11.51 -70.67 0.153 1568.4 
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Table 3.6. Multivariate linear regressions between the isotopic compositions of Altiplano stream waters and 
environmental variables. 
Models relating Altiplano δ18O and environmental variables 
Model Elevation 
(‰/m) 
Latitude 
(‰/°) 
Longitude 
(‰/°) 
Annual 
Precipitation 
(‰/m) 
Intercept 
(‰) 
r2 AIC 
elev + lat + 
lon + precip 
-7.11x10-3 7.51x10-2 -0.962 -19.53 -40.27 0.326 368.7 
elev + lat + 
lon 
-7.96x10-3 -1.23 0.703 N/A 43.57 0.271 372.1 
elev + lat + 
precip 
-7.66x10-3 6.70x10-2 N/A -17.47 25.62 0.323 367.0 
elev + lon + 
precip 
-7.08x10-3 N/A -0.959 -18.90 -41.84 0.326 366.7 
lat + lon + 
precip 
N/A -0.205 -2.80 -23.00 -196.90 0.244 374.6 
elev + lat -7.54x10-3 -1.34 N/A N/A -7.43 0.269 370.3 
elev + lon -1.02x10-2 N/A 2.60 N/A 203.46 0.209 375.7 
elev + precip -7.60x10-3 N/A N/A -16.92 24.02 0.322 365.0 
lat + lon N/A -1.82 -1.06 N/A -118.46 0.167 379.3 
lat + precip N/A -0.308 N/A -16.89 -13.11 0.211 375.5 
lon + precip N/A N/A -2.83 -24.80 -194.56 0.244 374.6 
elev -9.20x10-3 N/A N/A N/A 25.68 0.170 377.1 
lat N/A -1.67 N/A N/A -44.47 0.161 377.8 
lon N/A N/A 1.31 N/A 74.94 0.011 389.2 
prec N/A N/A N/A -19.49 -6.37 0.210 373.7 
Models relating Altiplano δD and environmental variables 
Model Elevation 
(‰/m) 
Latitude 
(‰/°) 
Longitude 
(‰/°) 
Annual 
Precipitation 
(‰/m) 
Intercept 
(‰) 
r2 AIC 
elev + lat + 
lon + precip 
-3.01x10-2 -1.27 -0.431 -73.09 -7.76 0.305 583.6 
elev + lat + 
lon 
-3.33x10-2 -6.16 5.80 N/A 306.04 0.270 585.0 
elev + lat + 
precip 
-3.04x10-2 -1.27 N/A -72.17 21.78 0.305 581.6 
elev + lon + 
precip 
-3.07x10-2 N/A -0.484 -83.70 18.62 0.304 581.7 
lat + lon + 
precip 
N/A -2.45 -8.23 -87.82 -671.90 0.238 588.0 
elev + lat -2.99x10-2 -7.12 N/A N/A -114.72 0.264 583.6 
elev + lon -4.46x10-2 N/A 15.26 N/A 1104.99 0.199 589.4 
elev + precip -3.10x10-2 N/A N/A -82.70 51.89 0.304 579.7 
lat + lon N/A -8.62 -1.59 N/A -372.43 0.187 590.5 
lat + precip N/A -2.75 N/A -69.87 -131.80 0.225 587.1 
lon + precip N/A N/A -8.62 -109.29 -643.91 0.233 586.4 
elev -3.87x10-2 N/A N/A N/A 59.98 0.137 592.6 
lat N/A -8.40 N/A N/A -261.54 0.186 588.5 
lon N/A N/A 9.65 N/A 548.25 0.026 600.9 
prec N/A N/A N/A -93.15 -71.50 0.219 585.7 
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Table 3.7. Correlations between potential predictor variables. 
All Streams 
 Latitude Longitude Annual Precipitation 
Elevation 0.226 -0.847 -0.693 
Latitude  -0.539 0.196 
Longitude   0.402 
All Flank Streams 
 Latitude Longitude Annual Precipitation 
Elevation 0.058 -0.825 -0.658 
Latitude  -0.475 0.337 
Longitude   0.274 
All Altiplano Streams 
 Latitude Longitude Annual Precipitation 
Elevation 0.230 0.221 0.177 
Latitude  -0.427 0.826 
Longitude   -0.559 
 
 
Table 3.8. Candidate empirical linear models of the isotope-elevation relationship in the central Andes 
Model description 
Elevation 
coefficient 
(m/‰) (with 
±1σ) 
Intercept (m) 
(with ±1σ) 
2σ 
Prediction 
Interval (m) 
Number of 
streams 
included in 
model 
r2 
This study – all April streams -269.1 ± 18.0 331.4 ± 186.3 1800 236 0.49 
This study – all eastern flank 
streams 
-333.2 ± 23.2 385.4 ± 219.6 1600 179 0.54 
Th
is
 s
tu
dy
 –
 
se
pa
ra
te
 
re
gr
es
si
on
s 
N
/S
 o
f 2
0°
S North of 
20°S 
-366.6 ± 43.1 -939.7 ± 539.4 1660 79 0.48 
South of 
20°S 
-212.5 ± 24.0 941.7 ± 220.7 1900 168 0.32 
Th
is
 s
tu
dy
 –
 
se
pa
ra
te
 
re
gr
es
si
on
s 
fo
r 
N
/S
 tr
an
se
ct
s North 
Transect 
-500.1 ± 73.0 -2849.6 ± 838.8 2000 31 0.61 
South 
Transect 
-358.5 ± 23.9 -477.1 ± 214.1 1420 147 0.61 
Bershaw et al. (2010) – transect 
at ~16°S 
-536.4 -3201.7 1000 82 0.92 
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Figure 3.10. Mean residual for each physiographic region and model. Horizontal lines indicate the 95% confidence 
interval calculated from 50,000 bootstrap replicates with replacement. 
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Figure 3.11. Median residual for each physiographic region and model. Horizontal lines indicate the 95% 
confidence interval calculated from 50,000 bootstrap replicates with replacement. 
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Alternate models of the isotope-elevation relationship of central Andes surface waters 
 The Mann-Whitney U test was used to determine if the mean residuals from the three 
physiographic regions follow the same distribution. We determined if the mean residual for the 
distributions from the three physiographic regions tested were statistically distinguishable from 
each other using the Mann-Whitney U test. We considered each set of physiographic regions 
pairwise (N. vs. S. Transect, N. Transect vs. Altiplano, S. Transect vs. Altiplano) for the Rowley 
(2007) model and our linear regressions. These tests show that mean residuals for the Altiplano 
were distinct from the flanks, while flank mean residuals were not statistically distinguishable 
from each other (Table 3.9).   
 
Table 3.9. Mann-Whitney U test results for each model and pair of physiographic regions. Values indicate the 
probability that the mean residual for the two distributions being compared are equal. 
Model Altiplano vs N. Transect Altiplano vs S. Transect N. Transect vs S. 
Transect 
Rowley (2007) – global 
quartic regression 
3.9x10-3 1.2x10-4 0.61 
This study – all April 
streams 2.7x10
-5 3.9x10-3 3.9x10-3 
This study – all eastern 
flank streams 8.0x10
-5 0.56 3.9x10-3 
This study – separate 
regressions N/S of 20°S 1.1x10
-4 3.9x10-3 0.093 
This study – separate 
regressions for N/S 
transects 
0.028 3.9x10-3 0.70 
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Appendix 3C. Compilation of central Andes clumped isotope records and 
comparison to climate model simulations 
Methods 
A fundamental limitation associated with using pedogenic carbonates to reconstruct 
paleoenvironments is that the δ18O or δD compositions recorded depend on both the 
environmental δ18O or δD compositions as well as the temperature at which the carbonate 
formed. The clumped isotope paleothermometer has been suggested as a way to independently 
constrain formation temperature, as the abundance of a multiply substituted isotopologue 
containing a 13C-18O bond is dependent on temperature, but not the isotopic composition of the 
water the carbonate forms in equilibrium with [Ghosh et al., 2006b; Eiler, 2007]. As a result, the 
clumped isotope compositions of carbonates in the central Andes have been used in several 
studies to estimate paleoelevations indsaependent of δ18O lapse rates by using temperature lapse 
rates [Ghosh et al., 2006a; Garzione et al., 2008; Leier et al., 2013; Garzione et al., 2014]. 
Additionally, clumped isotopes have been preferred in the region to address concerns that δ18Occ 
compositions may be evaporatively biased, particularly for the more arid Southern Altiplano 
[Garzione et al., 2007; 2014]. 
Here, we have compiled the Δ47 temperatures and compare them to simulated model 
temperatures to reevaluate the paleoelevation interpretations. Since the first interpretations of Δ47 
temperatures in the central Andes were published in 2006 [Ghosh et al., 2006a], our 
understanding of the relationship between Δ47 temperatures and mean annual air temperatures 
has been refined significantly. First, Δ47 temperatures are thought to reflect soil temperatures at 
the time of carbonate formation [Passey et al., 2010], and not air temperatures directly. Second, 
carbonate formation is likely more seasonal than previously assumed, with carbonate 
precipitation occurring during the driest portions of the year [e.g., Breecker et al., 2009]. As a 
result, the δ18O, δ13C, and Δ47 compositions of pedogenic carbonate may reflect seasonal and not 
annual conditions [e.g., Breecker et al., 2009; Peters et al., 2013]. Third, if the timing of 
formation can be constrained, empirical transfer functions relating soil temperatures at the 
carbonate-bearing depths to mean annual air temperatures can be developed [e.g., Quade et al., 
2013]. Additionally, comparisons of Δ47 compositions from different laboratories have shown 
that there is an additional instrument-specific fractionation due to variability in the ionizing 
source and environmental lab conditions. Dennis et al. [2011] developed an ‘absolute’ reference 
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frame (ARF) to report Δ47 compositions in order to facilitate interlaboratory comparisons that 
account for instrument-specific effects. In light of these developments, we estimate past surface 
air temperatures from the Δ47 using a series of assumptions reflecting the evolution of clumped 
isotope methods: (1) Temperatures from Δ47 values as originally published reflect surface air 
temperatures, (2) Temperatures from Δ47 values reflect surface air temperatures, if first converted 
to a standard ARF that is not instrument-dependent [Dennis et al., 2011], (3) Temperatures from 
Δ47 values reflect soil temperatures, but mean annual air temperatures (MAAT) can be estimated 
via the empirical relationship of Quade et al. [2013, equation 3]. As the clumped isotope data for 
the central Andes was collected prior to the development of the ARF, an indirect transfer 
function to estimate compositions within the ARF must be used. All of the published clumped 
isotope data for the central Andes were generated on a ThermoFisher MAT 253 isotope ratio 
mass spectrometer at the California Institute of Technology. Three transfer functions have been 
published relating Δ47 compositions from this instrument to the ARF [Dennis et al., 2011; Leier 
et al., 2013; Quade et al., 2015], though the differences between these calibrations relative to the 
difference between measured Δ47 compositions and estimated ARF Δ47 compositions is 
negligible. Therefore, we present results using the Quade et al. [2015] transfer function only. 
Clumped Isotope Results  
Paleoelevations inferred from comparing modeled simulated temperatures to Δ47 
temperatures are highly sensitive to the method used to relate Δ47 temperatures to surface air 
temperatures (Figure 3C.1). When the temperatures are calculated using the Ghosh et al. [2006a] 
calibration, paleoelevations for the Corque syncline are < 0-25 % of modern elevations at ~11 
Ma, and 25- >100% of modern elevations at 6 Ma (Figure 3C.1a). At Cerdas and Quehua (Figure 
3C.1b), paleoelevations are < 0 % of modern elevations at 16 Ma and 0-25% of modern 
elevations at 8 Ma. At the Salla and Upper Salla beds (Figure 3C.1c), paleoelevations are < 0 - 
~25% of modern elevations at 25 Ma and 25-50% at 15 Ma. Similar results are obtained when 
temperatures are calculated by estimating equivalent compositions in the ARF and calculating 
the formation temperature using the calibration of Dennis and Schrag [Figure 3C.1d-f, 2010], 
though these temperatures tend to be ~3°C warmer across the dataset. 
 Air temperatures calculated using the Quade et al. [2013] linear regression, following the 
method as implemented in Garzione et al. [2014], suggest cooler temperatures and higher 
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elevations. Air temperatures from the Corque syncline suggest elevations of ~50-100% of 
modern elevations at ~11 Ma, and > 100% of modern elevations at ~6 Ma (Figure 3C.1g). 
Temperatures from southern Altiplano sites suggest elevations of 25-50% of modern at ~16 Ma, 
and >100% at ~8 Ma (Figure 3C.1h). Finally, air temperatures at the Salla and Upper Salla Beds 
imply elevations of < 0-100% of modern elevations at 25 Ma, and >100% of modern elevations 
at ~15 Ma (Figure 3C.1i). In contrast to the interpretations in Garzione et al. [2014], the 
elevation reconstructions for the northern and southern halves of the Altiplano are generally 
consistent when both sections are converted to mean annual air temperature estimates. 
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Figure 3.12. T(Δ47) (°C) against proxy age (Ma). Mean annual temperatures from the RegCM model simulations are 
shown as grey dashed lines as a function of elevation. Temperatures are estimated from Δ47 compositions in three 
different ways: the Ghosh et al. [2006b] calibration (top row), the Dennis and Schrag [2010] calibration following 
approximate conversion into the reference frame of Dennis et al. [2011] (middle row), and using the linear 
regression between soil temperature and air temperature from Quade et al. [2013] (bottom row). Proxy records 
from the Corque Syncline (N. Altiplano), Cerdas and Quehua (S. Altiplano), and the Salla and Upper Salla Beds 
(Eastern Cordillera) are shown in the left, middle, and right columns respectively. 
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 There are several caveats to both the proxy and climate modeling components presented 
here that complicate the comparison between Δ47 and GCM model temperatures. The GCM 
simulations of Ehlers and Poulsen [2009] used in this study assume a uniform uplift of the entire 
Andean range. In reality, some variability in uplift along and across strike is likely [e.g., 
Allmendinger et al., 1997; Barnes and Ehlers, 2009; Quade et al., 2015]. Additionally, these 
simulations held CO2 concentrations fixed at 355 ppmv. Atmospheric pCO2 was likely higher 
during periods of the Cenozoic, and therefore, temperatures likely warmer than simulated here 
during periods of elevated CO2. Therefore, these simulations likely underestimate the 
temperature range that would be associated with uplift of the Andes to their modern elevations 
by perhaps as much as ~4-8°C [e.g., Jeffery et al., 2012]. 
 
Table 3.10. Sampling depths for clumped isotope paleoaltimetry in the central Andes. 
Study Geologic Unit Sampling Depths 
Ghosh et al. 2006 Corque Syncline ~25-80 cm 
Garzione et al. 2008 Corque Syncline 17-40 cm 
Garzione et al. 2008 Salla Beds  below 30-50 cm 
Leier et al. 2013 Salla and Upper Salla Beds > 50 cm, typically 100 cm 
Garzione et al. 2014 Cerdas and Quehua ~20-200 cm 
 
 There are several additional considerations for interpreting the Δ47 compositions for the 
central Andes as well. First, the depth of the paleosol horizons sampled varies greatly amongst 
the studies (Table 3.10). Depth within the soil column of the pedogenic carbonate has strong 
implications for the temperature of the surrounding environment during carbonate formation. 
Soil temperatures are typically modeled as sinusoidal variations from an average air temperature 
[e.g., Hillel, 1980]. The variability in soil temperature associated with variability in air 
temperatures decays with depth. Damping depths (i.e., the e-folding depth) for the model soil in 
Quade et al. [2013] on diurnal and annual timescales are 8 cm and 153 cm, respectively. As a 
result, the shallowest pedogenic carbonates in these studies (20 cm) experience ~10% of the 
diurnal and ~88% of the annual temperature range. Therefore, constraints on the timing of 
pedogenic carbonate formation is critically important to evaluate the relationship of recorded 
temperatures to mean annual air temperatures, particularly for the shallowest carbonates 
sampled. Second, the Quade et al. [2013] linear regression may be inappropriate to use for 
central Andes paleosols if our suggestion that pedogenic carbonates are forming largely during 
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austral winter is correct. This relationship was developed for soils where the warm and dry 
seasons coincided, and as a result, all of the soil temperatures used to generate this regression 
were above the mean annual air temperature. In contrast, pedogenic carbonates forming during 
winter would record temperatures equal to or more likely, below, the mean annual value. 
Formation temperatures matching mean annual temperatures instead of annual maximum 
temperatures were observed in high-elevation pedogenic carbonates at ~33°S, south of our study 
site [Peters et al., 2013]. In this case, application of the Quade et al. [2013] relationship to 
estimate central Andean MAAT would result in temperature estimates that are too low and 
paleoelevation estimates that are too high. This trend is consistent with our observation of 
MAAT estimates that are colder than modern for a significant portion of the pedogenic 
carbonates in the central Andes (Figure 3C.1g-i). Finally, central Andes temperatures from Δ47 
compositions show considerable variability within single geologic units. For example, carbonates 
within the Corque Syncline show a ~25°C range of temperature at 11 Ma and a ~20°C range of 
temperature at 6 Ma, while the Salla Beds also show a ~25°C range at 25 Ma. In contrast, the 
temperature change between the 0% and 100% Andes GCM simulations is ~22°C. Therefore, the 
uncertainty at certain periods approaches the magnitude of the signal of the entire Andean uplift. 
The hottest temperatures recorded are potentially affected by post-formation diagenetic alteration 
[Ghosh et al., 2006a; Garzione et al., 2008]. Burial of paleosols to a few kilometers depth can 
promote the solid-state reordering of C-O bonds [Henkes et al., 2014], and alter the temperature 
to partially overprint the surface temperature with the temperature at depth. However, even 
ignoring the warmest temperatures in these sections that may be diagenetically altered, 
temperature ranges in these units still remains near ~15°C, limiting paleoelevation estimation 
precision to > 2 km. 
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Chapter 4. Seasonal patterns of water vapor cycling in a deep, 
continental mountain valley 
4.1 Abstract 
The water cycle within high-elevation continental interiors remains poorly understood. 
We present sub-hourly measurements of the isotopic composition of summer and winter water 
vapor from a deep mountain valley in northwestern Wyoming. Isotope measurements are paired 
with local meteorological measurements, and local transpiration fluxes are estimated using sap 
flux measurements. Relationships between local vapor isotopic compositions and large-scale air 
transport are explored by calculating atmospheric back trajectories. Isotopic compositions exhibit 
pronounced seasonal, diurnal, and synoptic-scale variations. The summer diurnal cycle results 
from transpiration and boundary layer development and decay, which are more prominent during 
summer than winter. The most prominent summer isotopic diurnal cycle is observed in 
deuterium excess (d = δD–8δ18O), which increases during the morning, peaks in the afternoon, 
and decreases in the evening, often to negative values. We suggest that the strong cycle in 
deuterium excess is likely driven by non-steady state transpiration. Local isotopic compositions 
show a stronger dependence on air transport pathway during the winter than during the summer. 
These results suggest that isotopic characteristics of vapor transported to the continental interior 
are overprinted by local transpiration and boundary layer mixing during the summer. In contrast, 
the isotopic composition of the air source is preserved in the winter. Continued monitoring of the 
isotopic composition of near-surface vapor in continental settings may help detect changes in 
regional moisture convergence and the local evapotranspiration flux, as well as assess meso-to-
regional scale ecohydrologic responses to hydrologic variability. 
4.2 Introduction 
Recycling of water over continents is a critical component of the terrestrial water cycle 
and the surface energy balance. Continental precipitation is nearly three times greater than the 
mass of water advected over the continents from the oceans on an annual basis [Trenberth et al., 
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2007]. The evapotranspiration (ET) flux from the land surface provides the water vapor 
necessary to maintain these elevated precipitation amounts. Water is cycled over the continents, 
perhaps several times, before returning to the ocean through runoff [Brubaker et al., 1993; 
Gimeno et al., 2010; van der Ent et al., 2010]. 
Continental water cycling, especially in high-elevation environments in the Western US, 
is changing in response to anthropogenic warming. Winter snowfall provides an important 
source of water for ecosystems and communities as it melts during spring and summer [Bales et 
al., 2006; Hunter et al., 2006]. In recent decades, the mass of the Western US snowpack has 
been decreasing [Mote et al., 2005; Kalra et al., 2008], as has the fraction of annual precipitation 
falling as snow [Knowles et al., 2006]. These changes in montane hydrology have led to earlier 
peak snowmelt [Cayan et al., 2001], decreased summer stream flow [Rood et al., 2008], and 
increased risk of forest mortality [Anderegg et al., 2012; 2013] and wildfires [Westerling et al., 
2006] resulting from drier summer conditions. Improved understanding of how water cycles 
through high elevation environments, and how these processes relate to local (e.g., valley-to-
ridge scale) and remote (e.g., meso- to synoptic scales) changes to meteorology and atmospheric 
circulation, will be critical to managing water resources and assessing regional forest drought 
susceptibility. 
 Stable isotopes of hydrogen and oxygen can be used as tracers of water transport 
processes. Phase transitions partition the heavy (e.g., 18O, 17O, and 2H or D) and light isotopes 
(16O and 1H) of oxygen and hydrogen in water unequally, with the heavier isotopes preferentially 
remaining in or entering the condensed phase [Gat, 1996]. At equilibrium, this isotopic 
fractionation between two phases is temperature dependent [Majoube, 1971; Horita and 
Wesolowski, 1994]. Condensation of water from an air parcel reduces the concentration of heavy 
isotopes in the remaining vapor. Turbulent transport in the atmosphere and from the land or 
ocean surface, particularly during evaporation, often prevents isotopic equilibrium from being 
attained, resulting in an additional kinetic fractionation arising from the different diffusivities of 
each water isotopologue [Craig and Gordon, 1965; Merlivat and Jouzel, 1979; Cappa et al., 
2003; Luz et al., 2009]. Therefore, the degree of isotope partitioning reflects both equilibrium 
and kinetic fractionation processes.  
Water vapor isotopes reflect the integrated moisture history of an air parcel, including 
their evaporative source, mixing between air masses and with surface sources of water vapor, 
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and through condensation and partial evaporation during precipitation processes. Unlike isotope 
tracers in precipitation, which are sampled during discrete events, water vapor isotope 
measurements can be monitored continuously. Prior to the proliferation of laser-based 
spectrometers, measurements of the isotopic composition of water vapor were difficult and 
relatively rare [Rozanski and Sonntag, 1982; White and Gedzelman, 1984; Helliker et al., 2002; 
Ehhalt et al., 2005]. Continuous, high-resolution (e.g., ~0.1-1 Hz) measurements of water vapor 
isotopic composition have shown that large-scale changes in atmospheric transport influence 
water vapor isotopic composition, including moisture source directions [Galewsky and Samuels-
Crow, 2015; Larsen et al., 2015], upwind convective intensity [Brown et al., 2008; Crow et al., 
2014], passage of frontal systems [Lee et al., 2006; Aemisegger et al., 2015], and cloud 
microphysical properties [Galewsky et al., 2011; Bailey et al., 2015]. The isotopic composition 
of near-surface water vapor also records information on local processes, such as boundary layer 
development and entrainment of free tropospheric vapor [He and Smith, 1999; Lai and 
Ehleringer, 2010; Noone et al., 2011; Bailey et al., 2013], evapotranspiration [Moreira et al., 
1997; Yepez et al., 2003; Welp et al., 2008; Aemisegger et al., 2014; Good et al., 2014], and 
dewfall or frost [Wen et al., 2012; Noone et al., 2013]. These studies have established that water 
vapor isotopic compositions are useful for understanding atmospheric moisture transport and 
land-atmosphere exchanges across a variety of time scales, and provide an integrated picture of 
moisture transport from the ocean surface to continental interiors. 
In this study, we present and analyze the isotopic composition of near-surface water 
vapor in a deep, continental mountain valley from two summers and one winter measurement 
period. We seek to understand how regional atmospheric circulation, boundary layer entrainment 
of free tropospheric vapor, and the local ET flux influence the near-surface isotopic composition 
of water vapor at the seasonal and diurnal time scales. Our isotopic measurements are augmented 
with local meteorological measurements and atmospheric back trajectory analysis using 
reanalysis data. To estimate the local transpiration flux, we measured sap flux in dominant local 
tree species during one of the summer measurement campaigns. Combining these measurements, 
we find that winter isotopic compositions are closely related to synoptic-scale atmospheric 
circulations, but that local effects progressively overprint information about the remote transport 
pathway during the summer. Both transpiration and boundary layer entrainment and mixing 
contribute to a prominent diurnal cycle observed during summer, but not winter. 
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4.3 Theory: Diurnal Circulation in a Mountain Valley 
Several processes scale with or depend on the diurnal cycle, such as boundary layer 
development and decay and the evapotranspiration flux. Individual fluxes of moisture into or out 
of the near-surface layer have characteristic influences on boundary layer water vapor amount 
and isotopic composition. Free tropospheric air under clear conditions has lower humidity than 
air near the surface, due to condensation as that air was lifted from the surface and cooled. 
Therefore, the vapor in free tropospheric air is typically more depleted in heavy isotopes [e.g., 
Gedzelman, 1988]. Daytime entrainment of free tropospheric air into the mixed boundary layer 
tends to reduce the humidity and heavy isotopic composition of near-surface vapor. Evaporation 
of water from soils also adds isotopically light water to the near-surface vapor, but soils are very 
dry at the CDFS during the summer. Therefore, the soil evaporation flux at the CDFS is expected 
to be negligible except immediately following precipitation events. 
 The influence of transpiration on near-surface vapor isotopic compositions is more 
complicated. Plants do not fractionate water during root uptake [Ehleringer and Dawson, 1992], 
and mass balance requires that on long timescales the isotopic composition of transpired vapor 
equals the source water, at which point it is considered to be in ‘steady-state.’ However, diurnal 
changes in temperature and RH cause substantial changes in fractionation factors at the site of 
evaporation within leaves. As a result, transpiration may only approach steady-state during 
prolonged periods (e.g., hours) of steady temperature and RH [Harwood et al., 1998; 1999; 
Simonin et al., 2013a]. In either case, leaf water undergoes a well-known isotopic enrichment 
during the day due to preferential loss of lighter isotopes during evaporation from the leaf. This 
enrichment is typically lost overnight through nocturnal transpiration, leaf water recharge from 
the xylem, and equilibration of leaf water with atmospheric water vapor [Cernusak et al., 2002; 
Farquhar and Cernusak, 2005]. Effective fractionation factors increase more rapidly for oxygen 
than hydrogen with decreases in RH, as the diffusivity difference between H218O and H216O is 
greater than between HD16O and H216O [Merlivat, 1978; Cappa et al., 2003]. As a result, 
evaporation from the leaf during periods of rapidly decreasing (increasing) RH are expected to 
contribute to the boundary layer more light (heavy) oxygen than light (heavy) hydrogen [Simonin 
et al., 2013b]. Due to these diurnal changes in fractionation factors and the requirement of mass 
balance on longer timescales, it is expected that in an environment with rapidly changing RH 
throughout the day, such as the CDFS, morning transpiration would increase the d-excess of 
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near-surface vapor while late afternoon and evening transpiration would decrease the d-excess of 
near-surface vapor. Assuming a sensitivity of d-excess during evaporation of -0.53‰/% RH 
[e.g., Pfahl and Wernli, 2008] implies a maximum change of ~32‰ if the amplitude of the 
diurnal cycle in RH is 60%. 
The location of the CDFS within a deep mountain valley introduces several additional 
processes that modify the cycle of boundary layer development and decay. Nocturnal capping 
inversions inhibit mixing between near-surface vapor with the atmosphere above and slow the 
development of the mixed layer in the morning. Anabatic valley winds transport warm air at the 
surface upslope, while cold air from the inversion core sinks to replace it, which limits the height 
of the mixed layer while the inversion core persists [McNider and Pielke, 1981; Whiteman, 
1982]. When the inversion core is eliminated, the height of the mixed layer can increase rapidly 
with a corresponding increase in turbulent kinetic energy [Banta, 1985; Whiteman et al., 2004]. 
At sunset, the inversion develops again, with cold surface katabatic winds entering the valley, 
beneath a warmer residual layer aloft [McNider and Pielke, 1981]. Based on these processes, we 
would expect to capture in our isotopic and meteorological measurements: (a) a strong signal of 
transpiration fluxes after sunrise, but before development of a deep boundary layer and 
substantial entrainment of free tropospheric air, and (b) a rapid collapse of vertical mixing and 
development of katabatic mountain winds near sunset as the inversion develops. 
4.4 Methods 
4.4.1 Site description 
The Camp Davis Rocky Mountain field station (CDFS, Figure 4.1, 43.283°N, 
110.659°W) is located at 1860 m elevation in a NW-SE trending mountain valley that is ~10 km 
long and ~2 km wide at its widest point. The surrounding mountain peaks range from 2100-
3000+ m. The valley is bisected by US Highway 191/189/89/26. The field station occupies 48.6 
ha near the SW valley wall south of the highway. The Bridger-Teton National Forest bounds the 
valley on all sides. 
  Long-term climatological records are not available for the CDFS, but the nearby NOAA 
climate station in Bondurant, WY (20 km ESE) reports a mean annual temperature of 1.5°C and 
mean annual precipitation of ~480 mm (NCDC 1981-2010 climate normals). A NOAA climate 
station in Jackson, WY (25 km NNW) has a similar annual climatology (4.1°C and ~430 mm). 
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Precipitation is evenly distributed throughout the year without a distinct rainy season, though 
winter tends to have slightly more precipitation. Winter precipitation is typically associated with 
extratropical cyclones, with vapor transported from the northwest, while summer precipitation is 
associated with moisture transport from the west and the southwest [Despain, 1987]. The 
Hoback River runs through the valley and is ~200 m away from the collection site at its closest 
point. Nocturnal temperature inversions in the valley are common throughout the year and are 
similar to temperature inversions observed in other deep valleys in the Rocky Mountains 
[Whiteman, 1982; Whiteman et al., 2004; Bailey et al., 2011]. 
 
Figure 4.1. Aerial map of the Camp Davis field station location (CDFS). Summer CRDS deployment locations are 
shown as green circles and the winter CRDS deployment location is shown as a blue circle. The red circle denotes 
the location of the meteorological measurements, and the yellow circle indicates the location of the forest where we 
measured sap flux. The CDFS is within a deep mountain valley bounded on all sides by higher peaks, with the 
Hoback river running through the valley from east to west. Topography is shown in gray contour lines in 100 m 
elevation intervals. 
The valley near the collection site and the southern-facing slopes bounding the valley are 
shrublands dominated by big sagebrush (Artemisia tridentata) and rabbitbrush (Ericameria 
nauseosa). Northern-facing slopes are forested mainly by lodgepole pine (Pinus contorta), 
trembling aspen (Populus tremuloides), and Douglas fir (Psuedotsuga menziesii), with 
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occasional subalpine fir (Abies lasiocarpa) and narrowleaf cottonwood (Populus angustifolia) 
also present. 
4.4.2 Meteorological measurements 
Meteorological data were collected at a 10 m tower in the valley (Figure 4.1). 
Measurements included 2- and 10-m temperature and relative humidity (RH) (CS500, Campbell 
Scientific/Vaisala), 10-m wind speed and direction (05103, R.M. Young), barometric pressure 
(CS100, Campbell Scientific/Setra), solar insolation (LI200S, LI-COR Biosciences), and 
precipitation amount (TE525WS, Texas Electronics). Sensor data were recorded every minute by 
a Campbell Scientific data logger (CR10X), and averaged to 15-minute time intervals. A power 
outage and equipment failure led to the loss of a portion of the 2012 meteorological data (Table 
4.1). 
 
Table 4.1. CDFS data availability summary 
Measurement Period Number of days Meteorology (%) Isotope (%) Sap Flux (%) 
June 12-September 2, 2012 82 88.7 71.1 N/A 
January 12-February 4, 2013 23 100 87.5 N/A 
June 30-July 16, 2014 17 100 69.8 88.3 
 
4.4.3 Vapor isotope measurements 
We deployed a Picarro L2120-i cavity ring-down spectrometer (CRDS) in a protected 
shelter at the field station. The CRDS was operated for three periods: 12 June-2 September, 2012  
(DOY 164-246); 12 January-2 February, 2013 (DOY 12-33); and 30 June-15 July, 2014 (DOY 
181-196). Two liquid water standards were analyzed every 12 hours to convert measured vapor 
values to the VSMOW scale [Coplen, 1996] and to monitor for instrumental drift. Typical 
instrumental drift on the Picarro CRDS is less than 0.6‰ for δ18O and 1.8‰ for δD over a 24-
hour period, while analytical precision exceeds 0.1‰ for δ18O and 0.4‰ for δD. CRDS 
measurements also exhibit a small degree of water vapor concentration dependence; we estimate 
that this may introduce up to 2.0‰ uncertainty in both isotope systems spread across the range of 
humidity in these field experiments (~0.14‰ / mmol H2O / mol air, or ~ 2.0‰ across a range of 
14 g/kg in specific humidity). The CRDS collected measurements of δ18O (‰), δD (‰), and 
specific humidity (q) (ppm) at ~1-2 second intervals. Isotope data presented here are fifteen-
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minute average values. Deuterium excess (d-excess) is calculated after Dansgaard (1964, d = δD 
– 8δ18O), and reflects the degree of kinetic fractionation recorded in the vapor. 
For the 2012 and 2013 campaigns, standards were introduced using an autosampler, 
while in the 2014 campaign, the Picarro Standard Delivery Module was used. The location of the 
CRDS analyzer within the field station changed throughout the campaigns due to operational 
constraints for different seasons, but was always located within non-forested clearings (Figure 
4.1). During summer 2012, the analyzer was first deployed in a cabin ~300 m south of the field 
station meteorological tower, and then moved into a small temperature-controlled shed 
constructed 15 m away from the meteorological tower. All subsequent summer isotope 
measurements were collected at the meteorological tower. Winter measurements were made in a 
building further south, and closer to the wall of the valley (Figure 4.1). 
Atmospheric vapor was introduced to the CRDS through either 1/8” stainless steel tubing 
(during winter 2013 and prior to construction of the temperature-controlled shed in summer 
2012), or through Bev-A-Line IV plastic tubing. Prior studies have indicated that isotopic 
fractionation caused by adsorption of water vapor to tubing walls of these materials is minimal 
[Tremoy et al., 2011; Simonin et al., 2013a]. In both setups, the sampling height was 
approximately 3 m above the ground. A partial vacuum was maintained in the sampling lines to 
reduce the likelihood of water condensation in the tubing. Sampling lines were not heated in this 
setup, though no evidence of condensation within the sampling lines was observed at this 
location due to the low relative humidities typical in NW Wyoming. Gaps in the isotope data 
were caused by hardware failure, and several shorter periods of missing data resulted from 
software crashes (Table 4.1). 
4.4.4 Process-based isotope modeling 
The isotopic composition of water vapor provides insights into the processes that moisten 
or dry the atmosphere [e.g., Gat, 1996; Dessler and Sherwood, 2003; Galewsky and Hurley, 
2010; Noone, 2012]. Evaporation, condensation, and air-mass mixing possess characteristic 
patterns of isotopic change with respect to changes in humidity. We consider isotopic box-
models for condensation and air-mass mixing below.  
 The evolution of the water isotopic composition in a condensing air parcel depends on 
whether the air parcel acts as an open or closed system. The canonical Rayleigh distillation 
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equation describes a fully open system, where all of the condensed liquid is immediately 
removed from the air parcel [Gat, 1996]. The isotopic composition of water vapor in a 
condensing air mass following Rayleigh distillation will be proportional to the natural logarithm 
of specific humidity [Dansgaard, 1964; Gat, 1996]: ln !!! 𝛼 − 1 = ln !!! ≈ 𝛿 − 𝛿!   (Eqn. 1) 
where q is the specific humidity, R is the heavy-to-light isotope ratio, δ is the isotopic 
composition in per-mil deviation from a standard R (for water, VSMOW, [Coplen, 1996]), and α 
the effective isotope fractionation factor. A subscript 0 refers to the parcel’s initial properties 
prior to condensation. The effective isotope fractionation factor may be altered by temperature-
dependent changes in the equilibrium fractionation factor [Majoube, 1971; Horita and 
Wesolowski, 1994] or by changes in the kinetic fractionation factor, which are affected by 
changes in environmental conditions such as wind speed and RH. Strictly speaking, equation 1 
represents an integrated form of the Rayleigh equation and assumes constant α throughout 
condensation; this assumption may be relaxed when this equation is solved numerically with 
variable α for small changes in q/q0 [e.g., Noone, 2012].  
For a closed air parcel, all of the condensate remains within the air parcel. The total water 
content of the air parcel remains unchanged throughout the condensation. In this case, isotopic 
composition of water vapor in an air parcel will be linearly proportional to the specific humidity 
[Jouzel, 1986; Noone, 2012]: !!! − 1 𝛼 − 1 ≈ 𝛿 − 𝛿!   (Eqn. 2) 
Condensation processes with a partial loss of condensate will follow a trajectory between these 
two end-member models.  
 Finally, the mixing of two or more air masses with distinct specific humidities and 
isotopic compositions can be modeled from mass balance. Writing separate mass balance 
equations for the light and heavy isotopes, the measured quantities of specific humidity can be 
expressed as the sum of a background value and the net flux into or out of the parcel: (1− 𝑅!"#)𝑞!"# = (1− 𝑅!")𝑞!" + (1− 𝑅!)𝑞!  (light isotope mass balance) (Eqn. 3) 
 𝑅!"#𝑞!"# = 𝑅!"𝑞!" + 𝑅!𝑞!  (heavy isotope mass balance)  (Eqn. 4) 
where subscripts obs, bg, and f refer to the observed, background, and flux properties 
respectively. The “flux” in these equations represents the net properties of all component fluxes. 
 
 
158 
These equations can be simplified by noting that R << 1 for all three components, and that the 
heavy isotope mass balance equation can be written in delta notation equivalently within 0.01‰ 
(Hayes 1982): 𝑞!"# = 𝑞!" + 𝑞!  (Eqn. 5) 𝛿!"#𝑞!"# = 𝛿!"𝑞!" + 𝛿!𝑞!    (Eqn. 6) 
Substituting one of these mass balance equations into the other yields an equation for the 
observed isotopic composition of water vapor of: 𝛿!"! = !!"!!"# 𝛿!" − 𝛿! + 𝛿!   (Eqn. 7) 
Therefore, an air mass that has undergone mixing will have an observed isotopic composition 
proportional to 1/q, and trace a hyperbolic shape in q-δ space. This equation can be rearranged to 
yield an equivalent linear form where mixing can be identified by a linear relationship between 
qδ and q: 𝛿!"#𝑞!"# = 𝛿! 𝑞!"# − 𝑞!" + 𝛿!"𝑞!"  (Eqn. 8) 
This model is analogous to the Keeling plots used to discriminate sources and sinks of CO2 to the 
atmosphere [Keeling, 1958; 1961; Miller and Tans, 2003; Pataki et al., 2003], and has been 
previously extended to atmospheric water vapor to investigate mixing of atmospheric air masses 
[Gedzelman, 1988; Dessler and Sherwood, 2003; Galewsky and Hurley, 2010; Noone et al., 
2011] and to constrain surface fluxes from natural [He and Smith, 1999; Noone et al., 2013] and 
agricultural ecosystems [Brunel et al., 1992; Welp et al., 2008].  
We applied each of these isotope models to the isotopic and meteorological time series 
collected at the Camp Davis field station by calculating moving correlations between δD or δ18O 
and q, ln(q), and qδ. Each correlation was calculated over a 96-point moving window, 
corresponding to 24 hours of data. We divided the data into three classes: (1) periods dominated 
by air-mass mixing, (2) periods dominated by condensation processes, and (3) periods dominated 
by neither process. A process was considered “dominant” when the coefficient of determination 
(e.g., r2) was greater than both 0.8 and greater than the r2 for alternate process models [after 
Noone et al., 2011]. We assumed no process was dominant when the r2 was less than 0.8 for all 
process models. 
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4.4.5 Atmospheric back trajectory modeling 
Ten-day atmospheric back trajectories were calculated to investigate large-scale changes 
in moisture advection to NW Wyoming. We used the HYbrid coordinate Single Parcel 
Lagrangian Integrated Trajectory model (HYSPLIT, [Draxler and Hess, 1998]) to calculate 
back-trajectories from NCEP/NCAR reanalysis derived wind fields [Kalnay et al., 1996]. 
Trajectories were initiated from five locations (the lat/lon coordinates of Camp Davis, and points 
displaced 0.25° in each cardinal direction) at 250, 500, and 1000 m above the ground surface, 
resulting in 15 trajectories calculated at each time. Trajectories were initiated every six hours 
during the measurement periods. Characteristic air source regions were identified for each 
season. Four source regions were identified from visual inspection of the trajectories through 
time for the summer 2012 and winter 2013 measurement periods, while two were identified from 
the summer 2014 data. As 15 trajectories were calculated for each specific time, individual time 
windows often exhibited advection from more than one characteristic pathway. For analysis 
purposes, the source region for these points was assigned based on which pathway the majority 
of trajectories followed. Finally, trajectories that did not follow any of these characteristic 
regions were excluded from this analysis; this occurred commonly when advection was changing 
from one region to another. After all of the time windows had been assigned to a region or 
excluded, back trajectory locations were binned on a 0.75° horizontal grid to determine how 
frequently air parcels within that group passed through specific locations [as in Fiorella et al., 
2015]. 
 Isotope and meteorological fields were extracted over the time periods corresponding to 
each air trajectory region and treated as clusters to determine if distinct patterns were observable 
locally at the CDFS. Mean cluster q and δ18O values were determined in addition to the range 
corresponding to the 95% confidence interval (e.g., the 2.5-97.5 percentiles). We calculated the 
silhouette width, a measure of how close a given data point is to the centroid of its cluster 
relative to the centroid of the other clusters [Rousseeuw, 1987], for each point within each cluster 
to assess how distinct each cluster was. A positive silhouette width indicates a data point is 
closer to the centroid of its own cluster than to the centroid of any other cluster, indicating that 
regional characteristics are borne out in the data. In contrast, a negative silhouette width indicates 
a data point is closer to the centroid of a different cluster than to the centroid of its assigned 
cluster, indicating that the region assignments poorly describe the structure of the data. 
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4.4.6 Time series analysis 
Isotopic and meteorological time series exhibited variability on a range of temporal 
scales. The Pearson correlation coefficient was calculated between pairs of time series of isotopic 
and meteorological variables; p-values were provided only when greater than 0.05. The most 
prominent high-frequency variability has a period of one day, and reflects the diurnal cycle. We 
applied a moving-average filter with a span of one day to isolate the lower frequency (e.g., 
seasonal and synoptic) variability from the diurnal cycle. In order to apply the moving-average 
filter across the full time series and avoid large, non-physical responses around gaps in the data, 
missing data were imputed using a simple linear interpolation between the last non-missing data 
points. After the filter was applied, the imputed data was once again set as missing and removed 
from subsequent analysis. The mean diurnal cycle is then calculated as the mean residual for 
each time window between the observed time series and the filtered time series. Where the 
deviation from the 24-hour running mean is used in the results, a capital delta (∆) is used to 
distinguish these quantities from measured isotopic compositions, δ. When characterizing the 
summer diurnal cycle, we exclude days where at least 1.0 mm of rainfall was recorded at the 
meteorological station, corresponding to 19 and 4 days in summer 2012 and summer 2014, 
respectively. Precipitation results in large, rapid changes in humidity and isotopic composition 
that are unrelated to the underlying diurnal fluxes [e.g., Berkelhammer et al., 2013]. Lacking 
estimates of winter precipitation amounts, all 23 winter days during our observation period are 
included in the diurnal cycle composites. 
4.4.7 Transpiration estimates 
We estimated the stand-level transpiration flux by measuring sap flux in dominant local 
tree species. Sap flux was monitored via Granier-style [1987] thermal dissipation probes from 27 
June-16 July 2014 in the three most abundant species at the site, trembling aspen (n=15), 
lodgepole pine (n=14), and Douglas fir (n = 7). Trees were selected to capture a variety of sizes 
and canopy positions (Table 4.2). Tree height, diameter at breast height (DBH), and projected 
crown area were measured for each instrumented individual. Two 20 mm long probes were 
inserted one above the other into the sapwood at breast height, and the upper probe was 
continuously supplied with heating power. Sap flux is proportional to the voltage difference 
measured between thermocouples located in the two probes. Voltage differences were monitored 
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and recorded every minute and averaged to half hourly time steps. The Clearwater et al. [1999] 
correction was applied to all data for trees where sapwood depth was less than 2 cm, to correct 
for biases due to sensor penetration into heartwood. A baseline procedure was used to convert 
raw data to sap flow with respect to the maximal nocturnal temperature for each sensor to 
account for variation between sensors. Maximum temperature baselines were developed for 
times when the two-hour average VPD was below 0.5 kPa to allow for nightly recharge flow 
[Oishi et al., 2008]. Processed data were converted to sap flux density (gH2O m-2sapwood s-1) 
following the equations presented in Granier [1987].  
Sap flux density was converted to sap flow (g s-1) by multiplying sap flux density by the 
sapwood area of the individual tree. Sapwood depth was determined through the use of species-
specific allometric equations relating sapwood area and diameter at breast height. These 
relationships were developed from a staining assay using 2% tetrazolium chloride to distinguish 
hydroactive xylem following Bovard et al. [2005]. Cores were harvested at breast height from 20 
trembling aspen, 11 lodgepole pine, and 9 Douglas fir that were not instrumented with sap flow 
sensors, but were representative of the entire range of stem diameters present in the sap flux 
group. Sapwood area, As, was then calculated using Equation 9 in conjunction with empirically-
determined species-specific fit parameters (β1, β2, β3, Table 4.3):  𝐴! = 𝛽! + 𝛽!(𝐷𝐵𝐻)!!   (Eqn. 9) 
We converted our sap flux measurements into a stand-level transpiration estimate by weighting 
each the mean sap flux of each species by its stand basal area fraction. Censuses of DBH and 
species composition were conducted in three separate forested areas representing various aspects 
and elevation. The surveyed areas covered 6,011 m2 and encompassed 144 individuals of 
diameter > 4 cm. On the basis of census data, tree-level sap flux was statistically scaled to the 
plot level following Matheny et al. [2014]. In brief, the method assumes that trees of similar 
species and size (e.g., DBH) will transpire similarly. Thus, the sap flux for each individual of a 
species-size class is assumed to equal the mean of the measured sap flux for that same species-
size class. Finally, sap flux often lags transpiration, as some transpiration must occur to generate 
the hydraulic gradient within the tree that causes water to flow up the xylem [Granier and 
Loustau, 1994]. The length of the time lag between transpiration and sap flux typically ranges 
between 0.5-2 hours [Granier and Loustau, 1994]. We analyze the cross-correlation between sap 
flux and incident solar irradiance (W m-2) at the CDFS to estimate this time lag. The highest 
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correlation between these two time series occurs when sap flux lags solar irradiance by one hour. 
Therefore, we account for this lag when discussing net transpiration fluxes by shifting the sap 
flux time series accordingly. 
 
Table 4.2. Tree size data for sap flux trees are presented as mean ± standard deviation. Crown area was 
approximated as an ellipse using measured ground projections of the perpendicular major and minor diameters for 
each crown. Leaf area index (LAI) was not measured as a part of this study; references for species-specific LAI data 
are provided.  
Control n DBH (cm) Height (m) 
Crown area 
(m2) LAI (m2/m2) 
T. aspen 15 18.9 ± 5.5 21.0 ± 7.3 14.5 ± 5.8 1.4 [Hogg and Hurdle, 1997] 
L. pine 14 23.4 ± 7.5 27.0 ± 7.1 23.4 ± 22.2 3.4 [Sampson and Allen, 1995] 
D. fir 7 27.8 ± 13.2 25.9 ± 11.1 33.9 ± 21.3 6.9 [Phillips et al., 2002] 
 
 
Table 4.3. Species-specific variables to determine sapwood area (cm2) from diameter at breast height (cm) 
(equation 9)  
Species n β1 β2 β3 R2 
T. aspen 20 0 1.37 1.7207 0.94 
L. pine 11 0 0.77 1.9025 0.93 
D. fir 9 -233.5 22.4 1 0.94 
 
4.4.8 Diurnal processes and relationship to diurnal isotopic cycle 
Based on the theoretical framework outlined in section 4.3, an isotopic box model is used 
to estimate the magnitude and timing of these individual flux components throughout the diurnal 
cycle.  The observed specific humidity represents the background specific humidity plus the sum 
of all of the humidity fluxes: 𝑞!"# 𝑡 =  𝑞!" 𝑡 +  𝑞!"#"$% 𝑡 + 𝑞!"#$%&'"#!'($ 𝑡 + 𝑞!"# 𝑡 + 𝑞!"#$%&#'(%) 𝑡    (Eqn. 10) 
Based on the semi-arid location of the CDFS and dry soil conditions during the summer, we 
assume that qevaporation is negligible. Further, we assume that qdew is also negligible. We did not 
measure leaf wetness, but if we estimate dew formation as likely when nocturnal 2-m RH 
exceeds 90%, this only occurs on 22% (17 of 75) of rain-free summer days. If this mass balance 
equation is applied to the isolated diurnal cycles, qbg(t) reduces to zero, and the mass balance 
equation can be expressed in simplified form for the diurnal cycle based on the above 
assumptions: 
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∆𝑞!"# =  ∆𝑞!"#"$% + ∆𝑞!"#$%&'"#!'($   (Eqn. 11) 
Following the same procedure as in section 2.4, an isotopic version of this mass balance equation 
can be written: (∆!"#)∆𝑞!"# =  (∆!"#"$%)∆𝑞!"#"$% + (∆!"#$%&'"#!'($)∆𝑞!"#$%&'"#!'($ (Eqn. 12) 
where ∆ indicates that we are considering the departures from the 24 hour moving average. ∆obs 
and qobs are directly measured by the CRDS, while the remaining parameters must be inferred. 
We estimate ∆qtranspiration by developing a linear transfer function using early morning ∆qobs and 
our sap flux-based estimates of transpiration from summer 2014. Calibrating this relationship 
using data in the early morning is advantageous because atmospheric mixing is at a minimum 
while the valley is capped by a thermal inversion. Additionally, we exclude days where the 
nighttime maximum 2-m RH exceeded 90% to reduce the influence of dew on our calibration. 
Seven mornings from the summer 2014 observation period remained to train the linear 
regression model after excluding days with more than 1.0 mm precipitation and a maximum 2-m 
RH value exceeding 90%. From each of these seven days, we extracted the two-hour period that 
had the greatest correlation between the transpiration flux and observed specific humidity rise 
observed between 6 am and 10 am. We then fit a linear mixed model constrained to pass through 
the origin to estimate the multiplicative factor to translate our composite transpiration estimates 
into a specific humidity change. The best-fit linear mixed model yields a transfer function 
between our transpiration flux estimates and its effect on specific humidity: ∆𝑞!"#$%&'"#!'($ = (0.0318± 0.0040)Tr  (Eqn. 13) 
where Tr represents the transpiration estimate taken from time-adjusted sap flux estimates 
(W/m2). The mean diurnal cycle of ∆qtranspiration was determined by averaging across all of the 
days with less than 1.0 mm of rain. The magnitude of the mixing flux is then calculated as the 
residual between the observed ∆q and ∆qtranspiration. Estimates of the isotopic composition of the 
transpiration fluxes are made using equation 12 and holding either ∆transpiration or ∆mixing constant. 
4.5 Results 
4.5.1 General features of the isotopic datasets  
Isotopic compositions of near-surface vapor and temperature, RH, and q at the CDFS are 
shown for summer 2012, winter 2013, and summer 2014, respectively (Figures 4.2-4.4). The 
isotopic and meteorological time series show variability across a broad range of timescales from 
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diurnal (high frequency) to multiple days to weeks (low frequency). Isotopic compositions are 
generally lower during the winter period than during the summer, consistent with the colder 
temperatures and lower q values observed during winter. Vapor isotopic compositions range 
from −30.3 ‰ (−231.0 ‰) to −9.6 ‰ (−82.4 ‰) for δ18O (δD) in summer 2012, −24.2 ‰ 
(−199.6 ‰) to −14.6 ‰ (−130.3 ‰) in summer 2014, and −42.6 ‰ (−326.3 ‰) to −25.8 ‰ 
(−193.5 ‰) in winter 2013 (Table 4.4). Both mean isotopic compositions and meteorological 
variables are similar for the two summer periods sampled.  
 
Table 4.4. Measurement period mean isotopic compositions and meteorological conditions 
Measurement 
Period 
Mean δ18O 
(‰ 
VSMOW) 
Mean δD 
(‰ 
VSMOW) 
mean d-
excess (‰ 
VSMOW) 
mean 2-m q 
(g/kg) 
mean 2-m 
temperature 
(°C) 
Total 
precipitation 
(mm) 
June 12-
September 2, 
2012 
-19.9 -157.2 1.8 6.7 17.4 42.3 
January 12-
February 4, 2013 
-35.4 -268.3 14.8 1.9 -10.3 
N/A – bucket 
not heated 
June 30-July 16, 
2014 
-20.2 -165.5 -3.9 7.5 17.2 16.2 
 
 Oxygen and hydrogen isotope ratios in water vapor correlate (e.g., |r| > 0.5) with 2- and 
10-m q and dew point temperature during both seasons (Table 4.5). Correlations between 
isotopic composition and other meteorological variables exhibit a more complicated structure. 
Winter vapor δ18O and δD strongly correlate with 2- and 10-m temperature (r > 0.7) (Table 4.5). 
Summer vapor δ18O (2012 and 2014) and summer 2012 vapor δD are not correlated with 2- and 
10-m temperature (|r| < 0.2), but 2014 summer vapor δD is (Table 4.5). Summer vapor δ18O is 
correlated with 2- and 10-m RH, but both δ18O and δD are uncorrelated with RH during the 
winter. In contrast to δ18O and δD, vapor d-excess is most strongly correlated with summer 2- 
and 10-m temperature (r = 0.755 and 0.714 respectively) and summer 2- and 10-m RH (r = 
−0.590 and −0.492 respectively). During the winter, vapor d-excess is uncorrelated with 
temperature, but is weakly correlated with 2- and 10-m RH (r = −0.328 and −0.363 respectively). 
Furthermore, q and dew point temperature, which are highly correlated with δ18O and δD, are 
uncorrelated with d-excess.  
Seasonal differences in the relationship between δ18O and δD are also apparent (Figure 
4.5). The summer data occupy a broad region at less negative isotopic compositions, with the 
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majority of the data points plotting below the global meteoric water line (GMWL). Data from 
summer 2012 and summer 2014 plot in similar isotopic space, though the range of compositions 
observed in summer 2014 is much smaller than in 2012, which is likely the result of the shorter 
measurement period. In contrast, the winter data occupy a narrow band close to the GMWL, with 
most of the points above the line. 
 
Table 4.5. Correlations between isotopic composition and meteorological variables1 
Correlations Summer 2012 Winter 2013 Summer 2014 All Summer 
data 
Summer data 
overlapping 
2 m q, δ18O 0.830 0.783 0.636 0.770 0.619 
2 m q, δD 0.800 0.801 0.568 0.715 0.519 
2 m q, d-excess 0.088 -0.210 -0.014 (p = 0.65) 0.031 -0.104 
2 m RH, δ18O 0.507 0.077 0.404 0.475 0.396 
2 m RH, δD 0.237 0.043 (p = 0.06) -0.247 0.167 -0.026 (p = 
0.21) 
2 m RH, d-excess -0.553 -0.328 -0.726 -0.590 -0.724 
2 m T, δ18O -0.063 0.779 -0.130 -0.069 -0.157 
2 m T, δD 0.259 0.809 0.551 0.277 0.288 
2 m T, d-excess 0.767 -0.103 0.788 0.755 0.798 
2 m Td, δ18O 0.839 0.809 0.633 0.782 0.639 
2 m Td, δD 0.792 0.832 0.561 0.711 0.523 
2 m Td, d-excess 0.050 -0.181 -0.023 (p = 0.45) -0.003 (p = 
0.84) 
-0.130 
10 m q, δ18O 0.834 0.794 0.647 0.779 0.644 
10 m q, δD 0.808 0.810 0.543 0.726 0.532 
10 m q, d-excess 0.010 -0.226 -0.059 (p > 0.05) 0.036 -0.123 
10 m RH, δ18O 0.542 0.052 0.376 0.504 0.411 
10 m RH, δD 0.311 0.012 (p = 0.59) -0.192 0.237 0.035 (p = 0.09) 
10 m RH, d-excess -0.452 -0.363 -0.631 -0.492 -0.639 
10 m T, δ18O -0.067 0.775 -0.097 -0.069 -0.155 
10 m T, δD 0.238 0.807 0.543 0.258 0.272 
10 m T, d-excess 0.725 -0.088 0.744 0.714 0.765 
δ18O, δD 0.908 0.995 0.610 0.891 0.843 
δ18O, d-excess -0.055 -0.504 -0.361 -0.073 -0.161 
δD, d-excess 0.368 -0.414 0.520 0.387 0.395 
1: p-values shown only when greater than 0.05. 
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Figure 4.2. Time series of summer 2012 isotopic and meteorological data (DOY 164-246). (a) Specific humidity, q 
(2-m, g/kg), (b) δ18O (black) and δD (red) (‰ VSMOW), (c) d-excess (‰ VSMOW), (d) temperature (2-m, °C), (e) 
relative humidity (2-m, %), and (f) precipitation amount (mm). 
  
170 180 190 200 210 220 230 240
4
8
12
16
170 180 190 200 210 220 230 240
-32
-24
-16
-8
-240
-170
-100
-30
170 180 190 200 210 220 230 240
-20
0
20
170 180 190 200 210 220 230 240
0
10
20
30
170 180 190 200 210 220 230 240
0
50
100
170 180 190 200 210 220 230 240
0
2
4
6
2-
m
 q
(g
/k
g)
d-
ex
ce
ss
(‰
)
2-
m
 T
(°C
)
2-
m
 R
H
(%
)
Pr
ec
ip
ita
tio
n
(m
m
)
δ1
8O
(‰
)
δD (‰
)
(a)
(b)
(c)
(d)
(e)
(f)
Day of Year (DOY 2012)
June 12 July 1 July 15 August 1 August 15 September 2
Calendar Day
 
 
167 
 
 
 
 
 
 
Figure 4.3. Time series of winter 2013 isotopic and meteorological data (DOY 10-35). (a) Specific humidity, q (2-m, 
g/kg), (b) δ18O (solid black) and δD (dashed blue) (‰ VSMOW), (c) d-excess (‰ VSMOW), (d) temperature (2-m, 
°C), and (e) relative humidity (2-m, %). Camp Davis precipitation data not available during the winter as the 
precipitation gauge was unheated. 
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Figure 4.4. Time series of summer 2014 isotopic and meteorological data (DOY 181-197). (a) Specific humidity, q 
(2-m, g/kg), (b) δ18O (black) and δD (red) (‰, VSMOW), (c) d-excess (‰ VSMOW), (d) temperature (2-m, °C), (e) 
relative humidity (2-m, %), and (f) precipitation amount (mm). 
  
182 184 186 188 190 192 194 196
4
8
12
16
182 184 186 188 190 192 194 196
-32
-24
-16
-8
-240
-180
-120
-60
182 184 186 188 190 192 194 196
-20
0
20
182 184 186 188 190 192 194 196
0
10
20
30
182 184 186 188 190 192 194 196
0
50
100
182 184 186 188 190 192 194 196
0
2
4
6
2-
m
 q
(g
/k
g)
d-
ex
ce
ss
(‰
)
2-
m
 T
(°C
)
2-
m
 R
H
(g
/k
g)
Pr
ec
ip
ita
tio
n
(m
m
)
δ1
8O
(‰
)
δD (‰
)
Day of Year (DOY 2014)
(a)
(b)
(c)
(d)
(e)
(f )
June 30 July 10 July 17
Calendar Day
 
 
169 
 
 
Figure 4.5. The δD vs δ18O relationship at CDFS. Summer 2012, winter 2013, and summer 2014 data are shown as 
green, purple, and orange dots respectively. The global meteoric water line (GMWL) suggested by Dansgaard 
[1964] is shown a solid black line. Data from winter 2013 plot in a narrow envelope surrounding the GMWL, while 
the summer data exhibits a much larger range of variability about the GMWL. 
4.5.2 Seasonal relationships between specific humidity and isotopic composition 
Clear seasonal contrasts emerge in the relationship between δ18O (Figure 4.6a,c) or δD 
(Figure 4.6b,d) and q for all three of our measurement periods. The isotopic composition of an 
air-mass is modeled with two initial moisture source conditions typical of the northern (10°C, 
85% RH, blue lines) and subtropical Pacific ocean (20°C, 85% RH, red lines) [after Noone, 
2012]. Predictions are made for both open-system or Rayleigh condensation (solid lines) and 
closed-system condensation (dashed lines). These conditions broadly reflect the range of summer 
oceanic moisture sources to the Rocky Mountains and are provided primarily for reference. 
Near-surface air during the summer (Figure 4.5, 2012 – green dots, 2014 – orange dots) is 
moister and is less depleted in heavy isotopes than near-surface air during the winter (Figure 4.5, 
2013 – blue dots). For both seasons, no single condensation pathway can explain the q-δ 
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distributions (Figure 4.6). Values that fall between two different condensation lines may result 
from upwind mixing of two distinct air-masses, or from precipitation processes that lie between 
open and closed end members. In contrast, many observations exhibit isotopic compositions too 
depleted or too moist to be explained by a 20°C, 85% RH ocean vapor source undergoing open-
system condensation, and plot below the warm source Rayleigh line (Figure 4.6, Table 4.6). 
These observations are best explained by either a yet warmer ocean source or vapor recycling 
over the continent. Back trajectory analysis does suggest air transport from the Gulf of Mexico 
on rare occasions (see section 3.4), but not frequently enough to explain the fraction of moist but 
highly depleted observations. Local or upwind partial evaporation of falling raindrops and 
evapotranspiration can preferentially return light water isotopologues to the atmosphere, causing 
isotopic compositions to be lower than predicted from Rayleigh condensation. For example, 
analysis of North American Regional Reanalysis data suggests that ~15-25% of the vapor 
associated with the North American Monsoon is recycled [Dominguez et al., 2008]. A greater 
fraction of observations from summer 2014 (85%) than 2012 (45.6%) fall below the 20°C open 
condensation line (Table 4.6, Figure 4.6). This relationship is most likely due to stronger 
continental recycling during the 2014 observational period than in 2012. 
 Winter q-δ relationships demonstrate similar features as summer. Water vapor in winter 
air exhibits q values too moist and too dry and isotopic compositions above and below the 
Rayleigh prediction lines for both modeled ocean sources (Table 4.6). As during the summer, 
data with isotopic compositions above Rayleigh predictions are best explained by partially closed 
precipitation processes where not all of the condensed vapor is removed from the cloud, or by 
mixing with a dry, isotopically light air mass. 
 A second layer of information about the long-term processes influencing local isotopic 
variability can be recovered from a moving correlation analysis of q relative to δ [He and Smith, 
1999; Noone et al., 2011]. Using a 96-point window corresponding to one day of data, mixing of 
multiple water sources is identified as the dominant process affecting the isotopic composition of 
near-surface water vapor for nearly the entire observational period (>90%, Table 4.7). In 
contrast, open or closed system condensation models provide the best explanation for no more 
than 6% of the data. The periods where condensation processes are the best model, or where no 
model provides the best explanation, are closely associated with precipitation events. 
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Table 4.6. Relationship between isotopic composition and predicted Rayleigh values 
 Too moist for source Too depleted for source Too enriched for source 
Summer 2012 – 20ºC 
source 0.7% 45.6% 53.7% 
Summer 2012 – 10ºC 
source 41.5% 54.3% 4.3% 
Winter 2013 – 20ºC 
source 0% 23.8% 76.2% 
Winter 2013 – 10ºC 
source 0% 52.5% 47.5% 
Summer 2014 – 20ºC 
source 2.1% 85.0% 12.8% 
Summer 2014 – 10ºC 
source 68.6% 31.2% 0.2% 
 
Table 4.7. Atmospheric process breakdown  
 Measurement Period 
δD Summer 2012 Winter 2013 Summer 2014 
Air Mass Mixing 92.2% 97.4% 96.7% 
Condensation 
(open/Rayleigh or closed) 
5.1% 0% 0% 
Neither process dominant 2.2% 2.6% 3.3% 
δ18O Summer 2012 Winter 2013 Summer 2014 
Air Mass Mixing 89.2% 97.3% 98.2% 
Condensation 
(open/Rayleigh or closed) 
6.9% 0% <0.1% 
Neither process dominant 3.6% 2.7% 1.6% 
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Figure 4.6. Scatterplots of specific humidity (q, g/kg) vs δ18O (a,b) and the product of vapor pressure and isotopic 
composition (qδ18O) vs δ18O (c,d). The left (right) column emphasizes the summer (winter) data by reducing the 
transparency of the other season. Summer 2012 (2014) data are shown as green (orange) dots, and winter 2013 
data as blue dots. Modeled isotopic compositions as water vapor is condensed from an air parcel based on open 
(solid lines) or closed system (dashed lines) behavior as water vapor is removed from an air parcel. Initial 
conditions are calculated assuming 85% relative humidity and temperatures of 20°C (red) or 10°C (purple), and 
isotopic compositions of 0‰ VSMOW at the initial oceanic evaporation source. 
4.5.3 High-frequency variability and the diurnal cycle 
4.5.3.1 Seasonal changes in the diurnal cycle 
We isolated diurnal scale variability as the residual between the measured data series and 
the 24-hour-filtered time series. Clear but distinct diurnal cycles emerge in both summer and 
winter datasets. In summer 2012, q increases between sunrise and 10 am, decreases from 10 am 
to 2 pm, remains steady between 2 pm and ~5 pm, increases rapidly at 6 pm, and then decreases 
slowly over night (Figure 4.7a). The morning increase in ∆q is associated with large (10-30‰) 
increases in ∆D and ∆d-excess and with little change in ∆18O (< 1‰) (Figure 4.7b-d). As ∆q 
begins to decrease after 10 am, ∆18O begins to decrease along with ∆D, while d-excess continues 
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to increase. At 2 pm, when ∆q stabilizes, ∆18O, ∆D, and ∆d-excess also stabilize. After 5 pm 
until ~8 pm, ∆q and ∆18O increase rapidly, but ∆D remains fairly constant, driving a rapid 
decrease in ∆d-excess. Strong daily cycles are also present in temperature, RH, vapor pressure 
deficit (VPD), and 10-m wind speed (Figure 4.7e-h). Daily temperature varies by ~20°C (Figure 
4.7e). RH varies inversely with temperature and by up to 90%, with minimum values between 
noon and 6 pm, and maximum values just before dawn (Figure 4.7f). As a result of these 
temperature and RH patterns, VPD reaches a maximum value of > 3 kPa on average during the 
afternoon (~1 pm to 5 pm) before dropping rapidly after sunset (Figure 4.7g). Finally, wind 
speeds tend to be low (< 1 m s-1) at night, rise gradually between sunrise and ~3 pm, and then 
decrease rapidly after sunset (Figure 4.7h). Nights with high wind speeds are associated with 
frontal systems and often preceded or lagged large precipitation events by several hours to a day.  
Patterns for summer 2014 are qualitatively similar to summer 2012 (Figure 4.8). The 
2014 dataset only includes 12 days, while the 2012 dataset includes 63. As a result, slight 
changes in the timing of the development and decay of the boundary layer introduce high-
frequency features into the mean diurnal cycle that would disappear by averaging over a longer 
measurement period (e.g., dusk in Figure 4.8b). 
The diurnal cycle in winter is far simpler than in the summer. Specific humidity rises in 
the morning and decreases in the afternoon and overnight (Figure 4.9a), with a diurnal amplitude 
that is only ~30% of the summer amplitude. In contrast to the summer, both ∆18O and ∆D tend to 
track ∆q (Figure 4.9bc), and as a result, the ∆d-excess cycle is much smaller (< 5‰, Figure 
4.9d). Diurnal amplitudes in temperature, RH, and VPD are also smaller than their summer 
counterparts (Figure 4.9efg). Mean afternoon VPD is less than 7% of its summer value. Finally, 
the diurnal cycle in 10-m wind speeds is muted during the winter, likely due to a more permanent 
inversion in the valley during the winter than during the summer.  
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Figure 4.7. Summer 2012 diurnal cycles of (a) 2-m specific humidity, ∆q (g/kg), (b) ∆18O (‰ VSMOW), (c) ∆D (‰ 
VSMOW), (d) ∆d-excess (‰ VSMOW), (e) 2-m temperature (∆T, °C), (f) 2-m relative humidity (∆RH, %), (g) 2-m 
vapor pressure deficit (kPa), and (h) 10-m wind speed (m/s). Data in (a)-(f) are residuals from the 24-h moving 
average, while (g) and (h) are the measured values. The solid red line is the multiday mean diurnal cycle. 
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Figure 4.8. Summer 2014 diurnal cycles of (a) 2-m specific humidity, ∆q (g/kg), (b) ∆18O (‰ VSMOW), (c) ∆D (‰ 
VSMOW), (d) ∆d-excess (‰ VSMOW), (e) 2-m temperature (∆T, °C), (f) 2-m relative humidity (∆RH, %), (g) 2-m 
vapor pressure deficit (kPa), and (h) 10-m wind speed (m/s). Data in (a)-(f) are residuals from the 24-h moving 
average, while (g) and (h) are the measured values. The solid red line is the multiday mean diurnal cycle. 
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Figure 4.9. Winter 2013 diurnal cycles of (a) specific humidity, ∆q (g/kg), (b) ∆18O (‰ VSMOW), (c) ∆D (‰ 
VSMOW), (d) ∆d-excess (‰ VSMOW), (e) 2-m temperature (∆T, °C), (f) 2-m relative humidity (∆RH, %), (g) 2-m 
vapor pressure deficit (kPa), and (h) 10-m wind speed (m/s). Data in (a)-(f) are residuals from the 24-h moving 
average, while (g) and (h) are the measured values. The solid blue line is the multiday mean diurnal cycle. 
4.5.3.2 Integrating sap flux with isotope measurements to understand summer diurnal water 
cycling 
Estimates of the transpiration flux combined with specific humidity measurements 
provide an approximation of the magnitude and timing of the transpiration water flux into the 
near-surface layer, as well as its export from the near-surface layer by atmospheric mixing. 
Transpiration fluxes are a source of near-surface humidity throughout the day and decrease to 
near zero at night (Figure 4.10). Mixing, calculated as the residual of the specific humidity and 
transpiration, removes near-surface humidity from the surface throughout the day, only acting as 
a source of humidity around and immediately after dusk (Figure 4.10).  
Lacking additional constraints on the isotopic composition of either flux, the isotopic 
composition of the mixing flux required to balance a range of transpiration isotopic fluxes can be 
calculated from mass-balance (equation 12). For simplicity, four cases are considered here where 
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either the mixing or the transpiration flux is assumed to be isotopically invariant with respect to 
∆18O throughout the day, and positive or negative (Figure 4.11). If the isotopically fixed flux is 
negative, the isoforcing (i.e., the product of the humidity and isotopic fluxes) by mixing is 
positive throughout the day, while the isoforcing by transpiration is negative (Figure 4.11a-b). 
Though the signs of the isoforcing differ during the day, the isotopic compositions of the 
transpiration and mixing fluxes are both negative during the day, but the flux allowed to vary 
becomes positive overnight (Figure 4.11c-d). If the isotopically fixed flux is positive instead, the 
opposite trends hold (Figure 4.11e-h). In cases where ∆18Otranspiration is held constant, the sign of 
the isoforcing of each flux does not change throughout the day (Figure 4.11a,e), and the 
magnitude of the daytime ∆18Omixing forcing reaches a maximum in late morning before decaying 
throughout the afternoon until near sunset (Figure 4.11c,g). At sunset, the inferred ∆18Omixing 
appears to change rapidly as ∆qmixing approaches zero. In contrast, when ∆18Omixing is held 
constant, the sign of the isoforcing for both fluxes changes at dusk (Figure 4.11b,f), and the 
inferred isotopic magnitude of the transpiration flux increases throughout the day, reaching a 
maximum in late afternoon, and changes sign into the evening (Figure 4.11d,h). 
 
 
Figure 4.10. Observed diurnal cycle of ∆q and inferred components. Observed ∆q was smoothed with a 5 point 
moving average filter to reduce high frequency variability. Inferred ∆qtranspiration was calculated using equation 14. 
Inferred ∆qmixing was estimated as the residual between ∆qtranspiration and the observed ∆q.  
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Figure 4.11. Isoforcing and isotopic compositions required to match observations if one of the component fluxes is 
assumed to be isotopically invariant. The top row (a-d) fixes one of the isotopic fluxes at -5‰, while the bottom row 
(e-h) fixes the isotopic fluxes at +5‰. The left two columns are the required isoforcings (∆q∆18O) to match the 
observed isoforcing for a fixed ∆18OT (first column) or a fixed ∆18OM (second column). The right two columns 
calculate the isotopic composition of the variable flux required to balance a fixed ∆18OT (third column) or a fixed 
∆18OM (fourth column). Observed values are shown as thick, solid blue lines, inferred transpiration values as thin, 
solid green lines, and inferred mixing values as thin, dashed red lines. 
4.5.4 Relationships between weather patterns and low-frequency isotopic and meteorological 
variability 
We isolate the low-frequency isotopic and meteorological variability from our time series 
by applying a 24-hour moving average filter to remove the diurnal cycle (Figure 4.12). Both 
summer and winter data show evidence of synoptic changes reflected in specific humidity and 
isotopic composition. To first order, these changes in low-frequency isotopic compositions 
reflect changes in moisture transport to NW Wyoming.  
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Back trajectories during summer 2012 fall into four broad groups. Two of these groups 
brought air parcels from north of the CDFS, either up the Snake-Columbia River valleys (SCR, 
Figure 4.13a) or from Canada, typically east of the Coast Ranges in British Columbia (CAN, 
Figure 4.13b). The other two trajectories transport air parcels from the south from the North 
American Monsoon region and are Pacific-derived (NAM, Figure 4.13c) or from the central US, 
ultimately from the Gulfs of California and Mexico (CUS, Figure 4.13d). Northerly air parcels 
tend to be drier and more depleted in heavy isotopes than air parcels of southern origin (Table 
4.8, Figure 4.13e). Moist air parcels arriving from the south were associated with 69% of 
summer precipitation during the summer despite comprising only 41% of the trajectories, 
indicating that large-scale moisture convergence is important in triggering precipitation events 
(Table 4.8, Figure 4.13e). However, the mean silhouette width was negative for summer 2012 
clusters (Table 4.8), consistent with the substantial overlap observed between clusters in a plot of 
q and δ18O (Figure 4.13e, Table 4.8). The distributions of observed d-excess during these periods 
are quite similar for all four trajectory clusters, suggesting that the d-excess of the original 
moisture source has been overprinted by continental recycling and mixing (Figure 4.13f). As a 
result, the d-excess of near-surface vapor likely no longer represents the oceanic moisture source, 
but instead, represents a mixture of the d-excess of oceanic and terrestrial moisture sources 
[Welp et al., 2012; Aemisegger et al., 2014]. 
Back trajectories during summer 2014 fall into two distinct clusters (Figure 4.14a-b, 
Table 4.8). The most common back trajectory pattern (89%) is the SRC pathway observed in 
2012 (Figure 4.14a). A pattern of advection from the southwest (Figure 4.14b), comprised the 
remaining 11% of trajectories and is similar to the NAM pathway observed in 2012. In contrast 
to 2012, the SRC pathway was associated with almost all of the precipitation during the 2014 
observation period (99%), while the NAM pathway contributed almost no rainfall (1%). No 
separation of these trajectory pathways was observed in the relationship between q and δ18O 
(Figure 4.14c), indicating that no evidence of distinct properties resulting from shifts in regional 
air transport are apparent in summer 2014 either.  However, the distribution of observed d-excess 
was skewed toward more negative values for the SRC pathway than the NAM pathway, 
potentially reflecting a stronger influence of evaporated, low d-excess leaf waters on near-
surface humidity (Figure 4.14d). 
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Trajectories during the winter 2013 observation period also split into four distinct regions 
(WT1-4, “winter trajectory”). Air transport for the first ten days of the measurement period was 
from the north and along the Snake River Plain (WT1, Figure 4.15a). Following this period, two 
successive snowstorms occurred at the CDFS. The first was driven by a large low-pressure 
system that moved into NW Wyoming on DOY 23, bringing moist air derived from the North 
Pacific (Figure 4.15b).  At DOY 28, the low-pressure system was cut-off from its oceanic 
moisture source (Figure 4.15c), resulting in drier conditions at CDFS. Finally, at DOY 30, a 
second snowstorm entered the region, with strong air advection from the Pacific over Oregon 
and up the Snake River Plain (Figure 4.15d). In contrast to the summer data, the four trajectory 
pathways identified form unique clusters of q versus δ18O (Figure 4.15e), as indicated by a 
positive mean silhouette width (Table 4.8). The driest periods associated with the lowest isotopic 
composition occur when air advection is from the far north (Figure 4.15a). The two snowstorm 
periods (Figure 4.15b,d) are the most humid, and also show distinct isotopic compositions 
(Figure 4.15e). The period between the two snowstorms (Figure 4.15c) shows a drying trend, 
associated with the removal of an oceanic moisture source as the low moves onto the continent. 
Also in contrast to the summer, the observed distributions of d-excess are all above zero during 
the winter and show some separation between air transport pathways (Figure 4.15f). 
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Table 4.8. Vapor Source Mean Characteristics and Average Silhouette Widths 
SUMMER 
Source Pathway 
(Year) 
Mean δ 18O 
(‰) 
5/95th percentile 
δ18O (‰) 
Mean q (g/kg) 5/95th percentile 
q (g/kg) 
Average 
hours over 
land 
ST1 (2012) -21.44 -26.49/-15.04 5.64 3.07/9.83 126 
ST2 (2012) -21.40 -24.79/-19.42 5.49 3.82/7.10 191 
ST3 (2012) -19.06 -23.20/-14.85 6.85 3.56/10.97 140 
ST4 (2012) -16.78 -18.89/-15.69 7.35 4.73/9.98 235 
ST5 (2014) -20.19 -22.77/-17.51 7.55 4.27/11.02 148 
ST6 (2014) -20.23 -21.82/-17.60 7.18 4.63/9.64 139 
Mean Summer 2012 Silhouette Width (4 clusters) -0.281 
Mean Summer 2014 Silhouette Width (2 clusters) -0.093 
Mean Summer Silhouette Width (both years, 6 
clusters) 
-0.287 
WINTER 
Source Pathway 
(Year) 
Mean δ 18O 
(‰) 
5/95th percentile 
δ18O (‰) 
Mean q (g/kg) 5/95th percentile 
q (g/kg) 
Average 
hours over 
land 
WT1 (2013) -38.29 -41.12/-35.99 1.00 0.44/1.71 132 
WT2 (2013) -34.04 -37.56/-30.73 3.24 1.20/4.48 163 
WT3 (2013) -34.70 -36.87/-32.32 1.77 1.43/2.20 220 
WT4 (2013) -28.49 -30.92/-26.80 2.75 1.65/3.71 72 
Mean Winter 2013 Silhouette Width (4 clusters) 0.299 
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Figure 4.12. Comparison of summer (upper half) and winter (lower half) low-frequency variability. Data in this 
figure are the same as in Figures 1-3, but filtered with a 24-hour moving average. (a,e) Specific humidity, q (g/kg), 
(b,f) δ18O (‰ VSMOW), (c,g) δD (‰ VSMOW), and (d,h) d-excess (‰ VSMOW). 
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Figure 4.13. Back trajectory pathway clusters and isotopic compositions for summer 2012. The four back trajectory 
regions identified are shown in (a)-(d). Contours show the percentage of back trajectories that fall through each 
0.75° grid cell. (e) Relationship of q with δ18O and (f) probability density functions of measured d-excess by 
trajectory cluster. 
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Figure 4.14. Back trajectory pathway clusters and isotopic compositions for summer 2014. The back trajectory 
clusters identified are shown in (a)-(b). Contours show the percentage of back trajectories that fall through each 
0.75° grid cell. (c) Relationship of q with δ18O and (d) probability density functions of measured d-excess by 
trajectory cluster. 
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Figure 4.15. Back trajectory pathway clusters and isotopic compositions for winter 2013. The four back trajectory 
clusters identified, WT1-WT4 are shown in (a)-(d). Contours show the percentage of back trajectories that fall 
through each 0.75° grid cell. (e) Relationship of q with δ18O and (f) probability density functions of measured d-
excess by trajectory cluster.  
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4.6 Discussion 
4.6.1 Low frequency variability in isotopic composition dominated by seasonal patterns of 
moisture transport and synoptic-scale events 
Long-term changes (days to weeks) in the isotopic composition of near-surface vapor are 
associated with seasonal changes in vapor transport to NW Wyoming. Summer air masses source 
predominantly from the Pacific between 25-40°N and the Gulfs of California and Mexico 
(Figures 4.13-4.14), while winter air masses tend to originate in the North Pacific (north of 
40°N) and from continental Canada (Figure 4.15). Conditions in the winter source regions are 
colder, resulting in the arrival of dry, cold air that has already lost most of its vapor content 
upstream, and hence, is highly depleted in heavy isotopes (Figure 4.15). Additionally, local 
conditions at CDFS during winter were very cold, and the average RH during the winter (Figure 
4.3) was significantly higher than during the summer (Figures 4.2, 4.4). In contrast, summer air 
masses originated from warmer regions and were almost always moister than winter air masses 
(Figure 4.5). As a result, summer isotopic compositions tend to be more enriched in heavy 
isotopes than winter isotopic compositions, which matches expectations from changes in large-
scale atmospheric moisture transport across the seasons. 
 Individual weather systems can have a dramatic impact on the isotopic composition of 
near-surface vapor. For example, the first two weeks of winter measurements were dominated by 
a high-pressure system that resulted in dry, clear, and cold conditions. As a result, isotopic 
compositions were at their most negative due to air advection from the dry, cold north combined 
with local conditions that were very cold. For the final week of winter observation, a low-
pressure system brought moisture from the south to the field station, resulting in warmer and 
wetter conditions and higher isotopic compositions. Abrupt changes in summer isotopic 
composition are also observed near precipitation events (e.g., Figures 4.2, 4.4). Large 
precipitation events on DOY 187, 189, 196, and 245 in summer 2012 all resulted in rapid 
increases in specific humidity and isotopic composition (Figures 4.2, 4.4). These cases are 
consistent with subcloud evaporation of precipitation [Lee and Fung, 2007; Risi et al., 2008]. 
The effects of these precipitation fluxes on local humidity and isotopic composition are short 
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lived, however, due to the high evaporative demand during summer in northwestern Wyoming, 
and efficient mixing of near-surface vapor aloft during the daytime. 
Connections to vapor transport pathways are identified in both seasons, but the influence 
of air source is seasonally dependent. Winter data form distinct clusters between isotopic 
composition and humidity. In contrast, more vigorous continental recycling and local 
transpiration fluxes and atmospheric vertical mixing during the summer act to dampen the effect 
of changing air sources by overprinting the initial attributes of the air parcel. This hints that 
source effects may dominate during the winter, but that summer isotopic compositions may have 
significant contributions from both local and remote processes through enhanced continental 
recycling via evapotranspiration and boundary layer exchanges. 
4.6.2 High frequency variability in isotopic composition dominated by diurnal processes 
4.6.2.1 Summer diurnal cycle 
During the summer, the morning increase in humidity is most likely associated with the 
onset of transpiration (Figures 4.7, 4.8), as shown by rapid increases in morning sap flux (Figure 
4.10). Atmospheric entrainment and mixing associated with boundary layer development is 
likely minimal prior to the breakup of the valley-capping inversion. We also note that air mixing 
down from aloft would likely be drier than near-surface air, and thus, we would expect to see a 
decrease in near-surface specific humidity if atmospheric mixing were influencing near-surface 
humidity in the early morning. Furthermore, the weak surface winds in the morning are directed 
up-valley [Whiteman, 1982], transporting air and moisture laterally upslope, and away from the 
valley floor.  
At midday, the surface specific humidity begins to decrease despite transpiration fluxes 
reaching a maximum. This pattern is best explained by the breakup of the valley inversion and 
the onset of strong vertical mixing. Vertical mixing reduces the moisture gradient between the 
humid surface layer and dry air aloft. The midday stabilization of near-surface humidity likely 
reflects the development of equilibrium between vertical mixing and evapotranspiration. Near 
sunset, vertical mixing ceases and the lower atmosphere begins to stratify again. Humidity 
continues to build near the surface as transpiration continues but is no longer removed from the 
near-surface layer by mixing. Near-surface humidity stabilizes overnight, or decreases slightly 
when the dew point is approached. 
 
 
188 
 These diurnal changes in specific humidity coincide with marked changes in vapor 
isotopic composition, consistent with expectations from the interplay between transpiration and 
vertical atmospheric mixing. The morning increase in specific humidity co-occurs with rapid 
increases in ∆D and ∆d-excess, while ∆18O decreases slightly (Figures 4.7, 4.8). Several prior 
studies of near-surface vapor have also observed similar patterns in morning isotopic 
compositions and concluded that boundary layer entrainment of free tropospheric air from aloft 
was the dominant factor contributing to morning isotopic change [Lai et al., 2006; Lee et al., 
2007; Welp et al., 2008]. Based on their site descriptions, these measurements were carried out in 
areas with more homogenous topography and would not have had the delay in atmospheric 
entrainment observed at CDFS. Instead, we interpret this pattern to be consistent with a changing 
isotopic composition of transpired vapor associated with rapid morning changes in temperature 
and RH. Based on the Craig-Gordon evaporation model, fractionation at the leaf evaporation 
sites would increase more with increased temperature and decreased RH for δ18O than δD for 
two reasons. First, the ratio of equilibrium fractionation factors between D/H and 18O/16O 
decreases with increasing temperature, which results in a higher d-excess of vapor in equilibrium 
with leaf water [Simonin et al., 2013b]. Second, decreasing RH increases the degree of kinetic 
fractionation during evaporation and favors the loss of the 16O relative to 18O more than H to D, 
due to the higher diffusivity difference between isotopes of oxygen [Merlivat, 1978; Cappa et 
al., 2003; Luz et al., 2009]. Both of these factors favor an increasing d-excess of transpired vapor 
during the morning. The sensitivity of d-excess to changes in temperature and RH has been 
estimated to be ~ +0.3‰/K and ~ -0.4‰/% RH [Jouzel and Merlivat, 1984; Pfahl and Wernli, 
2009; Benetti et al., 2014]. Further, to maintain plant-level isotope mass balance on longer time 
scales, this implies an isostorage of low d-excess water that must later enter the atmosphere 
through transpiration or equilibration between leaf water and atmospheric water vapor. 
Onset of strong vertical mixing in the late morning is associated with a decrease in δ18O, 
continued increase of d-excess, and constant δD (Figures 4.7, 4.8). The midday and afternoon 
minimum in humidity coincides with daily minimum values δ18O, daily maximum values of d-
excess (Fig. 7-8), and daily maximum values of sap flux (Figure 4.10). As vertical mixing stops 
at dusk and specific humidity rises, δ18O rises again and d-excess decreases rapidly (Fig. 7-8). 
Environmental conditions during the late afternoon and early evening are the opposite of the 
early morning, with rapidly increasing RH and decreasing temperature, both of which would 
 
 
189 
favor a decreasing d-excess of the transpiration flux following the above logic. Additionally, 
transpiration fluxes decrease slowly following dusk (Figure 4.10). While a portion of this 
transpiration flux likely reflects refilling of the trees’ internal storage, recent observations have 
demonstrated that up to ~10-20% of plant water loss may occur at night [Caird et al., 2007; 
Dawson et al., 2007; Fisher et al., 2007]. During the evening, katabatic winds increase the 
forested area represented in valley water vapor as the nocturnal inversion begins to form 
[McNider and Pielke, 1981; Whiteman et al., 2004], and therefore could augment the rate and 
magnitude of isotopic and meteorological change. Overnight, ∆d-excess and ∆D tend to decrease 
while ∆18O remains comparatively stable. In fact, d-excess becomes negative over most nights 
(Figures 4.2, 4.4), which is inconsistent with expectations of water vapor from an oceanic source 
[Craig and Gordon, 1965; Uemura et al., 2008; Benetti et al., 2014]. The negative d-excess 
values and decreasing δD are explained by equilibration of leaf water and atmospheric water 
vapor and loss of leaf water enrichment throughout the night [Cernusak et al., 2002; Farquhar 
and Cernusak, 2005]. Due to midday isotopic enrichment and the preferential loss of the light 
isotopes of oxygen relative to hydrogen, leaf water would be expected to have low d-excess by 
the late afternoon. During the evening, when evaporation of water from the stomata would occur 
closer to equilibrium, this isostorage of low d-excess leaf water would be released. Additionally, 
if stomata remain open overnight, exchange between the leaves and the atmosphere would bring 
the two water pools toward equilibrium [Farquhar et al., 2006; Simonin et al., 2013b]. We 
observe these processes in the anti-symmetry of morning and late afternoon isotopic fluxes: 
morning increases in ∆d-excess are driven predominantly by the strong increase in ∆D and a 
slight decrease in ∆18O, while evening decreases in ∆d-excess are driven predominantly by 
strong increases in ∆18O and a slight decrease in ∆D. The long timescale over which d-excess 
continues to change overnight suggests that there is a water turnover lag in the leaves, consistent 
with observations in P. menziesii of non-steady state transpiration by Lai et al. [2006]. Finally, 
the d-excess of the xylem source water may also contribute to the observed negative nocturnal d-
excess. While we did not measure xylem water in this study, it is likely that shallow soil waters 
during dry summers have a negative d-excess as a result of strong soil drying and evaporative 
loss [Allison et al., 1985]. Therefore, even after the isostorage of low d-excess water in leaves is 
exhausted, transpiration of vapor under conditions with a small kinetic fractionation may still 
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result in transpiration of water with a negative d-excess values, further promoting low 
atmospheric d-excess values. 
This pattern of transpiration suggests that though plants do not fractionate water during 
uptake into the roots [e.g., Ehleringer and Dawson, 1992], they may fractionate water from the 
perspective of atmospheric moisture transport [e.g., Gat and Matsui, 1991; Gat, 2000]. 
Fractionation occurs in this case because the mixing of water vapor into the free troposphere 
from the surface only occurs during the day, when d-excess of transpired vapor is high. This 
pattern is also consistent with contributions from transpired air associated with boundary layer 
mixing upwind of CDFS, which would have increased the d-excess of free tropospheric air.  As a 
result, the assumption that evapotranspiration can be partitioned into evaporation and 
transpiration components by assuming that plants do not fractionate water may be invalid in 
regions and across time periods where steady-state transpiration is unlikely to occur. 
4.6.2.2 Winter diurnal cycle 
The winter diurnal cycle is more muted than the summer diurnal cycle (compare Figure 
4.9 to Figures 4.7, 4.8), as both local transpiration and atmospheric mixing are subdued in the 
winter relative to the summer. Transpiration in Rocky Mountain forests decreases rapidly in fall 
when night time temperatures consistently drop below 0°C [Fahey, 1979; Smith et al., 1984], and 
stomata typically remain closed during extended periods of below freezing temperatures to 
prevent cavitation [Tranquillini, 1982]. During our observation period, temperatures were often 
below -10°C, and fell as low as -30°C. Therefore, the rise in morning specific humidity is 
unlikely to be due to transpiration. Likewise, boundary layer mixing is greatly reduced in the 
winter due to both decreased solar insolation and a more reflective surface, both of which reduce 
surface heating and ultimately limit boundary layer development [e.g., Garratt, 1994]. In 
contrast to the summer, the valley inversion is unlikely to break every day, and may persist for 
several days. As a result, atmospheric boundary layer heights are lower at the field site in the 
winter, and the column affected by atmospheric mixing is much shallower.  
Instead, the diurnal cycle of specific humidity and isotopic composition is likely driven 
by sublimation and deposition of snow in the valley. As temperatures rise and insolation 
increases in the morning, a portion of the snow likely sublimates and then is redeposited in the 
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evening when the temperatures decrease again. As a result of this cycling, the isotopic change in 
∆18O mirrors that of ∆D, and thus, there is no diurnal cycle in d-excess.  
4.6.3 Implications for studies of current and future moisture transport 
The stable isotopic composition of near-surface water vapor at Camp Davis shows 
characteristic imprints of both local and upstream fractionation processes and sources. On 
timescales longer than a day, water vapor characteristics can be linked to synoptic-scale 
circulation. As both remote and local processes are recorded in our measurements, long-term 
monitoring of near-surface isotopic composition combined with meteorological data can 
potentially be used to understand changes in catchment-to-regional scale moisture balance 
[Henderson-Sellers et al., 2004]. In particular, the relative contributions of remote moisture 
transport through meso-to-synoptic scale weather patterns compared to the local ET flux can be 
constrained. Model studies [Lee et al., 2012; Swann et al., 2012; Risi et al., 2013] and satellite 
data [Spracklen et al., 2012] suggest that transpiration is an important component in both 
triggering precipitation and minimizing risk of extreme hydroclimatic events. Our results suggest 
that long-term isotopic monitoring of water inputs and losses to a region can faithfully document 
the factors contributing to hydrologic variability and change. Additionally, these records provide 
the basis for another dimension with which to evaluate simulated water fluxes in atmosphere-
land surface models. 
4.6.4 Implications for paleoclimate proxies 
Deuterium excess has been used as a tracer for oceanic moisture source conditions in 
precipitation [Rozanski et al., 1993] and ice core records [e.g., Jouzel et al., 1982; Vimeux et al., 
1999; Masson-Delmotte et al., 2005]. Our results suggest that vapor d-excess is not a 
conservative tracer of ocean moisture source in continental interiors, consistent with conclusions 
of prior studies [e.g., Welp et al., 2012]. If reflected in precipitation, precipitation d-excess would 
also fail to capture the signal of the oceanic moisture source. Instead, precipitation d-excess will 
reflect a mixture of oceanic and terrestrial water sources. Additionally, the influence of 
continental moisture recycling will likely vary by environment both because the amplitude of the 
diurnal cycles of temperature, RH, and VPD are highly variable through different climates and 
seasons, and the partitioning of transpiration and evaporation in the total ET flux varies by 
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ecosystem and by time. On an annual basis, transpiration is the largest component of the surface 
ET flux [Jasechko et al., 2013; Schlesinger and Jasechko, 2014; Good et al., 2015], but these 
ratios are highly variable and time dependent at any particular location [e.g., Ferretti et al., 2003; 
Aemisegger et al., 2014]. As a result, the contributions of evaporation, transpiration, and 
atmospheric entrainment will have different influences across space and time, and therefore, 
deviations from ocean moisture source d-excess will also be variable. 
 In addition to precipitation and ice cores, improved knowledge of the spatiotemporal 
controls on the isotopic composition of near-surface water vapor may help improve confidence 
in interpretations of isotope ratios of tree ring records. Leaf water isotopic composition largely 
determines the oxygen and hydrogen isotopic compositions of organic matter generated during 
photosynthesis [Gray and Thompson, 1976; White et al., 1985; Roden et al., 2000; Barbour et 
al., 2004]. Additionally, the degree of isotopic enrichment in leaf water depends on the isotopic 
gradient between leaf and atmospheric water [Dongmann et al., 1974; Farquhar and Cernusak, 
2005]. Farquhar and Cernusak [2005] further suggest that after accounting for both fluxes into 
and out of the leaf instead of just the net flux of water, atmospheric water may be more important 
to leaf water status than water delivered from the roots. As a result, tree ring records may be 
influenced by long-term changes in atmospheric moisture transport, independent of changes in 
growing season precipitation, for example. Long-term records of leaf and atmospheric water 
isotopic compositions represent an important data source. 
4.7 Conclusions 
We present the isotopic compositions of near-surface vapor in a deep mountain valley in 
NW Wyoming during both summer and winter conditions. Water vapor is more depleted in 
heavy isotopes in the winter than the summer, consistent with the lower specific humidities and 
colder source regions observed during the winter. On a process-based level, we determine that air 
mass mixing is the dominant process influencing near-surface humidity across multiple days to 
seasonal timescales.  
Imprints of both local and synoptic scale processes are apparent in vapor isotopic 
compositions. Isotopic composition of CDFS near-surface vapor is more closely related to 
moisture source direction during the winter than during the summer. Local processes, including 
transpiration and vertical mixing associated with boundary layer development, are most 
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prominent during the summer. Transpiration and vertical mixing both contribute to a clear 
diurnal cycle in d-excess of lower surface vapor. This strong diurnal cycle suggests that d-excess 
cannot be taken as a reliable indicator of oceanic moisture source, which is consistent with other 
observations of vapor d-excess in continental environments [Lai and Ehleringer, 2010; Welp et 
al., 2012]. 
Our results suggest that continued monitoring of the isotopic composition of near-surface 
vapor in continental settings may help detect changes in the relative importance of regional 
moisture convergence and the local evapotranspiration flux as sources of water vapor to the 
lower troposphere. The strong summer coupling of water vapor isotopic composition with local 
processes on diurnal cycles during the summer suggests that isotopic monitoring can be used to 
assess meso-to-regional scale ecohydrologic responses to hydrologic variability. 
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Chapter 5. Using stable water isotopes to examine the influence of 
moderate disturbance on canopy water cycling and forest-
atmosphere water exchange 
5.1 Abstract 
Forest structure, age, and species composition modulate fluxes of carbon and water 
between the land surface and the atmosphere. The response of forests to intermediate 
disturbances such as ecological succession, species-specific insect invasion, or selective logging 
that disrupt the canopy but do not promote complete stand replacement, shape how these fluxes 
evolve through time. We investigate the impact of an intermediate disturbance to water cycling 
processes by comparing vertical profiles of stable water isotopes in two closely located forest 
canopies in the northern lower peninsula of Michigan. In one of the canopies, an intermediate 
disturbance was prescribed in 2008 by inducing mortality in all canopy-dominant early 
successional species. Isotopic compositions of atmospheric water vapor are measured at six 
heights during two time periods (summer and early fall) at two flux towers and compared with 
local meteorology and calculated atmospheric back-trajectories. Disturbance has little impact on 
low-frequency changes in isotopic composition (e.g., >1 day); at these timescales, isotopic 
composition is strongly related to large-scale moisture transport. In contrast, disturbance has 
substantial impacts on the vertical distribution of water isotopes throughout the canopy when 
transpiration rates are high during the summer, but impact is muted during early fall. Sub-diurnal 
differences in canopy water vapor cycling are likely related to differences in species composition 
and response to disturbance and changes in canopy structure. Predictions of transpiration fluxes 
by land-surface models that do not account species-specific relationships and canopy structure 
are unlikely to capture these relationships, but addition of stable isotopes to land surface models 
may provide a useful parameter for evaluating these predictions. 
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5.2 Introduction 
The evapotranspiration (ET) flux from the land surface joins the surface water, carbon, 
and energy cycles together. The terrestrial latent heat flux associated with ET may represent as 
much as 50% of the absorbed solar insolation [Trenberth et al., 2009]. Further, water availability 
is a major control on gross photosynthetic productivity, and hence, carbon uptake by terrestrial 
plants [e.g., Baldocchi et al., 2002; Law et al., 2002]. Partitioning of the ET flux between 
transpiration (T) and evaporation (E) is biased toward transpiration, with estimates suggesting 
that 60->80% of the total ET flux is due to plant transpiration [Jasechko et al., 2013; Good et al., 
2015]. Therefore, understanding the spatial, temporal, and plant physiological controls on 
transpiration is critical to predicting how forests may respond to long-term changes in 
hydroclimate forced by anthropogenic carbon emissions. 
Forest canopy structure is dynamic and is influenced by season, species composition, 
stand age, and the magnitude and duration of past environmental disturbances. In turn, forest 
structure is a dominant control on the exchanges of CO2 and water between the land and the 
atmosphere [Baldocchi et al., 2002; Law et al., 2002]. Disturbances of forest canopies therefore 
can alter the ecosystem carbon uptake [e.g., Pan et al., 2011b], and induce changes to 
biogeochemical cycling of water and nitrogen, for example. Intermediate canopy disturbances, or 
disturbances that are not severe enough to trigger total stand replacement, can occur naturally 
due to forest ecological succession [Gough et al., 2013; Hardiman et al., 2013b], species-specific 
pest invasion [Kurz et al., 2008; Herms and McCullough, 2014], or due to extreme weather 
events such as storms or droughts [Canham and Loucks, 1984; Foster, 1988; McDowell et al., 
2008; Anderegg et al., 2013]. Intermediate disturbances can also be anthropogenically-driven by 
selective logging [Asner et al., 2004; Harrod et al., 2009] or prescribed fires or fire suppression 
[Parsons and DeBenedetti, 1979; Nowacki and Abrams, 2008]. These disturbances will alter the 
amount of solar energy reaching different heights in the forest canopy [Hardiman et al., 2013b], 
and in turn, influence canopy microclimate via changes in soil heating, air temperature, vapor 
pressure deficit, and wind speeds and structures.  
In this study, we compare water cycling in two closely located forest stands at the 
University of Michigan Biological Station in Northern Michigan. One of the forest stands has 
experienced an induced but rapid intermediate disturbance, where the early successional species 
were girdled in 2008, resulting in tree death within a few years. The girdling treatment induced 
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rapid changes in both nitrogen [Nave et al., 2011] and carbon cycling [Gough et al., 2013], but 
full recovery to pre-treatment values were observed within a few years. In contrast, differences in 
forest canopy structure and water cycling have persisted between the sites. Forced senescence of 
canopy-dominant early successional species resulted in a more complex canopy structure marked 
by increased canopy openness and light penetration into the canopy [Hardiman et al., 2013a; 
2013b]. These changes in canopy structure have promoted an increase in soil water content as 
decreases in precipitation interception and transpiration are greater than the increased surface 
evaporation associated with more light reaching the surface [He et al., 2013]. Transpiration 
between the sites has also changed, both due to changes in species composition between the sites 
and species-specific responses to changes in canopy structure and soil moisture [Matheny et al., 
2014].  
 We seek to further elucidate differences in water vapor cycling between the two forest 
canopies using stable water isotopes in atmospheric water vapor. Stable isotopes of water are 
useful tracers of environmental water transport. Phase changes of water impart an unequal 
partitioning of the heavy and light isotopologues of water, with the heavy isotopologues 
preferentially entering or remaining in the liquid or solid phase (relative to gas or liquid). This 
partitioning is a temperature dependent process at equilibrium, with lower temperatures 
promoting a higher degree of partitioning [Horita and Wesolowski, 1994]. When the two phases 
are unable to reach equilibrium, such as during evaporation, an additional kinetic fractionation 
occurs due to differences in diffusivities among isotopologues. During evaporation, the 
diffusivity difference between D/H is larger than that between 18O/16O, resulting in a stronger 
kinetic effect observed between hydrogen isotopes than oxygen isotopes [Merlivat, 1978; Cappa 
et al., 2003; Luz et al., 2009]. As a result, the degree of kinetic fractionation is commonly 
examined through the deuterium excess (d-excess, d = δD-8δ18O, [Dansgaard, 1964]), which 
relates the oxygen and hydrogen isotopic compositions. Fluxes that act to moisten or dry the 
atmospheric boundary layer leave characteristic isotopic signals. Evaporation of soil water adds 
vapor that is relatively depleted in heavy isotopes, associated with equilibrium and kinetic 
fractionations at the soil surface [Barnes and Allison, 1984]. Vapor derived from soil evaporation 
tends to be high in d-excess due to the high degree of kinetic fractionation associated with 
evaporation. Under clear conditions, entrainment of atmospheric vapor typically injects drier air 
that has more isotopically depleted water vapor than the near surface air it replaces.  
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The influence of transpiration fluxes on canopy water vapor depend on the timescale, 
microclimate, and vegetation of interest. Because there is no fractionation of water during root 
uptake [Ehleringer and Dawson, 1992], the isotopic composition of transpiration must approach 
the isotopic composition of water taken up by the roots on long time scales. On short time scales, 
however, the isotopic composition of transpired vapor can deviate from the source water 
substantially, particularly when environmental conditions are changing rapidly [e.g., Harwood et 
al., 1998; Cernusak et al., 2002; Simonin et al., 2013]. 
 Here, we integrate profile measurements of the isotopic composition of water vapor with 
local meteorological variables between two forest canopies: a control site that is representative of 
most forests in the Great Lakes region, and a disturbed site where all early successional species 
were removed. The two sites show substantially different diurnal patterns of water cycling 
through the isotopic composition of water vapor, which we relate to differences in canopy 
structure and species composition. In contrast, long-term (e.g., >1 day) changes in isotopic 
composition are closely related to atmospheric moisture transport patterns. Our results suggest 
that stable water isotopes are valuable tracers of forest processes and can be used to improve the 
representation of ecological succession and changes in surface fluxes in land surface models. 
5.3 Methods 
5.3.1 Site Description 
The University of Michigan Biological Station (UMBS) is located within a temperate 
hardwood forest at the northern tip of Michigan’s lower peninsula. UMBS forests were 
extensively logged during the early twentieth century before entering protection, resulting in 
forests that are approximately 80-90 years old [e.g., Pan et al., 2011a]. UMBS receives 805 mm 
of mean annual precipitation and has a mean annual temperature of 6.8°C [Matheny et al., 2014]. 
UMBS soils are part of the Rubicon, Blue Lake, or Cheboygan series of well-drained 
Haplorthods, and are 95% sand and 5% silt [Nave et al., 2011]. Despite over 800 mm of annual 
precipitation, summer soil water content tends to be very low due to the high sand content of the 
soils [He et al., 2013]. As a result, UMBS forests often experience water stressed conditions 
during the summer.  
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Figure 5.1. Map of the region surrounding the University of Michigan Biological Station with the locations of the 
two flux towers noted. The flux towers are located in the northern lower peninsula of Michigan between Douglas 
and Burt Lakes. 
We measured the isotopic composition of water vapor along vertical profiles at two eddy 
covariance flux towers located at UMBS associated with the AmeriFlux network. A full 
description of the tower and plot setup is provided in [Gough et al., 2013], but essential details 
are provided here.  The two towers are located ~2 km apart and have near identical 
meteorological conditions at tower top. The forest surrounding one of the towers, hereafter the 
control tower (AmeriFlux station US-UMB), has been undisturbed since the land entered 
protection. The forest surrounding this tower is currently transitioning from one dominated by 
early successional bigtooth aspen (Populus grandidentata) and paper birch (Betula papyrifera) to 
one dominated by mid-successional red oak (Quercus rubra), red maple (Acer rubra), white pine 
(Pinus strobus), American beech (Fagus grandifolia), and sugar maple (Acer saccharum). The 
mean canopy height is 25 m. The second tower (AmeriFlux station US-UMd) is surrounded by 
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the Forest Accelerated Succession ExperimenT (FASET) plot. Within the 39-ha FASET plot, the 
early successional aspen and birch species were stem-girdled in 2008. The stem girdling had 
induced mortality or defoliation in 97% of affected trees by 2011 [Gough et al., 2013]. Before 
stem girdling, forest composition and structure and meteorological conditions were similar at 
both sites. As a result, we assume that all of the differences in meteorology and isotopic 
composition at the sites are due to the girdling treatment. 
5.3.2 Vapor Isotope Measurements 
We deployed cavity ring-down spectrometers (CRDS) at each eddy covariance tower 
starting on April 30, 2015. A Picarro L2130-i CRDS was installed at the tower in the control plot 
(AmeriFlux), and a Picarro L2120-i CRDS was installed at the experimental plot (FASET). 
Standards were introduced at the control plot by a CTC PAL autosampler, and by the Picarro 
Standard Delivery Module  (SDM) at the experimental plot. In both setups, two internal 
laboratory liquid standards were measured approximately every 12 hours to monitor for drift, and 
to calibrate isotopic data to the VSMOW scale [Coplen, 1996]. Samples introduced by the 
autosampler are injected into a vaporization module maintained at 110°C under vacuum. Water 
pulses are delivered as discrete injections, with six injections of two standards. In contrast, 
standards delivered by the SDM enter the vaporization module maintained at 140°C at ambient 
pressure, and standards are delivered using a continuous stream of water. Dry carrier air for 
standards analysis is provided to the analyzer by running ambient air through a drying column 
filled with anhydrous calcium sulfate with a cobalt chloride redox indicator (Drierite, 26800). No 
trend was found in standard compositions on diurnal-seasonal timescales, and therefore, no drift 
corrections or adjustments due to diurnal temperature changes in the instrument trailer are 
necessary. 
Prior studies have demonstrated that CRDS instruments exhibit an instrument-specific 
water vapor concentration bias in measurements of isotopic composition [e.g., Tremoy et al., 
2011; Steen-Larsen et al., 2013]. To account for this bias, we measured our laboratory standards 
at water vapor concentrations between 10,000 and 30,000 ppmv using the same standard 
introduction system on each analyzer as was used in the field. Within this concentration range, 
we found a small concentration correction was necessary for the L2120-i with the SDM, but 
found no robust evidence to require a correction on the L2130-i with the autosampler. Measured 
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isotopic values on the L2120-i were corrected by -0.1‰ for δ18O and -1.0‰ for δD for every 
10,000 ppmv deviation from 20,000 ppmv. Our concentration corrections are smaller than those 
in Steen-Larsen et al. [2013], but our environmental conditions are not as dry and our analyzers 
are a newer generation with improved concentration stability. 
Each tower was equipped with a vapor sampling manifold to enable sampling at six 
heights. Both towers had sampling ports at 2, 5, 10, 15, and 20 m. The highest port was 32 m at 
FASET and 34 m at the AmeriFlux tower, and was set to be collocated with temperature, relative 
humidity, and 3D wind measurements collected on each tower.  
A multi-position valve controlled by the CRDS was used to switch between the ports 
(VICI/Valco EMT2SD6MWE). The manifold was maintained at sub-atmospheric pressure by a 
diaphragm pump operating at 5 L/min to maintain constant airflow through the sampling 
manifold, and to ensure air in the sampling lines corresponded to current conditions and to 
minimize latency and memory effects when switching between inlets. Each port was measured 
for 5 minutes, enabling collection of one vertical profile every half hour. Data from the first 3 
minutes of each measurement were omitted as a result of memory associated with switching port 
sources. Data presented here represent mean values from the last 2 minutes of each 
measurement, and then are interpolated to a standard half-hour time step in order to facilitate 
analysis [after Berkelhammer et al., 2013]. 
Both isotope analyzers were deployed from April 30 until October 23, 2015. The first 
several weeks of data collection exhibited evidence of water condensation in the sampling lines, 
and we excluded this period of data from further analysis. Insulation and heating wire was 
installed on the sampling lines and manifolds at both towers in late May to minimize 
condensation. Additionally, a solenoid valve failed at the AmeriFlux analyzer that inhibited 
vapor measurements for three weeks. From the remaining data, we identified two extended 
periods where both analyzers were functioning well: July 8-August 13, 2015 (summer, DOY 
189-225), and September 5-29, 2015 (early fall, DOY 248-272). We focus our analyses on these 
two periods. 
5.3.3 Meteorological Measurements 
A suite of meteorological measurements was collected at both flux towers. Additional 
measurements included 3D wind speeds (Campbell Scientific CSAT3), temperature and relative 
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humidity (Rotronic), CO2 and H2O concentrations (LiCOR Infrared Gas Analyzer, LI-6262), 
precipitation amount (Thies Clima Optical Precipitation Sensor 5.4013.20.041, and a Texas 
Instruments 525MM tipping bucket rain gauge) at 34 m at the control-plot tower and at 32 m at 
the disturbed-plot tower. The relative humidity sensor at 32 m at the disturbed-plot tower failed 
at DOY 110 and was replaced around DOY 225. Periods of faulty RH measurements were 
removed from subsequent analysis. Tower measurements were collected as 10-minute means. 
To better resolve the vertical gradient of temperature and humidity, additional temperature and 
relative humidity measurements were made using HOBO data loggers (Onset Computer 
Corporation, U23 Pro V2) during 2015. Sensors were installed at 2, 10, 20, and 34 m at the 
control tower, and 2 and 20 m at the disturbed-plot tower. Data were collected as 15-minute 
averages. 
5.3.4 Data Processing Methods 
All data were processed to a common 30-minute time step to facilitate comparison of 
isotopic and meteorological data. To accomplish this, meteorological data were averaged from 1-
, 10-, or 15-minute averages to 30-minute averages. For isotopic measurements, the 2-minute 
average from each port collected during each 30-minute profile was assumed to represent the 
entire 30-minute period. From this method, we generate 48 vertical profiles per day.  
Correlations between variables were determined using the Pearson coefficient, with p 
values provided when greater than 0.05. We separated the time series into low frequency (period 
longer than a day) and high frequency (period less than a day) by applying a 48-point moving 
average filter to the data. The low frequency data corresponds to the averaged data, while the 
high frequency data corresponds to the difference between the raw data and the 24-hour moving 
average. To apply the filter, missing data were imputed using a linear interpolation between the 
nearest non-missing points. After the residual between the raw and low frequency time series 
was calculated, the time periods corresponding to the missing data were specified as missing 
once again. For clarity, when discussing the diurnal cycle deviation from the long-term mean, we 
use a capital delta (∆) to indicate that these are isotopic differences from the long-term mean.  
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5.3.5 Back Trajectory Modeling 
We calculated atmospheric back-trajectories to investigate the relationship between air 
source pathways and local isotopic composition. Ten-day back-trajectories were calculated using 
the HYbrid Single Parcel Lagrangian Integrated Transport model (HYSPLIT). A full description 
of the algorithms used in the HYSPLIT model are available in Draxler and Hess [1998]. Back 
trajectories were calculated using NCEP/NCAR Reanalysis Data as an input [Kalnay et al., 
1996]. Air parcel vertical velocity was determined by using reanalysis vertical velocities.  
 The relationship between air sourcing and local vapor isotopic composition was explored 
by comparing the low frequency δ18O signal to calculated back-trajectories. The histogram of the 
low frequency δ18O vapor time series for the 34m port at AmeriFlux was used to identify natural 
groupings. The same minimum values are observed in the histograms for both seasons and are 
around -22.0‰ and -18.0‰ δ18O. These groupings (e.g., < -22.0‰, > -18.0‰, and values in 
between) are used to generate three sets of back-trajectory frequency composites using 
calculations from the times represented by each grouping. If the low-frequency isotope 
composition at the UMBS sites are strongly influenced by the isotopic composition of moisture 
advected by the large-scale flow, these frequency composites should show distinct patterns from 
one another. Frequency composites were generated by binning hourly back-trajectory data into a 
0.75° grid and normalizing by the number of trajectories [as in Fiorella et al., 2015]. 
5.4 Results 
5.4.1 Mean Conditions at the AmeriFlux and FASET flux towers 
5.4.1.1 Summer 
Isotopic and meteorological conditions were similar at both stations when considering the 
long-term mean (Table 5.1, Figures 5.2-5.3). Both stations exhibit a long-term gradient in 
isotopic composition, with AmeriFlux exhibiting slightly lower heavy isotope compositions than 
FASET as a whole.  Isotopic compositions were least depleted in heavy isotopes at the surface at 
AmeriFlux (-20.37 ‰ δ18O, -146.11‰ δD at 2 m), with the heavy isotope content decreasing 
with height to the canopy top (-21.04 ‰ δ18O, -148.83 ‰ δD at 20 m) (Figure 5.2a-c). In 
contrast, isotopic compositions at FASET are most enriched in heavy isotopes at 10 m (-19.44 ‰ 
δ18O, -142.71 ‰ δD), with decreasing heavy isotope content toward the surface and toward the 
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canopy top and above (Figure 5.3a-c, Table 5.1). Isotopic compositions at both stations varied on 
multiple timescales, ranging from a few hours to a week. AmeriFlux summer δ18O/δD values 
ranged from -29.86 ‰ / -208.88 ‰ (observed at 5 m) to -11.43 ‰ / -72.82 ‰ (observed at 10 m) 
(Figure 5.2a-c), while FASET δ18O/δD values ranged from -26.85 ‰ / -192.74 ‰ (observed at 
32 m) to  - 9.15 ‰ (observed at 10 m) / -102.81 ‰ (observed at 32 m) (Figure 5.3a-c). 
Specific humidity measured by the HOBO data loggers and the Rotronic Temp/RH 
sensor decreased from 2-20 m at AmeriFlux, but were greater than 20 m at 34 m (Figure 5.2d-e, 
Figure 5.3d-e). At FASET, 20 m specific humidity was greater than 2 m specific humidity. Mean 
water vapor mixing ratios measured by the CRDS decreased with height at both stations. Mixing 
ratios vary from 16.5 mmol/mol at 2 m to 16.2 mmol/mol at 34 m at AmeriFlux, and 18.0 
mmol/mol at 2 m to 17.7 mmol/mol at 32 m at FASET (Figure 5.2f, Figure 5.3f, Table 5.1). For 
both sets of measurements, FASET was more humid than AmeriFlux in the long-term mean. 
Temperature, relative humidity, water vapor mixing ratio, specific humidity, and dew 
point temperature correlate with δ18O and δD at nearly all heights and at both stations (Table 
5.2). Correlations are strongest between isotopic composition and vapor mixing ratio, specific 
humidity, and dew point temperature (r > 0.6). Isotopic composition is more weakly correlated 
with temperature and relative humidity at both stations (r < 0.5). At AmeriFlux, correlation 
strength between δ18O and δD increased with height for most meteorological variables, reaching 
a maximum value above the canopy at 34 m (Table 5.2). In contrast, correlations between δ18O 
and δD and meteorological variables at FASET were often weakest at 10 m within the canopy, 
and increased toward the surface and the canopy top (Table 5.2). 
Deuterium excess exhibits markedly different relationships with meteorological variables 
than δ18O and δD. At both stations, the d-excess is most strongly correlated with relative 
humidity (Table 5.2). RH correlates most strongly with d-excess near the surface, with the 
relationship becoming weaker with height at both towers (Table 5.2). Water vapor mixing ratio is 
most strongly correlated with d-excess at the canopy top and above at AmeriFlux (20 and 34 m), 
and near the surface (2 m) and above the canopy (32 m) at FASET. The sign of the correlation 
changes from negative to positive within the canopy at FASET (10, 15, and 20m sampling 
heights), but not at AmeriFlux. Deuterium excess correlates significantly but weakly with 
temperature within the canopy at both towers, but is uncorrelated with temperature above the 
canopy (Table 5.2). Finally, specific humidity and dew point temperature are uncorrelated with 
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d-excess below the canopy top at AmeriFlux, but are negatively correlated at the canopy top and 
above. At FASET, specific humidity and dew point temperature are both negatively and weakly 
correlated with d-excess, but the correlation is stronger at 2 m than it is at 20 m. 
 
 
 
 
 
Table 5.1. Summer mean water vapor concentrations and isotopic compositions 
AmeriFlux Tower 
Height Specific humidity (g/kg) Vapor Mixing 
Ratio (ppm) 
δ18O (‰ VSMOW) δD (‰ VSMOW) 
2 m 12.66 16536 -20.37 -146.11 
5 m no sensor 16413 -20.55 -147.11 
10 m 12.43 16382 -20.70 -147.71 
15 m no sensor 16333 -20.87 -148.30 
20 m 12.18 16293 -21.04 -148.83 
34 m 12.53 16169 -21.06 -148.62 
FASET Tower 
Height Specific humidity (g/kg) Vapor Mixing Ratio 
(ppm) 
δ18O (‰ VSMOW) δD (‰ VSMOW) 
2 m 13.37 17995 -19.65 -143.17 
5 m no sensor 17903 -19.51 -142.64 
10 m no sensor 17849 -19.44 -142.71 
15 m no sensor 17849 -19.57 -143.08 
20 m 13.49 17770 -19.68 -143.72 
32 m sensor malfunction 17712 -20.09 -145.00 
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Table 5.2. Summer correlations between isotopic compositions and meteorological variables. 
AmeriFlux Tower 
δ18O 2 m 5 m 10 m 15 m 20 m 34 m 
Temperature 0.165  0.190  0.293 0.364 
Relative Humidity 0.409  0.376  0.307 0.347 
Vapor Mixing Ratio 0.826 0.827 0.830 0.847 0.860 0.865 
Specific Humidity 0.700  0.715  0.780 0.861 
Dew Point  0.685  0.699  0.771 0.853 
δD 2 m 5 m 10 m 15 m 20 m 34 m 
Temperature 0.293  0.300  0.350 0.398 
Relative Humidity 0.278  0.262  0.232 0.286 
Vapor Mixing Ratio 0.828 0.829 0.830 0.834 0.837 0.831 
Specific Humidity 0.757  0.763  0.788 0.838 
Dew Point  0.741  0.746  0.776 0.825 
d-excess 2 m 5 m 10 m 15 m 20 m 34 m 
Temperature 0.462  0.457  0.247 0.038 
(p=0.12) 
Relative Humidity -0.700  -0.670  -0.596 -0.583 
Vapor Mixing Ratio -0.314 -0.285 -0.288 -0.384 -0.492 -0.673 
Specific Humidity -0.040 
(p=0.10) 
 -0.020 
(p=0.41) 
 -0.256 -0.517 
Dew Point -0.039 
(p=0.11) 
 0.508  -0.269 -0.627 
FASET Tower 
δ18O 2 m 5 m 10 m 15 m 20 m 32 m 
Temperature 0.248    0.379 0.392 
Relative Humidity 0.287    0.121  
Vapor Mixing Ratio 0.782 0.646 0.489 0.543 0.534 0.824 
Specific Humidity 0.670    0.646  
Dew Point  0.656    0.638  
δD 2 m 5 m 10 m 15 m 20 m 32 m 
Temperature 0.368    0.476 0.437 
Relative Humidity 0.151    0.043 
(p=0.16) 
 
Vapor Mixing Ratio 0.779 0.734 0.658 0.685 0.684 0.800 
Specific Humidity 0.721    0.726  
Dew Point  0.706    0.716  
d-excess 2 m 5 m 10 m 15 m 20 m 32 m 
Temperature 0.235    0.068 -0.048 
(p=0.11) 
Relative Humidity -0.595    -0.228  
Vapor Mixing Ratio -0.466 -0.057 
(p=0.06) 
0.195 0.099 0.122 -0.647 
Specific Humidity -0.228    -0.082  
Dew Point  -0.225    -0.082  
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Figure 5.2. Time series of the summer (DOY 188-225, July 8-August 13, 2015) isotopic and meteorological data at 
the AmeriFlux (control) tower. (a) Vapor δ18O (‰, VSMOW), (b) δD (‰, VSMOW), (c) d-excess (‰, VSMOW), (d) 
temperature (°C), (e) relative humidity (RH, %), (f) specific humidity (q, g/kg), and (g) rainfall amount (mm). Data 
are shown for every height available as a different color along a spectrum from red (canopy floor, 2 m) to blue 
(above canopy, 34 m). 
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Figure 5.3. Time series of the summer (DOY 188-225, July 8-August 13, 2015) isotopic and meteorological data at 
the FASET (disturbed) tower. (a) Vapor δ18O (‰, VSMOW), (b) δD (‰, VSMOW), (c) d-excess (‰, VSMOW), (d) 
temperature (°C), (e) relative humidity (RH, %), (f) specific humidity (q, g/kg), and (g) rainfall amount (mm). Data 
are shown for every height available as a different color along a spectrum from red (canopy floor, 2 m) to blue 
(above canopy, 32 m). 
 
 
 
 
 
190 195 200 205 210 215 220 225
-26
-18
-10
190 195 200 205 210 215 220 225
-200
-150
-100
-50
190 195 200 205 210 215 220 225
0
20
40
190 195 200 205 210 215 220 225
10
20
30
190 195 200 205 210 215 220 225
0
50
100
190 195 200 205 210 215 220 225
0
10
20
DOY
190 195 200 205 210 215 220 225
0
5
10
δ1
8O
 (‰
)
δD
 (‰
)
d-
ex
ce
ss
(‰
)
Te
m
p 
(°C
)
RH
 (%
)
q 
 (g
/k
g)
Ra
in
fa
ll
 (m
m
)
July 8 July 15 August 1 August 13
Calendar Dates
2 m 5 m 10 m 15 m 20 m 34 m 
(a)
(b)
(c)
(d)
(e)
(f )
(g)
 
 
216 
5.4.1.2 Early fall 
Mean specific humidity and water vapor mixing ratios were similar in early fall to their 
summer values, but isotopic compositions were generally less negative (Table 5.3). Mean water 
vapor mixing ratios decreased from 16.3 mmol/mol at 2 m to 15.7 mmol/mol at 34 m at 
AmeriFlux, and from 17.9 mmol/mol at 2 m to 17.2 mmol/mol at 32 m at FASET (Table 5.3). As 
during the summer, FASET was consistently more humid than AmeriFlux. Vertical trends in 
isotopic composition are similar to summer, though the entire column is less depleted in heavy 
isotopes at both sites. Mean δ18O and δD values decreased throughout the column at AmeriFlux 
(Figure 5.4), but reached a maximum at 10 m at FASET while decreasing toward the surface and 
toward and above the canopy top (Figure 5.5). The range of isotopic compositions observed 
during early fall was similar to that observed during the summer. Early fall δ18O / δD values at 
AmeriFlux ranged from -28.18 ‰ / -194.69 ‰ (both at 20 m) to -10.55 ‰ / -59.88 ‰ (both at 34 
m) (Figure 5.4, Table 5.3). FASET δ18O / δD values ranged from -26.81 ‰ / -187.40 ‰ (both at 
32 m) to -9.15 ‰ (10 m) / -71.49 ‰ (32 m) (Figure 5.5, Table 5.3). 
As during summer, δ18O and δD correlate strongly (r > 0.7) with water vapor mixing 
ratio, vapor pressure, and dew point temperature in early fall at both towers. The magnitude of 
the correlations between δ18O, δD and temperature and relative humidity change substantially in 
early fall, however. Temperature emerges as a strong positive covariate with δ18O and δD during 
the early fall, with r values typically greater than 0.7 (Table 5.4). During the summer, r values 
between temperature and δ18O or δD were below 0.5. In contrast, relative humidity exhibits a 
much weaker and often insignificant correlation with δ18O or δD during early fall. Summer r 
values between relative humidity and δ18O and δD were typically above |0.1|, but are generally 
below |0.1| during the early fall. 
Correlations between meteorological variables and d-excess also exhibit differences 
between summer and early fall. As during summer, d-excess correlates most strongly with 
relative humidity during early fall. No trend in the strength of the relationship between RH and 
d-excess with height was observed at AmeriFlux, but the negative correlation between d-excess 
and RH was stronger at 2 m than 20 m at FASET (Table 5.4). As during the summer, vapor 
mixing ratio is most strongly correlated at and above the canopy top (20 and 34 m) at AmeriFlux, 
but near the surface and above the canopy (2 and 32 m) at FASET (Table 5.4). 
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Table 5.3. Early fall mean water vapor concentrations and isotopic compositions 
AmeriFlux Tower 
Height Specific Humidity (g/kg) Vapor Mixing Ratio 
(ppm) 
δ18O (‰ VSMOW) δD (‰ VSMOW) 
2 m 12.20 16260 -18.04 -123.54 
5 m no sensor 16051 -18.15 -124.21 
10 m 11.79 15886 -18.33 -124.97 
15 m no sensor 15791 -18.52 -125.82 
20 m 11.62 15692 -18.72 -126.69 
34 m 11.98 15670 -18.73 -126.55 
FASET Tower 
Height Specific Humidity (g/kg) Vapor Mixing Ratio 
(ppm) 
δ18O (‰ VSMOW) δD (‰ VSMOW) 
2 m 12.77 17850 -17.64 -124.54 
5 m no sensor 17893 -17.53 -123.40 
10 m no sensor 18016 -17.49 -122.98 
15 m no sensor 17911 -17.66 -123.58 
20 m 12.63 17831 -17.73 -124.10 
32 m sensor malfunction 17206 -18.07 -126.93 
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Table 5.4. Early fall correlations between isotopic composition and meteorological variables 
AmeriFlux Tower 
δ18O 2 m 5 m 10 m 15 m 20 m 34 m 
Temperature 0.700  0.700  0.734 0.793 
Relative Humidity 0.095  0.037 
(p=0.21) 
 -0.009 
(p=0.77) 
0.092 
Vapor Mixing Ratio 0.831 0.821 0.815 0.820 0.823 0.834 
Specific Humidity 0.821  0.820  0.838 0.850 
Dew Point  0.829  0.828  0.852 0.881 
δD 2 m 5 m 10 m 15 m 20 m 34 m 
Temperature 0.781  0.770  0.770 0.818 
Relative Humidity -0.041 
(p=0.16) 
 -0.091  -0.104 0.006 
(p=0.83) 
Vapor Mixing Ratio 0.822 0.807 0.794 0.789 0.782 0.793 
Specific Humidity 0.844  0.831  0.824 0.820 
Dew Point  0.854  0.840  0.837 0.839 
d-excess 2 m 5 m 10 m 15 m 20 m 34 m 
Temperature 0.241  0.309  0.102 -0.146 
Relative Humidity -0.687  -0.699  -0.677 -0.653 
Vapor Mixing Ratio -0.233 -0.216 -0.217 -0.332 -0.469 -0.640 
Specific Humidity -0.072  -0.047 
(p=0.11) 
 -0.291 -0.523 
Dew Point -0.069  -0.039 
(p=0.19) 
 -0.296 -0.565 
FASET Tower 
δ18O 2 m 5 m 10 m 15 m 20 m 32 m 
Temperature 0.711    0.674 0.786 
Relative Humidity 0.101    0.132  
Vapor Mixing Ratio 0.838 0.787 0.715 0.738 0.727 0.826 
Specific Humidity 0.832    0.813  
Dew Point 0.841    0.822  
δD 2 m 5 m 10 m 15 m 20 m 32 m 
Temperature 0.782    0.793 0.810 
Relative Humidity -0.028 
(p=0.34) 
   -0.011 
(p=0.70) 
 
Vapor Mixing Ratio 0.816 0.816 0.784 0.789 0.788 0.778 
Specific Humidity 0.845    0.864  
Dew Point  0.855    0.878  
d-excess 2 m 5 m 10 m 15 m 20 m 32 m 
Temperature -0.091    0.002 (p = 
0.95) 
-0.364 
Relative Humidity -0.619    -0.452  
Vapor Mixing Ratio -0.563 -0.314 -0.156 -0.224 -0.181 -0.806 
Specific Humidity -0.405    -0.247  
Dew Point -0.408    -0.240  
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Figure 5.4. Time series of the early fall (DOY 248-272, September 5-29, 2015) isotopic and meteorological data at 
the AmeriFlux (control) tower. (a) Vapor δ18O (‰, VSMOW), (b) δD (‰, VSMOW), (c) d-excess (‰, VSMOW), (d) 
temperature (°C), (e) relative humidity (RH, %), (f) specific humidity (q, g/kg), and (g) rainfall amount (mm). Data 
are shown for every height available as a different color along a spectrum from red (canopy floor, 2 m) to blue 
(above canopy, 34 m). 
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Figure 5.5. Time series of the early fall (DOY 248-272, September 5-29, 2015) isotopic and meteorological data at 
the FASET (disturbed) tower. (a) Vapor δ18O (‰, VSMOW), (b) δD (‰, VSMOW), (c) d-excess (‰, VSMOW), (d) 
temperature (°C), (e) relative humidity (RH, %), (f) specific humidity (q, g/kg), and (g) rainfall amount (mm). Data 
are shown for every height available as a different color along a spectrum from red (canopy floor, 2 m) to blue 
(above canopy, 32 m).  
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5.4.2 The Diurnal Cycle 
5.4.2.1 Summer 
Strong diurnal cycles in isotopic compositions occur at both towers, though different 
patterns are observed at each site. At AmeriFlux, the magnitude of the diurnal isotopic cycle is 
inversely proportional to height, with the largest isotopic change observed at 2 and 5 m. ∆18O 
and ∆D both increase from midnight until 8-9 am (Figure 5.6ab). During this period, d-excess 
decreases slowly between midnight and 6 am, before decreasing rapidly between 6 and 8-9 am 
(Figure 5.6c). After 9 am, ∆18O and ∆D decrease rapidly until 2-3 pm (Figure 5.6ab). During this 
period, d-excess increases rapidly from 9 am until noon, before leveling off or decreasing 
slightly after 1-2 pm (Figure 5.6c). Vertical isotope gradients are small at AmeriFlux between 11 
am and ~3 pm (Figure 5.6a-c). After 3 pm, ∆18O increases rapidly until midnight, while ∆D 
increases rapidly until about 6 pm, and more slowly between 6 pm and midnight (Figure 5.6ab). 
Concurrently, d-excess values decrease from their daily maximum values from 6 pm onward 
(Figure 5.6c). These changes promote the reestablishment of an isotopic gradient throughout the 
profile. However, despite differences in the magnitude of these changes at different heights, the 
timing of isotopic change is coherent throughout the profile. 
Diurnal cycles of ∆18O and ∆D are similar at FASET compared to AmeriFlux at 2 m and 
at the highest port (34 or 32 m respectively) (Figure 5.6d), but FASET observations diverge from 
AmeriFlux observations at all other heights. At 5 m, FASET ∆18O is stable between midnight 
and 6 am, decreases rapidly between 6 am and noon, increases rapidly between noon and 4 pm, 
and then remains steady from 4 pm until midnight (Figure 5.6d). FASET ∆D at 5m decreases 
from midnight to 6 am, increases between 6 am and 6 pm, and then decreases from 6 pm to 
midnight (Figure 5.6e). Daytime patterns (e.g., between 6 am and 6 pm) are similar to 
observations at 5m at the 10, 15, and 20 m sampling heights (Figure 5.6d,e), but diverge during 
the night. At 10-20 m, ∆18O decreases from 6 pm until 6 am, while little change is observed 
during this time period at 5 m (Figure 5.6d). FASET ∆D at 10-20 m exhibits a similar pattern as 
observed at 5 m, but the magnitude of ∆D decrease between 6 pm to 6 am is larger (Figure 5.6e). 
FASET ∆d-excess patterns are also distinct from observations at AmeriFlux, apart from at the 
tower top (Figure 5.6f). Between 10 and 20 m, d-excess values rise rapidly between 7 and 11 am, 
before decreasing from 11 am to 6 pm (Figure 5.6f). At 5 m, d-excess values are intermediate to 
values observed at 2 m and from 10-20 m; this trend likely represents mixing between water at 
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those levels. Also in contrast to patterns observed at AmeriFlux, the isotope gradient is large 
throughout the day at FASET. In the morning, ∆18O and ∆D decrease while d-excess increases 
from 2-20 m, while the opposite trend holds in the afternoon. There is no extended period in the 
long-term composite of the diurnal cycle where isotopic compositions appear well mixed (Figure 
5.6d-f). 
Despite the large differences in diurnal cycles of isotopic composition between the 
AmeriFlux and FASET locations, diurnal cycles of meteorological variables are nearly identical 
between each location (Figure 5.7). During the summer, each site exhibits a ~10°C cycle in 
temperature (Figure 5.7ae), a 2-3 g/kg cycle in specific humidity (Figure 5.7df), a ~40% cycle in 
relative humidity (Figure 5.7cg), and maximum VPD values of ~2 kPa during the mid afternoon 
(Figure 5.7dh). The magnitude of each cycle is comparable with increasing height or decreases 
slightly at both stations. The similarity in meteorology between the two flux towers suggests that 
it is unlikely to be driving the differences in water vapor cycling observed in the isotopic 
compositions. 
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Figure 5.6. Composites of the isotopic diurnal cycle at each sampling height for the summer period at AmeriFlux 
(left column, a-c) and FASET (right column, d-f). ∆18O (a,d), ∆D (b,e), and ∆d-excess (c,f) are expressed as 
deviations from the 24-hour running mean of that variable at 20-m. 
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Figure 5.7. Composites of the meteorological diurnal cycle at each sampling height for the summer period at 
AmeriFlux (left column, a-d) and FASET (right column, e-h). Temperature (∆T, °C) (a,e), specific humidity (∆q, 
g/kg) (b,f), and relative humidity (∆RH, %) (c,g) are shown as deviations from the 24-hour running mean at 20-m. 
Vapor pressure deficit (VPD, kPa) is expressed as its measured value (d,h). 
5.4.2.2 Early fall 
The diurnal cycles in isotopic composition are different at both sites in the early fall, but 
are more consistent with each other than during the summer. At AmeriFlux, ∆18O decreases 
slightly for all heights between midnight and 7 am, before rising at all heights between 7 and 9 
am (Figure 5.8). From 9 until 11 am, ∆18O values decrease at 20 m and below, but remain steady 
at 34 m (Figure 5.8a). As a result, the vertical gradient observed in ∆18O decreases in the late 
morning. ∆18O values increase at all heights between 11 am and 6 pm, but more rapidly at lower 
heights (Figure 5.8a). After 6 pm, ∆18O values increase more rapidly until 9 pm, with the greatest 
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rates of change occurring at the lowest levels. From 9 pm until midnight, ∆18O values decrease 
by 0.5-1‰ (Figure 5.8a). AmeriFlux ∆D values follow the same trend as ∆18O between 7 pm and 
7 am, but exhibit a slightly different pattern during the day (Figure 5.8b). Between 7 am and ~2 
pm, ∆D increases before stabilizing until ~6 pm (Figure 5.8b). Early fall d-excess exhibits a 
similar trend as during the summer (compare Figure 5.6c to 5.8c), though the magnitude of the 
diurnal cycle is smaller in early fall than summer. As during the summer, the magnitude of the d-
excess cycle is largest near the surface and decreases with height. As during the summer, the 
vertical d-excess gradient is small during the day, and larger at night (Figure 5.8c). Additionally, 
early fall ∆d-excess trends diverge from summer trends at dawn and dusk (compare Figure 5.6c 
to 5.8c). Early fall ∆d-excess values at AmeriFlux reach their diurnal minimum typically after 
dusk between 8-9 pm, while summer d-excess values reach their daily minimum values at dawn. 
 At FASET, the early fall diurnal cycle is similar to AmeriFlux in ∆D and ∆18O for most 
of the day, however, the vertical gradient between 2 and 20 m is usually smaller at FASET than 
at AmeriFlux (Figure 5.8de). Additionally, the largest amplitude diurnal cycles in ∆18O and ∆D 
are observed at 2 m at AmeriFlux, but are observed from 10-20 m at FASET. The cycle in ∆d-
excess is distinct during the day however, with ∆d-excess values increasing ~10‰ above the 32 
m value at 10-20 m height between 11 am and 1 pm. After 1 pm, ∆d-excess values decrease 
rapidly between 10-20 m until ~ 9 pm (Figure 5.8f). As for ∆18O and ∆D, the largest amplitude 
diurnal changes in ∆d-excess are observed from 10-20 m at FASET (Figure 5.8f), but from 2-5 m 
at AmeriFlux (Figure 5.8c). 
 As during the summer, diurnal cycles between meteorological variables are nearly 
identical between the two sites (Figure 5.9). During the early fall, each site exhibits a ~10°C in 
temperature (Figure 5.9ae), a 2-3 g/kg cycle in specific humidity (Figure 5.9df), a ~40% cycle in 
relative humidity (Figure 5.9cg), and maximum VPD values of ~1.2 kPa during the mid 
afternoon (Figure 5.9dh). Peak specific humidity occurs later in the day in the early fall than 
during the summer (between noon and 6 pm, and between 10-11 am respectively; compare 
Figures 5.7 and 5.9). VPD is ~40% lower during the early fall than during the summer. As 
during the summer measurement period, however, there is little difference in meteorology 
between sites to suggest that meteorological conditions are responsible for the observed 
difference in isotopic compositions (Figure 5.9). 
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Figure 5.8. Composites of the isotopic diurnal cycle at each sampling height for the early fall period at AmeriFlux 
(left column, a-c) and FASET (right column, d-f). ∆18O (a,d), ∆D (b,e), and ∆d-excess (c,f) are expressed as 
deviations from the 24-hour running mean at 20-m. 
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Figure 5.9. Composites of the meteorological diurnal cycle at each sampling height for the early fall period at 
AmeriFlux (left column, a-d) and FASET (right column, e-h). Temperature (∆T, °C) (a,e), specific humidity (∆q, 
g/kg) (b,f), and relative humidity (∆RH, %) (c,g) are shown as deviations from the 24-hour running mean at 20-m. 
Vapor pressure deficit (VPD, kPa) is expressed as its measured value (d,h). 
5.4.3 Variability in the vertical isotope gradient 
Vertical gradients in isotopic composition show variability on timescales of a few days 
(Figures 5.2-5.5). For example, d-excess shows a large gradient on several days in Figure 5.2 that 
is nearly absent on other days (e.g., DOY 198-203). These observations appear to be closely 
related to local wind speeds (Figures 5.10-5.11), though the two flux towers exhibit different 
relationships in different portions of the canopy, or between day and night. The relationship 
between wind speed and the vertical isotopic gradient does not change based on the season. 
Nocturnal isotope gradients between 2 and 32/34 m show no dependence on above-canopy wind 
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speed (at 34 or 32 m, depending on the tower) for δ18O, δD, or d-excess (Figure 5.10a-c). Above-
canopy wind speeds are nearly always below 4 m/s. Vertical isotopic gradients tend to be smaller 
during the day than at night, but show different relationships when above-canopy wind speeds 
exceed 4 m/s during the day (Figure 5.10d-f). When winds are high, the vertical isotope gradient 
between 2 and 32/34 m for d-excess (Figure 5.10f) and δ18O (Figure 5.10d) are smaller than 
when winds are low, though wind speeds appear to have little influence on the δD gradient 
(Figure 5.10e). These trends likely reflect the tendency of higher wind speeds to drive more 
complete mixing of lower atmospheric air, preventing large isotopic gradients from developing. 
 Within the canopies, different relationships between the isotopic gradient and wind 
speeds hold and site-specific behavior emerges (Figure 5.11). At both sites, the nocturnal vertical 
isotopic gradient between 2 and 15 m can be positive or negative for δ18O, δD, or d-excess 
(Figure 5.11a-c). Gradient magnitudes appear independent of wind speed. During the day, 
however, the magnitude of the isotopic gradient between 2 and 15 m increases at FASET for all 
three isotopic species, but decreases at AmeriFlux (Figure 5.11d-f). Above-canopy wind speeds 
do not influence the 2-15 m isotopic gradient at FASET (Figure 5.11d-f), but high wind speeds 
appear to decrease the d-excess gradient at AmeriFlux (Figure 5.11f). 
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Figure 5.10. Scatter plots of the isotopic gradient between 2 m and 32/34 m as a function of above-canopy wind 
speed (m/s) for the summer measurement period. The top row shows values at night, while the bottom row shows 
daytime data. Night and day were determined based on whether a pyranometer at 46 m at the AmeriFlux tower 
recorded less or more than 25 W/m2. The left column shows data for δ18O, the middle column shows data for δD, 
and the right column shows data for d-excess. Data from AmeriFlux are plotted as blue circles, while data from 
FASET are plotted as red circles. 
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Figure 5.11. Scatter plots of the isotopic gradient (‰) between 2 m and 15 m as a function of above-canopy wind 
speed (m/s) for the summer measurement period. The top row shows values at night, while the bottom row shows 
daytime data. Night and day were determined based on whether a pyranometer at 46 m at the AmeriFlux tower 
recorded less or more than 25 W/m2. The left column shows data for δ18O, the middle column shows data for δD, 
and the right column shows data for d-excess. Data from AmeriFlux are plotted as blue circles, while data from 
FASET are plotted as red circles. 
5.4.4 Relationship between air parcel back-trajectories and low-frequency isotopic variability 
The low-frequency component of the isotopic composition time series varies by several 
per mil from day to day. Clear distinctions between vapor source directions and isotopic 
composition of canopy vapor are observed (Figure 5.12). During the summer observation period, 
the most depleted vapor observations are associated with air advection from the Arctic and 
Hudson Bay region (Figure 5.12a). In contrast, the most enriched isotopic compositions are 
associated with air advection from midwestern US and from the south and the Gulf of Mexico 
(Figure 5.12c). Compositions intermediate to these extremes tend to be derived from the west 
through southern Canada (Figure 5.12b). Air advection patterns during the early fall are 
generally consistent with observations from the summer. The most depleted isotopic 
0 2 4 6 8
-4
-2
0
2
4
0 2 4 6 8
-4
-2
0
2
4
0 2 4 6 8
-30
-15
0
15
30
0 2 4 6 8
-30
-15
0
15
30
0 2 4 6 8
-20
-10
0
10
20
0 2 4 6 8
-20
-10
0
10
20
AmeriFlux FASET
δ1
8O
(1
5m
) -
 δ
18O
(2
m
)
δ1
8O
(1
5m
) -
 δ
18O
(2
m
)
δD
(1
5m
) -
 δ
D
(2
m
)
δD
(1
5m
) -
 δ
D
(2
m
)
d-
ex
ce
ss
 (1
5m
) -
 d
-e
xc
es
s (
2m
)
d-
ex
ce
ss
 (1
5m
) -
 d
-e
xc
es
s (
2m
)
(a) (b) (c)
(d) (e) (f )
Ni
gh
t
D
ay
34/32 m Wind Speed (m/s)
 
 
231 
compositions are associated with air sourcing from the north and west (Figure 5.12d), and the 
most enriched isotopic compositions are associated with air sourcing predominantly from the 
south (Figure 5.12f). Intermediate compositions are associated with air sourcing from the west, 
south, and east (Figure 5.12e). These associations demonstrate that canopy isotopic compositions 
are controlled at UMBS by atmospheric advection and mixing to first-order on timescales greater 
than a day. 
 
Figure 5.12. Back-trajectory frequency composites for summer (a-c) and early fall (d-f): (a,d) the most depleted 
isotopic values (δ18O < -22.0‰), (b,e) intermediate values (-22.0‰ < δ18O < -18.0‰), and (c,f) the most enriched 
isotopic values (δ18O > -18.0‰). 
5.5 Discussion 
5.5.1 Timescale dependence of processes controlling near-surface water vapor isotopic 
composition 
Patterns in air sourcing to UMBS appear to represent the dominant control over canopy isotopic 
composition on longer timescales (e.g., > 1 day). Over multiple days, isotopic compositions drift 
between -12 and -25‰ δ18O during both seasons. Back-trajectory modeling suggests that the 
large-scale circulation is the dominant control on these long-term fluctuations in near-surface 
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vapor isotopic compositions. In both seasons, isotopic compositions are more depleted when 
vapor is advected to UMBS from the north and less depleted when vapor is advected from the 
south (Figure 5.12). Northerly-sourced air is also drier than air sourced from the south. More 
depleted isotopic compositions from the drier air from the north would be expected due to 
greater upwind condensation and colder temperatures experienced along the trajectory. In 
contrast, air sourced from the south is moister and less depleted in heavy isotopes, which is 
consistent with an airmass that has not experienced cold temperatures and strong condensation 
following its initial evaporation from the ocean. High correlations between local isotopic 
composition and specific humidity (Tables 5.2, 5.4) underscore this relationship. Periods with 
intermediate isotopic compositions to the northerly-southerly relationship discussed above are 
typically associated with strong westerly flow or a mixture between sources (Figure 5.11). 
These relationships appear more distinct in the summer period than during the early fall. 
The advection patterns in Figure 5.11a-c are more distinct than those in Figure 5.11d-f. For 
example, the most depleted values during early fall show some component of northerly, 
southerly, and westerly advection. During the early fall, lower local temperatures become more 
important to determining the local specific humidity and therefore leave a larger fingerprint in 
local isotopic compositions during the summer. This argument is supported by the substantially 
higher correlation between isotopic composition and temperature observed during the early fall 
period relative to the summer period. Furthermore, relative humidity rarely reaches 100% during 
the summer, but routinely reaches saturation during the early fall. 
 On time scales shorter than a day, isotopic change is likely driven by local surface and 
boundary layer processes, such as evapotranspiration and the entrainment of free tropospheric air 
into the boundary layer. Several features of the diurnal cycle are consistent between the two 
sites; potential causes for the differences between sites are discussed in the next section. First, 
both seasons and sites have their daily maximum ∆d-excess values during the day and at their 
minimum at night (Figures 5.6,5.8 c,f). This trend in ∆d-excess is driven primarily by ∆D 
increasing more rapidly than 8∆18O (recall that d-excess = δD−8δ18O) in the morning, and by 
8∆18O changing more rapidly than ∆D in the afternoon and evening. While plants do not 
fractionate water during uptake into the roots [Ehleringer and Dawson, 1992], transpired water 
compositions can vary from source water on diurnal and shorter timescales [Flanagan et al., 
1991; Cernusak et al., 2002; Simonin et al., 2013]. Leaf water undergoes a diurnal cycle of 
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enrichment and decay back to the source water value that is proportional to transpiration rate, 
stomatal conductance, and changes in isotopic fractionation factors associated with diurnal 
cycles in temperature and relative humidity [Cernusak et al., 2002; Farquhar and Cernusak, 
2005; Simonin et al., 2013]. Morning increases in ∆d-excess are consistent with an increasing 
kinetic fractionation factor associated with decreases in relative humidity and increases in 
temperature and progressive enrichment of leaf waters. Likewise, evening decreases in ∆d-
excess are consistent with decreasing kinetic fractionation factor driven by decreases in 
temperature and increases in relative humidity and the loss of leaf-water enrichment. 
 Both sites also show daytime trends that are consistent with entrainment of free 
tropospheric air during the day. Boundary layer development mixes near surface air with free 
tropospheric air aloft. Free tropospheric air tends to be drier and more isotopically depleted 
resulting from condensation associated with prior adiabatic ascent [Rozanski and Sonntag, 1982; 
Gedzelman, 1988; Ehhalt et al., 2005]. Atmospheric entrainment is consistent with summer 
daytime patterns of isotopic change at AmeriFlux from 9 am until dusk (Figure 5.6a-c), and at 
FASET from ~9 am until noon (Figure 5.6d-f). During the fall period, entrainment appears to be 
less visible as ∆18O changes little throughout the day and ∆D increases throughout the day. This 
pattern is consistent with lower boundary layer heights and less entrainment, likely due to less 
solar insolation in the fall relative to the summer [e.g., Medeiros et al., 2005; Seidel et al., 2012]. 
 Finally, nocturnal patterns in isotopic compositions show signs of seasonal differences 
between water cycling. At AmeriFlux, summer ∆18O and ∆D increase while ∆d-excess decreases 
throughout the night, which is consistent with the progressive loss of leaf water enrichment. If 
stomata remain partially open overnight [e.g., Caird et al., 2006; Dawson et al., 2007], leaf water 
and atmospheric water can exchange and approach equilibrium without any net fluxes between 
leaves and the atmosphere. Non-steady state transpiration from leaves during the day results in 
enriched δ18O and δD compositions and decreased and perhaps negative d-excess values. 
Therefore, decreases in vapor ∆d-excess and increases in ∆18O and ∆D may represent the 
exchange of foliar and atmospheric water [e.g., Berkelhammer et al., 2013]. A similar pattern is 
observed at 2 and 34 m during the summer at FASET, but not at heights in between (Figure 5.6d-
f).  
 In contrast, early fall nocturnal water isotopic compositions more likely reflect dewfall 
than loss of leaf water enrichment. Overnight, ∆18O and ∆D decrease at both sites with little 
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change in ∆d-excess (Figure 5.8). These trends in isotopic composition are consistent with 
condensation during dewfall [Wen et al., 2012; Berkelhammer et al., 2013], and match seasonal 
changes in meteorology as most early fall nights approach 100% relative humidity. Loss of leaf 
water enrichment may be occurring in the early evening during late fall (Figure 5.8), but appears 
to either reach equilibrium by midnight, or the signal becomes dominated by dewfall instead of 
leaf-atmosphere water exchange. 
5.5.2 Influence of disturbance on water cycling 
Diurnal cycling of water isotopes differed between the two sites despite nearly identical 
atmospheric meteorology (Figures 5.6-5.9). Therefore, it is more likely that the differences in 
diurnal water cycling observed through stable water isotopes are driven either by differences in 
canopy structure or species abundance between the two sites. The prescribed disturbance altered 
several different metrics of canopy structure and induced changes in soil moisture between the 
two sites. As the early successional species began to senesce following the treatment, the 
openness of the canopy, light penetration into the canopy, and light use efficiency increased, 
while the average leaf height and total canopy height decreased [Gough et al., 2013; Hardiman 
et al., 2013b]. Soil water storage at FASET has also increased since the girdling treatment [He et 
al., 2013]. The increase in soil moisture has been interpreted to reflect that decreases in 
precipitation interception by the canopy and canopy transpiration influence the soil water balance 
more than increased transpiration of emergent understory vegetation and increased surface 
evaporation [He et al., 2013]. Leaf area decreased temporarily by almost 50% at FASET during 
2010 following the girdling treatment, but quickly rebounded to pre-disturbance levels the 
following year [Gough et al., 2013]. The rapid changes in LAI impacted the surface roughness of 
the FASET canopy, but surface roughness parameters returned to pre-disturbance values as LAI 
rebounded [Maurer et al., 2013]. 
The FASET treatment also fundamentally altered transpiration rates between the two 
sites by altering the species compositions between the two sites. Prior estimates of 
evapotranspiration partitioning at UMBS using sap flux measurements indicates that across the 
growing season, transpiration dominates (>60% at FASET, >75% at AmeriFlux) the local ET 
flux [Matheny et al., 2014]. At the AmeriFlux, around 50% of the transpiration flux is accounted 
for solely by aspen, which are absent at the FASET site [Matheny et al., 2014]. The fraction of 
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total transpiration accounted for by oak and pine is higher at FASET than at AmeriFlux, and 
therefore, the contrast in water isotope cycling between the two sites may reflect the differences 
in species composition. Tree species exhibit a wide range of stomatal behaviors, xylem 
architecture, and rooting structures to optimize water loss during transpiration to carbon uptake 
during photosynthesis. For example, red maple and red oak exhibit dramatically different 
responses to water stress. Red maple close stomata more readily in response to water stress while 
red oaks continue transpiring even at high VPD and low surface soil water contents [Thomsen et 
al., 2013]. In addition, sap flux data suggest that the FASET disturbance causes the hysteretic 
behavior of individual species to change and altering the timing of maximum transpiration 
relative to maximum VPD [Matheny et al., 2014]. Finally, different species can use water pools 
at different depths in the soil [e.g., Meißner et al., 2012]. If these source waters have distinct 
isotopic compositions, the isotopic compositions of transpired vapor will also be distinct. 
5.5.3 Implications for land surface models 
Parameterizations of vegetation transpiration and photosynthesis in Earth system models 
(ESMs) or land surface models (LSMs) often depend on LAI and vapor pressure deficit or 
relative humidity [Collatz et al., 1991; Leuning, 1995; Randerson et al., 2009; Oleson et al., 
2013]. Model LAI values are tied to the assigned or predicted plant functional type (PFTs, 
[Bonan et al., 2002]); ESMs and LSMs typically include less than ~20 possible PFTs. Based on 
their similar environmental conditions, the two sites at UMBS would be assigned a similar PFT 
and have identical meteorological conditions. Furthermore, despite a transient reduction in LAI 
immediately after the disturbance, LAI had recovered to pre-disturbance values by 2011 [Gough 
et al., 2013; Hardiman et al., 2013b]. Therefore, these two canopies would be expected to 
perform identically in most ESM land surface models. In contrast, our results suggest these 
parameterizations inadequately represent transpiration. Prior estimates of the total stand level 
transpiration amount based on sap flux also suggests distinct transpiration fluxes from these two 
forest stands [Matheny et al., 2014]. Apart from net transpiration differences between the sites, 
changes in the species composition can influence isotopic fractionation through changes in water 
use and stomatal conductance. In turn, canopy structure modulates the boundary conditions by 
altering micrometeorology such as soil water heterogeneity and light penetration. As a result, 
future model parameterizations will need to account for changes in canopy structure and species 
 
 
236 
composition throughout forest succession. These factors will increase in importance for forests in 
the eastern US as they mature following intensive logging in the early twentieth century. Our 
data suggest that stable water isotopes can be an important tracer to understanding water 
movement in different water canopies and can provide measurements to help validate improved 
models. 
5.6 Conclusions 
We compared vertical profiles of water vapor stable isotopes and meteorological 
variables at two different forest canopies in northern lower Michigan. Forest succession was 
accelerated in one of the plots by inducing mortality in all of the early successional species 
(aspen and birch) in 2008. Measurements were carried out in 2015 for a mid summer period 
(July 8-August 13) and an early fall period (September 5-29). We find that vapor advection 
provides a dominant control of isotopic composition on multiday timescales, with no apparent 
difference between seasons. Links between synoptic-scale moisture transport and local isotopic 
compositions are stronger during the summer measurement period, as early fall isotopic 
compositions were more influenced by local temperature and dewfall. On diurnal timescales, 
each site showed clear but distinct patterns in isotopic change that were seasonally dependent. 
Differences between sites are likely caused by different species compositions and canopy 
structure between the two sites. These results suggest that forest structure and species 
composition can substantially impact the vertical distribution of water isotopes in a canopy and 
their mixing with the atmosphere. As large areas of eastern US forests are about to undergo the 
successional changes and transition from forests similar to AmeriFlux toward forests more like 
FASET, ESM land surface models will need to account for changes in water and carbon fluxes 
associated with changing canopy structure and species compositions. Profiles of water vapor 
stable isotopes provide an important parameter with which to evaluate improved model 
parameterizations.  
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Chapter 6. Conclusions 
 
This dissertation includes four separate studies that improve our understanding of the 
distribution of water isotopes in the environment and raises new questions for how proxy 
material isotopic compositions should be interpreted. This chapter summarizes the original 
contributions of this dissertation, presents the major results and conclusions of each study, places 
them within the context of our understanding of the hydrological cycle, and proposes future 
research questions arising from this work. 
6.1 Results and Conclusions Summary 
Chapter 2: This chapter augments our knowledge of the isotopic composition of 
precipitation in the high central Andes, and relates these compositions to meso-to-continental 
scale climate variability on monthly timescales using micrometeorological measurements, 
reanalysis data, and back-trajectory calculations. Precipitation isotopes were measured across a 
4.5-year period from 11 micrometeorological stations. On long-timescales (seasonal to 
interannual), station elevation is the single best predictor of the isotopic composition of 
precipitation, but this relationship is highly variable in space and time. Several additional caveats 
apply to understanding the isotope-elevation relationship in the central Andes, and these need to 
be considered when using this relationship to infer elevation. First, the isotope-elevation 
relationship is not monotonic across a transect from the lowlands in the eastern flank to the 
Altiplano. All six stations on the Altiplano exhibit isotopic compositions that are more depleted 
in heavy isotopes than would be anticipated based solely on their elevation, which is likely a 
result of continued rainout from air parcels over the plateau after crossing the Eastern Cordillera. 
Second, the interannual changes in isotopic composition are closely related to continental-scale 
climate variability. Rainfall amounts in remote moisture source regions have the largest 
influence, though the amount of vapor advected from different source regions is controlled by 
continental-scale circulation, most notably the position of the Bolivian High. Finally, variability 
at high-frequencies and small spatial scales remains poorly understood. Within an individual 
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month, variability exceeding 10‰ in δ18O occurred in stations less than 100 km apart and at the 
same elevation; this variability is at least as large as the isotopic change anticipated from rainout 
along a transect from the lowlands to the plateau. Mesoscale moisture transport processes cannot 
account for these differences between these closely located stations, indicating that local scale 
controls (e.g., individual convective storms or ridge-valley scale forcing) still exert a large 
influence on local isotopic compositions. As a whole, these results suggest that the limited data 
that were available prior to this study were inadequate to characterize the isotope-elevation 
relationship across the region, and that proxy based studies need to incorporate an understanding 
of paleocirculation dynamics and use more conservative estimates of the uncertainty on the 
isotope-elevation relationship to account for the high degree of natural variability. 
Chapter 3: This chapter explores the links between modern precipitation and surface 
water isotopes in the central Andes surface and their implications for the interpretation of proxy 
material compositions. Stream water samples (n=249) were also collected during the same years 
as the precipitation samples (chapter 2) to assess under what conditions the precipitation and 
surface water isotopes mirrored each other. Proxy materials form from water at the surface and 
not precipitation directly. Stream waters reflected the same relationship with elevation as 
precipitation along the eastern flank of the central Andes, but differed from precipitation on the 
plateau. Isotopic compositions of surface waters on the plateau exhibit higher heavy isotope 
compositions than anticipated for their elevation, consistent with evaporation, while no evidence 
for evaporation was observed in precipitation samples. This relationship suggests that proxy 
materials forming in equilibrium with these surface waters would record isotopic compositions 
consistent with their elevation along the flank, but would imply elevations that are too low on the 
plateau. Paleoclimate model simulations of the response of South American hydroclimate to 
Andean uplift indicate that conditions in the central Andes likely would have been even more 
evaporative when the mountains were lower. The development of the South American Low-
Level Jet when the mountains exceed 50% of their modern elevations diverts moisture from the 
Amazon Basin toward the central Andes [Insel et al., 2009]. The stream water isotopic 
compositions combined with paleoclimate model simulations suggest that the uplift magnitude 
previously inferred from the proxy record is likely overestimated. Further, when elevations are 
estimated using the most negative isotopic composition in the proxy record, which are least 
likely to have experienced evaporative bias, the inferred elevation histories do not have to 
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diverge substantially from compilations of crustal deformation. This raises the possibility that the 
apparent spatial variability in uplift magnitude and timing across the central Andes may instead 
reflect spatially variable changes in hydroclimate attendant to a gradual, more spatially uniform 
uplift. 
Chapter 4: This chapter explores controls on the isotopic composition of near-surface 
water vapor in a deep mountain valley in northwestern Wyoming, and seeks to examine sources 
of local isotopic variability at the valley-ridge scale identified in Chapter 2. The isotopic 
composition of near-surface vapor was measured during summer 2012 and 2014 and winter 
2013. Near-surface vapor isotopic composition exhibits variability on sub-diurnal to seasonal 
timescales. When compared to characteristic air source pathways determined from back-
trajectory analysis, local isotopic compositions show a strong relationship to air sourcing 
pathways in the winter but not in the summer. In contrast, during the summer, strong diurnal 
cycles in isotopic composition of near-surface vapor. In summer 2014, sap flux measurements 
were incorporated to distinguish between transpiration and atmospheric mixing. Using sap flux 
measurements, the mass and isotopic compositions of mixing and transpiration fluxes are 
estimated using a mass balance box model. The prominent diurnal cycles observed during the 
summer are consistent with non-steady state transpiration and atmospheric mixing. During the 
morning, rapid decreases in relative humidity promote leaf water enrichment and increases in the 
d-excess of transpired water vapor. This trend reverses after dusk, where the leaf waters lose 
their daytime enrichment and drive atmospheric d-excess to lower values. The strong diurnal 
cycle observed in atmospheric d-excess indicates it is an unreliable tracer of oceanic moisture 
source. These local fluxes observed during the summer overprint the signal of regional-scale 
moisture transport, and dampen the isotopic response to changes in air sourcing. This study 
establishes the use of vapor isotope measurements to investigate changes in moisture advection 
to the local evapotranspiration flux, and to faithfully record changes in the magnitude of these 
fluxes across seasons. 
Chapter 5: This chapter investigates variability in water vapor cycling due to changes in 
canopy structure and species composition in forest canopies with identical meteorological 
forcing. Water vapor isotopes were measured in two forest canopies during summer 2015: the 
first has been undisturbed since logging in the early twentieth century and served as the control, 
and the other represented an intermediate canopy disturbance brought about by girdling of the 
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early successional species. The two forest canopies studied are approximately 2 km apart. At 
both locations, long-term isotopic compositions of canopy vapor are strongly related to patterns 
in air sourcing to northern Michigan. In contrast, diurnal-scale patterns in water vapor cycling 
were distinct between the two sites reflecting differences in canopy structure and species 
composition. Isotopic change at the control site is generally uniform throughout the measured 
profile (2-34 m). In contrast, at the disturbed site, measurements at 2 and 32 m are similar to the 
control site, but diverge from the control site between 10-20 m. These changes are consistent 
with a more open canopy at the disturbed site, increased light penetration into the canopy, and a 
greater fraction of forest transpiration occurring between 10-20 m relative to the control site. 
Many land surface models would treat these forest stands as identical, and therefore, these 
differences would be invisible to the model. This work suggests that vertical profiles of the 
isotopic composition of water vapor in forest canopies can be used as a parameter to help 
improve and tune parameterizations in land surface models to improve representation of water 
and carbon exchanges between the land surface and the atmosphere. 
6.2 Overall Conclusions 
The potential of stable water isotopes to more closely examine modern hydrological 
cycling, as well as to infer past environmental conditions, has long been recognized. For much of 
the past 60 years, Rayleigh distillation has been the dominant model applied to understanding the 
spatial distribution of stable water isotopes in precipitation and the signals preserved in proxy 
materials. Recent advances in measurement technology, such as the laser-based cavity ring-down 
spectrometry used throughout this dissertation, have revealed a much more dynamic and nuanced 
picture of hydrological cycling than can be explained through a simple Rayleigh distillation 
model. Though these techniques have elucidated the shortcomings of the Rayleigh distillation 
model, they have strongly affirmed the utility of stable isotopes to investigate the movement of 
water through the environment. 
This dissertation represents a significant advancement in our understanding of water 
cycling in high elevation regions and in forest canopies. The first half of the dissertation broadly 
addressed uncertainties in our understanding of modern water transport processes in the high 
central Andes, with an emphasis on understanding the implications for reconstructing past 
environments. Contributions from this dissertation have improved our understanding of central 
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Andes hydroclimate in a number of key ways, including: (1) collecting and presenting the 
longest and most spatially-extensive record of precipitation isotopes in a high-elevation plateau 
region to date, including the first observations spanning the Bolivian Altiplano, (2) linking 
interannual isotopic variability to salient features of the South American circulation and climate 
dynamics, (3) demonstrating that surface water isotope compositions mirror precipitation along 
the eastern Andean flank, but that compositions on the plateau are systematically biased as a 
result of evaporation, (4) paleoclimate model simulations investigative hydroclimate response to 
Andean uplift indicate evaporation was more severe when the Andes were at lower elevations, 
and (5) recasting proxy material isotopic compositions into a framework accounting for 
evaporation ameliorates the apparent mismatch between inferred Andes paleoelevations from 
proxy compositions and the cumulative crustal deformation and shortening records, and (6) 
north-to-south variability in uplift rates and magnitudes inferred from proxy material isotopic 
compositions are also consistent with an interpretation of spatially variable hydroclimate change 
amidst a more gradual and uniform uplift. Furthermore, these conclusions highlight the need for 
a more detailed understanding of the isotopic signals that are preserved in central Andes proxy 
materials, including: (1) under what conditions they form, (2) if there is a seasonality to proxy 
formation, and (3) if there is a seasonality to proxy formation, whether this seasonality has been 
constant through geologic time. 
In the second half of my dissertation, I focused more on understanding the water 
transport in the atmosphere and the exchange of water between the land surface and the 
atmosphere using water vapor isotopes. Contributions from these chapters highlight the utility of 
water vapor isotopes to understanding water vapor cycling across a wide variety of applications; 
key contributions include: (1) noting that boundary layer isotopic compositions are extremely 
dynamic and show variability from sub-hourly to seasonal timescales, (2) developing methods to 
examine drivers of isotopic change across this range of timescales, (3) characterizing the 
importance of large-scale moisture transport with respect to local fluxes (e.g., evapotranspiration 
and atmospheric vertical mixing) in time and space, (4) characterizing the change in the balance 
of local versus remote processes  between sites and at longer timescales (e.g., seasonal changes 
in the diurnal cycle), (5) demonstrating that paired measurements of isotopic composition and 
humidity provide process-level insights that are not available from either measurement alone, (6) 
demonstrating that substantial changes in water vapor cycling on small spatial scales can occur in 
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forest canopies as a result of canopy structure or species composition changes, and (7) 
highlighting the potential for near-surface water vapor isotopes as an important tracer to evaluate 
climate model simulations of water transport and land-atmosphere water exchanges. While the 
analysis in these studies is tailored to specific field sites, the methods used can be generalized to 
investigate drivers of boundary layer vapor isotopic change across a range of timescales. Further 
development of these techniques and conceptual frameworks will enable detailed study of water 
transport between the land surface, vegetation, and the atmosphere, and will be a sensitive tracer 
for detecting local-to-regional scale changes in hydrologic cycling and balance as a result of 
climate variability and change. 
6.3 Future Work 
The work in this dissertation has motivated several new research questions, some of which are in 
the process of being investigated and others that will be left to the future or other researchers. I 
pose several potential follow-up questions below: 
(1) How has aridity changed throughout the uplift of the central Andes? The 
paleoclimate model simulations used in this dissertation suggest that the central Andean region 
became less arid as the mountains grew due to the development of the South American Low-
Level Jet. This result is perhaps counterintuitive, as it might be expected to become more arid as 
elevations increase and a rain shadow develops. Large patches of evaporite deposits throughout 
the central Andes begin to occur in the late Miocene [e.g., Alonso et al., 1991], but it remains 
unclear whether these reflect Altiplano basin closure or increased aridity. Quantitative estimates 
of hydroclimate change in the region could help provide insight into these uncertainties. A few 
possible proxies to constrain these trends include paleosol weathering indices [e.g., Sheldon et 
al., 2002], serial sampling of isotopic compositions, bulk measurements of 17O-excess from 
pedogenic carbonate nodules [e.g., Passey et al., 2014], or hematite/goethite ratios [e.g., Hyland 
et al., 2015].  
(2) What processes contribute to the high isotopic variability observed on the 
Altiplano at high-frequencies (e.g., more frequently than monthly) and small spatial scales? 
Variability in precipitation isotope ratios exceeding 10‰ in δ18O were observed in monthly 
precipitation for stations at the same elevation and month. While variability at longer time-scales 
was successfully related to changes in elevation or continental-scale circulation, a robust 
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explanation for variability at smaller scales (monthly or less) remained elusive with the 
resolution of the data available. I speculated at the end of chapter 2 that this variability is most 
likely related to individual convective storm dynamics or local variability in topographic forcing 
of atmospheric flows.  These mechanisms could be tested observationally and using climate 
models, or ideally, both. Observational constraints could include a dense network of precipitation 
collectors to glean a better understanding of the length scales of variability or in-situ 
observations of the isotopic composition of water vapor compositions across the plateau to 
examine if vapor changes are spatially consistent. High-resolution model simulations of the 
region will also demonstrate how water arrives onto the high-elevation plateau. The reanalysis 
data used in chapter 2 is still limited to 75 km resolution, which results in unrealistic rendering of 
topography. As a result, the pathways by which moisture is brought onto the Altiplano are likely 
to be more complex and spatially variable than indicated through back trajectory analysis using a 
lower resolution wind field. 
(3) Do changes in species composition or canopy structure have a larger influence on 
canopy water cycling? To what extent can these factors be separated? (in progress with 
Ashley Matheny, Gil Borer, Andres Camilo Rey Sanchez, Chris Gough, Chris Vogel, Alex Fotis, 
Phoebe Aron, and Chris Poulsen). Current work is underway on data collected last season and to 
determine which data should be collected this upcoming field season. From data collected last 
season, I am working to incorporate sap flux measurements to help understand species-specific 
changes between the canopies, and incorporating eddy covariance measurements of canopy-top 
fluxes and LIDAR measurements of canopy vertical structure to examine physical structure 
differences between the two canopies. This summer, we will use cavity ring-down spectrometers 
to simultaneously measure transpired vapor directly along with ambient atmospheric water vapor 
to understand any species-specific differences between transpired vapor compositions. 
(4) Are controls on whether local or remote processes influence local vapor isotopic 
composition generalizable?  Can isotopic monitoring of near surface vapor be used to 
understand changes in regional-scale moisture transport and balance? What are 
community best-practices for collecting, analyzing, and archiving water vapor 
measurements? (to be undertaken during postdoctoral work at the University of Utah in 
collaboration with Gabe Bowen, David Noone, and Dave Williams). The proliferation of cavity 
ring-down spectrometers has enabled measurements of atmospheric water vapor on previously 
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unprecedented spatial and temporal scales. Despite the increased understanding of water vapor 
transport pathways gained from these measurements, it has remained difficult to generalize 
observations beyond the location in which they were collected. Even within this dissertation, 
observations of summer water vapor isotopes in Michigan retained a signal of their large-scale 
transport, but this signal was largely lost in Wyoming and overprinted by local fluxes. As more 
records become available, patterns in local versus regional contributions to observations at 
individual locations will begin to enter focus. To address this question and increase the utility of 
water vapor isotope measurements at scales beyond individual research stations, there is a 
growing need to develop methods for comparing records at different locations and to make them 
accessible to other researchers. To this end, I hope to develop a repository for vapor isotope 
records that includes metadata about how the data were collected and standardized, and 
anticipate this repository to be of wide-interest to ecologists, geologists, atmospheric scientists, 
and climate model developers. 
 Thanks for reading! - Rich 
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